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3.1 Introduction to seismic sources and source paramete
(P. Bormann)

3.1.1 Types and peculiarities of seismic sourceqresses

Fig. 3.1 depicts the main kinds of sources whichegateseismic wavegsee Chapter 2).
Seismic waves are oscillations due to elastic defbions which propagate through the Earth
and can be recorded Isgismographic sensofsee Chapter 5)'he energy associated with
these sources can have a tremendous range angdcdhusave a wide range iofensities(see
Chapter 12) andhagnitudegsee 3.2 below)
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Fig. 3.1 Schematic classification of various kinds of egamhich generate seismic waves.



3. Seismic Sources and Source Parameters

3.1.1.1 Tectonic earthquakes

Tectonic earthquakes are caused when the brittteopthe Earth’s crust is subjected to stress
that exceeds its breaking strength. Sudden ruptilk@ccur, mostly along pre-existing faults
or sometimes along newly formed faults. Rocks arthesade of the rupture "snap” into a new
position. For very large earthquakes, the lengtthefruptured zone may be as much as 1000
km and the slip along the fault can reach seveedérs.

Laboratory experiments show that homogeneous cioiasetl rocks under pressure and
temperature conditions at the Earth's surface fratiture at a volume strain on the order of
102 - 10° (i.e., about 0.1 % to 1% volume change) dependipon their porosity. Rock
strength is generally smaller under tension or istten under compression. Shear strains on
the order of about IDor less may cause fracturing of solid brittle roBlock strength is
further reduced if the rock is pre-fractured, whishisually the case in the crust. The strength
of pre-fractured rock is much less than that of rakbn competent rock and is mainly
controlled by the frictional resistance to motiohtbe two sides of the fault. Frictional
resistance, which depends on the orientation ofahlts with respect to the stress field and
other conditions (see Scholz, 1990), can vary avetide range. Accordingly, deformations
on the order of only I®to 10°, which correspond to bending of a lithospherideplay about
0.1 mm to 1 cm over a distance of 1 km, may cabearsfaulting along pre-existing zones of
weakness. But the shear strength depends alscearothposition and fabric (anisotropy) of
rock, its temperature, the confining pressure,rétte of deformation, etc. as well as the total
cumulative strain. More details on the physics aftlequake faulting and related geological
and seismotectonic conditions in the real Earthlmafound in Scholz (1990) and in section
3.1.3 onSource representatioddditional recommended overview articles on theotbgy of
the stratified lithosphere and its relation to tausomposition, age and heat flow were
published by Meissner and Wever (1988), Ranalli &uphy (1987) and Wever et al.
(1987). They also explain the influence of thesepeters on the thickness and maximum
depth of the seismogenic zone in the crust, he.zone within which brittle fracturing of the
rocks is possible when the strains exceed the mgakrength or elastic limit of the rock (see
Fig. 2.1).

The break-up of the lithosphere into plates dudefmrmation and stress loading is the main
cause of tectonic earthquakes. The plates arendnweshed and pulled by the slow motion of
convection currents in the more plastic hot matexfathe mantle beneath the lithosphere.
These relative motions are in the order of sevemalper year. Fig. 3.2 shows the global
pattern of earthquake belts and the major tectolaites. There are also numerous small plates
called sub- or micro-plates. Shallow earthquakethinvthe upper part of the crust, take place
mainly at plate boundaries but may also occur msidates (interplate and intraplate
earthquakes, respectively). Intermediate (dowrbtmua300 km) and deep earthquakes (down
to a maximum of 700 km depth) occur under oceanctres and related subduction zones
where the lithosphere plates are thrusted or pull@an into the upper mantle. The major
trenches are found around the Circum-Pacific eagakg and volcanic belt (see Fig. 3.2).
However, intermediate and deep earthquakes mayr oalso in some other marine or
continental collision zones (e.g., the Tyrrheniamd éAegean Sea or the Carpathians and
Hindu Kush, respectively).

Most earthquakes occur along the main plate boigslaFhese boundaries constitute either
zones of extension (e.g., in the up-welling zorfeh® mid-oceanic ridges or intra-plate rifts),
transcurrent shear zones (e.g., the San Andrelsrfabe west coast of North America or the
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North Anatolian fault in Turkey), or zones of platglision (e.g., the Himalayan thrust front)
or subduction (mostly along deep sea trenches)oaagly, tectonic earthquakes may be
associated with many different faulting types k&tvslip, normal, reverse, thrust faulting or
mixed; see Figs. 3.32 and 3.33 in 3.4.2).

The largest strain rates are observed near ackite poundaries (about $Go 3x10"° per
year). Strain rates are significantly less in atplate interiors (about@0™° to 3x10™ per
year) or within stable continental platforms (abd@x10** to 10'? per year) (personal
communication by Giardini, 1994). Consequently, thiécal cumulative strain for the pre-
fractured/faulted seismogenic zone of lithosphesgich is on the order of about @0 107,

is reached roughly after some 100, 1000 to 10,0000¢000 to 100,000 years of loading,
respectively. This agrees well with estimates efrtean return period of the largest possible
events (seismic cycles) in different plate enviremts (Muir-Wood ,1993; Scholz, 1990).
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Fig. 3.2 Global distribution of earthquake epicenters adicg to the data catalog of the
United States National Earthquake Information Qe(NEIC), January 1977 to July 1997,
and the related major lithosphere plates.

Although there are hundreds of thousands of weetionec earthquakes globally every year,
most of them can only be recorded by sensitive hyearstruments. But in the long-term
global statistical average about 100,000 earthcuade strong enough (M= 3) to be
potentially perceptible by humans in the near-sean®a. A few thousand are strong enough
(M = 5) to cause slight damage and some 100 with magmiM > 6 can cause heavy
damage, if there are nearby settlements and builireas; while about 1 to 3 events every
year (with M= 8) may result in wide-spread devastation and tsaBuring the 20 century
the 1995 Great Hanshin/Kobe earthquake causeddagegt economic loss (about 100 billion
US$), the 1976 Tangshan earthquake inflicted thetrerible human loss (about 243,000
people killed) while the Chile earthquake of 19@&leased the largest amount sdismic
energyEs (see 3.1.2.2 below) of aboufl5'® to 10 Joule. The latter corresponds to about 25
to 100 years of the long-term annual average diallseismic energy release which is about
1-2x 10" J (Lay and Wallace, 1995) and to about half a yéahe total kinetic energy
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contained in the global lithosphere plate motiohe Tiotal seismic momenfsee 3.1.2.3.
below) of the Chile earthquake was abowt@*Nm. It ruptured about 800 - 1000 km of the
subduction zone interface at the Peru-Chile tranci width of about 200 km (Boore 1977,
Scholz 1990). In summary: about 85 % of the totatlevwide seismic momenelease by
earthquakes occurs in subduction zones and more%b&6 by shallow earthquakes along
plate boundaries. The other 5 % are distributedvéet intraplate events and deep and
intermediate focus earthquakes. The single 196 @arthquake accounts for about 25 % of
the total seismic moment release between 1904 886 1

It should be noted that most of the total enerdgase, E, is required to power the growth of
the earthquake fracture and the production of li@alty a small fraction of £= Es + E (with

E; - friction energy) goes into producing seismic esvThe seismic efficiency, i.e., the ratio
of EJEr, is perhaps only about 0.01 to 0.1. It deperwth bn thestress dropduring the
rupture as well as on the total stress in the sotegion (Spence, 1977; Scholz, 1990).

3.1.1.2 Volcanic earthquakes

Although the total energy released by the strongessorically known volcanic eruptions was
even larger than {Eof the Chile earthquake, the seismic efficiencyolcanic eruptions is
generally much smaller, due to their long duratibievertheless, in some cases, volcanic
earthquakes may locally reach the shaking strergjthdestructive earthquakes (e.g.,
magnitudef about 6; see 3.1.2.2). Most of the seismic tamihs produced in conjunction
with sub-surface magma flows are of the tremor type, long-lasting and more or less
monochromatic oscillations which come from a twothoee-phase (liquid- and/or gas-solid)
source process which is not narrowly localizedpace and time. They can not be analyzed in
the traditional way of seismic recordings from ¢t earthquakes or explosions nor with
traditional source parameters (see Chapter 13)caviad earthquakes contribute only an
insignificant amount to the global seismic momet¢ase (see Scholz 1990).

3.1.1.3 Explosions, implosions and other seisnegents

Explosions are mostly anthropogenic, i.e., “man-@iacnd controlled, i.e., with known
location and source time. However, strong natuxglasions in conjunction with volcanic
eruptions or meteorite impacts, such as the Turagusé&teorite of 30 June 1908 in Siberia,
may also occur. Explosions used in explorationnselsgy for the investigation of the crust
have vyields, Y, of a few kg to tons of TNT (Trimtoluol). This is sufficient to produce
seismic waves which can be recorded from several ttmhundreds of km distance.
Underground nuclear explosions of kt up to Mt oligglent TNT may be seismically
recorded even world-wide (1 kt TNT = 4.2 x'10). Nevertheless, even the strongest of all
underground nuclear tests with an equivalent yiéldbout 5 Mt TNT produced body-waves
of only magnitude mlx 7. This corresponds to roughly 0.1% of the seisemergy released
by the Chile earthquake of 1960. After 1974, undwmrgd tests with only ¥ 150 kt were
carried out. Only well contained underground chetnior nuclear explosions have a
sufficiently good seismic coupling factere = 102 to 10°, i.e., only 1 % to 0.1 % of the total
released explosion energy is transformed into sSeisenergy). The coupling factor of
explosions on the surface or in the atmosphereauishniess € = 10° to 10° depending on the
altitude).
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Fig. 3.3 depicts schematically an idealized sulfaserexplosion and tectonic earthquake (of
pure strike-slip type) in a homogeneous medium.

Explosion Earthquake (strike-slip)

SH-& Love-waves P-& Rayleigh-waves

+ mmm Compression
— mmm Dilatation

Fig. 3.3 Schematic sketches of an idealized undergrourmmdosion and of a strike-slip
earthquake along a vertically dipping fault. Thelfanotion is "left-lateral”, i.e., counter-
clockwise. The arrows show the directions of coragianal (outward, polarity +, red shaded)
and dilatational (inward, polarity -, green shadeafions. The patterns shown on the surface,
termed amplitude or polarity patterns indicate daemuthal variation of observed amplitudes
or of the direction of first motions in seismic oeds, respectively. While point-like
explosions in an isotropic medium should show namath-dependent amplitudes and
compressional first motions only, amplitudes anthpiies vary for a tectonic earthquake.
The dotted amplitude lobes in Fig. 3.3, right sidejcate qualitatively the different azimuth
dependence of shear (S) waves as compared toudmgit (P) waves (rotated by 45°) but
their absolute values are much larger (about 5djrtiean that of P waves.

It is obvious that the explosion produces a homegasa outward directed compressional first
motion in all directions while the tectonic earthf§a produces first motions of different
amplitude and polarity in different directions. Bleecharacteristics can be used to identify the
type of source process (see 3.4) and to discrimirtween explosions and tectonic
earthquakes.

Compared to tectonic earthquakes, dueation of the source process of explosions and the
rise timeto the maximum level of displacement is much srgimilliseconds as compared to
seconds up to a few minutes) and more impulsivg. (Bi4). Accordingly, explosions of
comparable body-wave magnitude excite more highuieat oscillations (see Fig. 3.5). Rock
falls may last for several minutes and cause seismives but generally with less distinct
onsets and less separation of wave groups.

The collapse of karst caves, mining-induced rocistsuor collapses of mining galleries are
generally of animplosion type. Accordingly, their first motion patterns sitcb show
dilatations in all azimuths if a secondary tectogwent has not been triggered by the collapse.
The strongest events may reach magnitudes up wt &be 5.5 and be recorded world-wide
(e.g., Bormann et al., 199Reservoir induce@arthquakes have been frequently observed in
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conjunction with the impoundment of water or rapidter level changes behind large dams.
Since these events are triggered along pre-existagpre-stressed tectonic faults they show
the typical polarity patterns of tectonic earthgemke.g., Fig. 3.3). The strongest events
reported so far have reached magnitudes up te&5 Koyna earthquake in 1967).
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Fig. 3.4 Schematic diagrams of the different source fam&iof explosions (left) and
earthquakes (right). P - pressure in the explosaity, D - fault displacement, t - time, t
origin time of the event, t rise time of P or D to its maximum valugs,-trise time of fast
rupture, f - rise time of slow rupture; the step functiorthe right diagram would correspond
to an earthquake with infinite velocity of crackopagation y. Current rupture models
assume ¥ to be about 0.6 to 0.9 times of the velocityleéar-wave propagations.v

3.1.1.4 Microseisms

Very different seismic signals are produced bymgover oceans or large water basins (seas,
lakes, reservoirs) as well as by wind action onogwpphy, vegetation or built-up surface
cover. These seismic signals are catlédroseismsSeismic signals due to human activities
such as rotating or hammering machinery, traffc,edre cultural seismic noiseRushing
waters or gas/steam (in rivers, water falls, dgzelines, geysers) may be additional sources
of natural or anthropogengeismic noiseThey are not well localized in space nor fixedto
defined origin time Accordingly, they produce more or less permanamgoing non-
coherent interfering signals of more or less randomplitude fluctuations in a very wide
frequency range of about 16 octaves (about 50 HE taHz) which are often controlled in
their intensity by the season (natural noise) metof day (anthropogenic noise). Despite the
large range of ambient noise displacement ampléideout 6 to 10 orders of magnitude; see
Fig. 4.7) they are generally much smaller than éhosearthquakes and not felt by people.
The differences between signals from coherent seisuurces on the one hand and
microseisms/seismic noise on the other hand adéwligla in more detail in Chapter 4.

3.1.2 Parameters which characterize size and strgtin of seismic sources

3.1.2.1 Macroseismic intensity

The effect of a seismic source may be charactebydats macroseismic intensity, Intensity
describes the strength of shaking in terms of hupsoeption, damage to buildings and other
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structures, as well as changes in the surroundimgament.l depends on the distance from
the source and the soil conditions and is mos#gsified according to macroseismic scales of
12 degrees (e.g., Griunthal, 1998). From an anatydise areal distribution of felt reports and
damage one can estimate the epicentral intehgity the source area as well as the source
depth, h. There exist empirical relationships betwnig and other instrumentally determined
measures of the earthquake size such asndmgnitudeand ground acceleration. For more
details see Chapterl12.

3.1.2.2 Magnitude and seismic energy

Magnitudeis a logarithmic measure of the size of an eadkquor explosion based on
instrumental measurements. The magnitude conceptfins proposed by Richter (1935).
Magnitudes are derived from ground motion amplitudad periods or frormeignal duration
measured from instrumental recard$iere is noa priori scale limitation to magnitudes as
exist for macroseismic intensity scales. Magnitudes often misleadingly referred to in the
press as "... according to the open-ended RICHT&HRS.". In fact, the maximum size of
tectonic earthquakes is limited by nature, i.e.thyy maximum size of a brittle fracture in a
finite and heterogeneous lithospheric plate. Thgelst moment magnitude, Mwbserved so
far was that of the Chile earthquake in 196Q, @9.5; Kanamori 1977). On the other hand,
the magnitude scale is open at the lower end. Naysdhighly sensitive instrumentation
close to the sources may record events with magmiamaller than zero. According to
Richter’s original definition these magnitude vallbecome negative. With empiriaiergy-
magnitude-relationshipshe seismic energyEs radiated by the seismic source as seismic
waves can be estimated. Common relationships asethiven by Gutenberg and Richter
(1954, 1956) betweenskand the surface-wave magnitude Bhd the body-wave magnitude
mB: log Es=11.8 + 1.5 Ms and logsE= 5.8 + 2.4 mB, respectively (when 5 given in erg;

1 erg = 10 Joule). According to the first relationship, a opanof M by two units
corresponds to a change ig Ity a factor of 1000. Based on the analysis oftaligecordings,
there exist also direct procedures to estimatéeky., Purcaru and Berckhemer, 1978; Seidl
and Berckhemer, 1982; Boatwright and Choy, 1986nafaori et al., 1993; Choy and
Boatwright, 1995) and to define an "energy magmtulfle (see 3.3). Since most of the
seismic energy is concentrated in the higher fraqu@art around the corner frequency of the
spectrum, Me is a more suitable measure of thehaqaakes' potential for damage. In
contrast, the seismic moment (see below) is reltdetthe final static displacement after an
earthquake and consequently, the moment magnitdde,is more closely related to the
tectonic effects of an earthquake.

3.1.2.3 Seismic source spectrum, seismic momentasize of the source area

Another quantitative measure of the size and stheafja seismic shear source is the scalar
seismic momeril, (for its derivation see IS 3.1):

Mo=pH DA (3.1)

with u - rigidity or shear modulus of the mediunD) - average final displacement after the
rupture, A - the surface area of the rupture, i1 a measure of the irreversible inelastic
deformation in the rupture area. This inelastiaistis described in (1) by the produ@ A.
On the basis of reasonable average assumptiong pband the stress drapo (i.e., with
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Ao/ = constant) Kanamori (1977) derives the relatigmdfs = 5x10 ° Mg (in J). More
information about the deformation in the sourcdescribed by theeismic momeréensor(IS
3.1). Its determination is now standard in the ireuainalysis of strong earthquakes by means
of waveform inversion of long-period digital recsr(see 3.5).

In a homogeneous half-space, Man be determined from the spectra of seismic svave
observed at the Earth's surface by using the oelsttip:

Mo = 4rtd p v’ s U/ RE? (3.2)
with: d - hypocentral distance between the evedttae seismic statiom - average density
of the rock and ys- velocity of the P or S waves around the souRE; - a factor correcting

the observed seismic amplitudes for the influentéhe radiation pattern of the seismic
source, which is different for P and S waves (sigs.F3.3, 3.25 and 3.26), b the low-
frequency amplitude level as derived from the s&spectrum of P or S waves, corrected for
the instrument response, wave attenuation andcgudiaplification. For details see EX 3.4.
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Fig. 3.5 "Source spectra” of ground displacement (left) aelocity (right) for a seismic
shear source. “Source spectrum” means here theuatten-corrected ground displacement

u(f) or ground velocityu (f) respectively, multiplied by the factom4d p v3p,5/ Rb.. The

ordinates do not relate to the frequency-dependpettra proper but rather to the low-
frequency scalar seismic moments or moment ragsctirrespond to the depicted spectra.
The broken line (long dashes) shows the increaseownfer frequency.fwith decreasing
seismic moment of the event, the short-dasheddives the approximate “source spectrum”
for a well contained underground nuclear explogJONE) of an equivalent yield of 1 kt
TNT. Note the plateau {u&= const.) in the displacement spectrum towardsftegquencies ( f

< f)) and the high-frequency decay? for frequencies f >f
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According to Aki (1967) a simple seismic shear seuwrith linear rupture propagation shows
in the far-field smooth displacement and velocipeara. When corrected for the effects of
geometrical spreading and attenuation we get "sospectra” similar to the generalized ones
shown in Fig. 3.5. There the low-frequency valuasehbeen scaled to the scalar seismic
moment M (left) and moment rate dytit (right), respectively. The given magnitude \esu
Ms correspond to a non-linear Ms-log, Melationship which is based on work published by
Berckhemer (1962) and Purcaru and Berckhemer (19&8¢ that the 1960 Chile earthquake
had a seismic moment gwbf about 8L0*> Nm and a “saturated” magnitude (see discussion
below) of Ms = 8.5. This corresponds well with F&)5. There exist also other, non-linear
empirical Ms-log M relationships (e.g., Geller, 1976).

The following general features are obvious from Bi&:

e "source spectra" are characterized by a "platedutoostant displacement for
frequencies smaller than the "corner frequengyitich is inversely proportional to
the source dimension, i.e, @ 1/L ;

« the decay of spectral displacement amplitude bejonid is proportional to

» the plateau amplitude increases with seismic morivknd magnitude, while at
the same time.fdecreases proportional tagN(see Aki, 1967);

» the surface-wave magnitude, Mghich is, according to the original definition by
Gutenberg (1945), determined from displacement naas with frequencies
around 0.05 Hz, is not linearly scaled withy kdr Ms > 7. While for larger events
the amplitudes in the spectral plateau, i.e., 1§ still increase proportional to M
there is no further (or only reduced) increasepectral amplitudes at frequencies f
> f.. Accordingly, for Ms > 7 these magnitudes areaysdtically underestimated as
compared to moment magnitudes Mw determined frogn(dde 3.2.5.3). No M>
8.5 has ever been measured although moment magsityrdto 9.5 to 10 have been
observed. This effect is termathgnitude saturatign

» this saturation occurs much earlier for mb, whishdetermined from amplitude
measurements around 1 Hz. No mb > 7 has been deéstinom narrowband short-
period recordings, even for the largest events;

* since wave energy is proportional to the squargrofind motion particle velocity,
i.e., B0 (2mf u)? = (w u(w))? its maximum occurs ag;f

e compared with an earthquake of the same seismicembar magnitude, the corner
frequency § of a well contained underground nuclear explog$loNE) in hard rock
is about ten times larger. Accordingly, an UNE prosks relatively more high-
frequent energy and thus has a largeras compared with an earthquake of
comparable magnitude mb.

The main causes for this difference ig &d high-frequency content between UNE and
earthquakes are:
» the duration of the source process oise time,t;, to the final level of static
displacement is much shorter for the case of eipigsthan for earthquakes (see
Fig. 3.4);
» the shock-wave front of an explosion, which caubkesdeformation and fracturing
of the surrounding rocks and thus the generatiosedmic waves, propagates with
approximately the P-wave velocity while the velocity of crack propagation along



3. Seismic Sources and Source Parameters |

a shear fracture/fault is only about 0.5 to 0.¢hef S-wave velocity, i.e., about 0.3 to
0.5 times that of y

« the equivalent wave radiating surface area in #s ©f an explosion is a sphere A
= 4nr*and not a plane A % Accordingly, the equivalent source radius in the
case of an explosion is smaller and thus the ibledener frequency larger.

Note: Details of theoretical "source spectra” dependh@nassumptions in the model of the
rupture process, e.g., when the rupture is - meadistically - bilateral, the displacement
spectrum of the source-time function is for f >>pfoportional to 2 whereas this high-
frequency decay is proportional t6%for an unilateral rupture. On the other hand, witen
linear dimensions of the fault rupture differ im¢gh and width then two corner frequencies
will occur. Another factor is related to the detadf the source time function. Whether the
two or three corner frequencies are resolvable dgflend on their separation. In the case of
real spectra derived from data limited in both tiarel frequency domain, resolvability will
depend on the signal-to-noise ratio. Normally, relata are too noisy to allow the
discrimination between different types of rupturegagation and geometry.

The general shape of the seismic source spectraecanderstood as follows: We know from
optics that under a microscope no objects can belwed which are smaller than the
wavelength of the light with which it is observed. In thisseathe objects appear as a blurred
point or dot. In order to resolve more detailscelEn microscopes are used which operate
with much smaller wavelength. The same holds tnuseismology. When observing a seismic
source of radius r with wavelengths>> r at a great distance, one can not see angniaftton
about the details of the source process. One igrsee the overall (integral) source process,
l.e., one "sees" a point source. Accordingly, sp¢amplitudes with these wavelengths are
constant and form a spectral plateau (if the sodwration can be neglected). On the other
hand, wavelengths that have<< r can resolve internal details of the rupturecpss. In the
case of an earthquake they correspond to smalldr samaller elements of the rupture
processes or of the fault roughness (asperities lzardiers). Therefore, their spectral
amplitudes decay rapidly with higher frequencielse Torner frequency, f marks a critical
position in the spectrum which is obviously relatedthe size of the source. According to
Brune (1970) and Madariaga (1976), both of whom ehexd! a circular fault, the corner
frequency in the P- or S-wave spectrum, respegtiviel fc ps = Gn Vp,s / TUT. In contrast,
assuming a rectangular fault, Haskell (1964) givesrelationshipfps = Gn Vps/ (L xW)2
with L the length and W the width of the fault. Th&lues g are model dependent constants.
Accordingly, the critical wavelengtk; = v/ f., beyond which the source can be realized as a
point source only, i8¢ = Gn TIF OF Ac = Gn (L XW)Y2, respectively.

Thus, from both the source area (which, of couisdased on model assumptions of the
shape of the rupture) and the seismic moment figismsc spectra, one can estimate from Eq.
(3.1) the average total displacemebt, Knowing D, other parameters such as #iikess drop

in the source area can be inferred. Stress dromsnéee difference in acting stress at the
source region before and after the earthquakermieoe details see Figure 10 in IS 3.1 and for
practical determination the exercise EX 3.4.

3.1.2.4 Orientation of the fault plane and the falt slip

Assuming that the earthquake rupture occurs aloptp@ar fault surface the orientation of
this plane in space can be described by three sirgghike ¢ (0° to 360° clockwise from

10
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north),dip & (0° to 90° against the horizontal) and the dimtf slip on the fault by theake
angleA (- 180° to + 180° against the horizontal). .F8g30 and 3.31 in section 3.4.2 define
these angles and show how to determine them fretaraographic (Wulff) net or equal area
(Lambert-Schmidt) projection using observationdikgt motion polarities. It can be shown
that a rupture along a plane perpendicular to theve mentioned fault plane with a slip
vector perpendicular to the slip on the first plaagises an identical angular distribution of
first motions. Therefore, on the basis of first imotanalysis alone one can not decide which
of the two planes is the true fault plane.

Note that in the case of a shear model the faaltglsolution (i.e., the information about the
orientation of the fault plane and of the faultpsin space) forms, together with the
information about the static seismic moment (8ee 3.1.2.3), the seismic moment terdpr
(see Equation (25) in IS 3.1). Its principal axemcide with the direction of the pressure
axis, P, and the tension axis, T, associated vatht-plane solutions. They should not be
mistaken for the principal axes, o, andos (with o; > 02 > 03) of the acting stress field in
the Earth which is described by the stress terSaty in the case of a fresh crack in a
homogeneous isotropic medium in a whole space matlpre-existing faults and vanishing
internal friction is P in the direction af; while T has the opposite senseaf P and T are
perpendicular to each other and each one formsruhd above conditions, an angle of 45°
with the two possible conjugate fault plane$5°thypothesis which are in this case
perpendicular to each other (see Figs. 3.24 aridiB.3.4). The orientation of P and T is also
described by two angles each: the azimuth and thegp. They can be determined by
knowing the respective angles of the fault plaee X 3.2). If the above model assumptions
hold true, one can, knowing the orientation of B @nn space, estimate the orientationgpf
andos. Most of the data used for compiling the globa¢ss map (Zoback 1992) come from
earthquake fault-plane solutions calculated ungesd assumptions.

In reality, the internal friction of rocks is noem. For most rocks this results, according to
Andersons’s theory of faulting (1951), in the fotima of conjugate pairs of faults which are
oriented at about 30° toos. In this case, the directions of P and T, as eéerifrom fault-
plane solutions, will not coincide with the prinalpstress directions. Near the surface of the
Earth one of the principal stresses is almost adwasrtical. In the case of a horizontal
compressive regime, the minimum stregsis vertical whileo; is horizontal. This results,
when fresh faults are formed in unbroken rock hiust faults dipping about 30° and striking
parallel or anti-parallel t@,. In an extensional environmemt; is vertical and the resulting
dip of fresh normal faults is about 60°. When botlandos are horizontal, vertical strike-slip
faults will develop, striking witht 30° to o;. But most earthquakes are associated with the
reactivation of pre-existing faults rather than wemg on fresh faults. Since the frictional
strength of faults is generally less than that mbroken rock, faults may be reactivated at
angles between; and fault strike that are different from 30°. Irpee-faulted medium this
tends to prevent failure on a new fault. Accordynghere is no straightforward way to infer
from the P and T directions determined for an imlial earthquake the directions of the
acting principal stress. On the other hand, itdsgible to infer the regional stress based on
the analysis of many earthquakes in that regiocesihe possible suite of rupture mechanisms
activated by a given stress regime is constraifiaés method aims at finding an orientation
for o; andozwhich is consistent with as many as possible oftttaally observed fault-plane
solutions (e.g., Gephart and Forsyth, 1984; Red8&/; Rivera, 1989).
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3. Seismic Sources and Source Parameters

3.1.3 Mathematical source representation

It is beyond the scope of the NMSOP to dwell onghgsical models of seismic sources and
their mathematical representation. There existsecainumber of good text books on these
issues (e.g., Aki and Richards, 1980 and 2002; Benahem and Singh, 1981; Das and
Kostrov, 1988; Scholz, 1990; Lay and Wallace, 1998tas, 1999). However, most of these

texts are rather elaborate and more research edemherefore, we have appended a more
concise introduction into the theory of source espntation in IS 3.1. It outlines how the

basic relationships used in practical applicatiohsource parameter determinations have
been derived, on what assumptions they are baskdizat their limitations are.

3.1.4 Detailed analysis of rupture kinematics andynamics in space and
time

Above we have considered earthquake models toalsuiable parameters for describing the
size and behavior of faulting of earthquakes andsdme extent also of explosions. In
actuality, earthquakes do not rupture along pegtmes, nor are their rupture areas circular
or rectangular. They do not occur in homogeneou&,raor do they slip unilaterally or
bilaterally. All these features are at best fireley approximations or simplifications to the
truth in order to make the problem mathematicatigt ith limited data tractable. Real faults
show jogs, steps, branching, splays, etc., botheir horizontal and vertical extent (Fig. 6).
Such jogs and steps, depending on their severigyingpediments to smooth or ideal rupture,
as are bumps or rough features along the contataingy surfaces. More examples can be
found in Scholz (1990). Since these features eaisall scales, which implies the self-
similarity of fracture and faulting processes dmeirt fractal nature, this will necessarily result
in heterogeneous dynamic rupturing and finally afsaupture termination.

Fig. 3.6 Several fault zones mapped at different scaldsveawed approximately normal to
slip (from Scholz, The mechanics of earthquakes fantting, 1990, Fig. 3.6, p. 106; with
permission of Cambridge University Press).
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3.1 Introduction to seismic sources and source para meters |

As shown in Fig. 3.7 the complexity of the ruptprecess over time is a common feature of
earthquakes, i.e., they often occur as multipleungs. This holds true for small earthquakes
as well as very large earthquakes (Kikuchi anddishi1993; Kikuchi and Fukao, 1987). And
obviously, each event has its own "moment-ratesfipgnt".

Only in a few lucky cases have dense strong-matigtworks been fortuitously deployed in
the very source region of a strong earthquake.n§trmotion records enable a detailed
analysis of the rupture history in space and tinsea@i the moment-rate density. As an
example, Fig. 3.8 depicts an inversion of data @nt#ez and Anderson (1991) for the rupture
process of the 1985 Michoacéan, Mexico earthquakew8 are snapshots, 4 s apart from each
other, of the dip-slip velocity field. One recogesztwo main clusters of maximum slip
velocity being about 120 km and 30 s apart fromheather. The related maximum
cumulative displacement was more than 3 m in tre Gluster and more than 4 m in the
second cluster at about 55 km and 40 km depthectisply. About 90 % of the total seismic
moment was released within these two main clustdrish had a rupture duration each of
only 8 s while the total rupture lasted for aboGitssMendez and Anderson, 1991).

102 Nmis

Tokachi-Oki-68 8.2

o 20 40 60 80 100 120 140 160 180s

Fig. 3.7 Moment-rate (source time) functions for the Iatgearthquakes in thel1960s and
1970s as obtained by Kikuchi and Fukao (1987) (fredlfrom Fig. 9 in Kikuchi and Ishida,
Source retrieval for deep local earthquakes withatiband records, Bulletin Seismological
Society of America, Vol. 83, No. 6, p. 1868, 1983Seismological Society of America.
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Fig. 3.8 Snapshots of the development in space and tintkeoinferred rupture process of
the 1985 Michoacan, Mexico, earthquake. The costogpresent dip-slip velocity at 5 cm/s
interval, the cross denotes the NEIC hypocentere@ttonsecutively darker shadings are
used to depict areas with dip-slip velocities ia tange: 12 to 22, 22 to 32, and greater than
32 cm/s, respectively. Abbreviations used: t - shaptime after the origin time of the event,
h - depth, D - distance in strike direction of faalt (redrawn and modified from Mendez and
Anderson, The temporal and spatial evolution of tt® September 1985 Michoacan
earthquake as inferred from near-source groundemagcords, Bull. Seism. Soc. Am., Vol.
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3.1 Introduction to seismic sources and source para meters |

This rupturing of local asperities produces modefhigh-frequency content of earthquakes.
Accordingly, they contribute more to the cumulatiseismic energy release than to the
moment release. This is particularly important éoagineering seismological assessments of
expected earthquake effects. Damage to (predonyriate-rise) structures is mainly due to
frequencies > 2 Hz. They are grossly underestimatesh analyzing strong earthquakes only
on the basis of medium and long-period teleseisraards or when calculating model
spectra assuming smooth rupturing along big failtarge earthquakes.

A detailed picture of the fracture process can btioed only with dense strong-motion
networks in source areas of potentially large emdlkes and by complementary field
investigations and related modeling of the detailgrture process in the case of clear surface
expressions of the earthquake fault. Although thideyond the scope of seismological
observatory practice, observatory seismologistsl neebe aware of these problems and the
limitations of their simplified standard procedureNevertheless, the value of these
simplifications is that they allow a quick and rauiiyst order analysis of the dominant type
and orientation of earthquake faulting in a givegion and their relationship to regional
tectonics and stress field. The latter can also beferred from other kinds of data such as
overcoring experiments, geodetic data or field ggahl evidence. Their comparison with
independent seismological data, which are mainhtrotled by conditions at greater depth,
may provide a deeper insight into the nature ofolbserved stress fields.

3.1.5 Summary and conclusions

The detailed understanding and quantification & giysical processes and geometry of
seismic sources is one of the ultimate goals afnselogy, be it in relation to understanding
tectonics, improving assessment of seismic hazardiscriminating between natural and
anthropogenic events. Earthquakes can be quantifitbdrespect to various geometrical and
physical parameters such as time and location ef(ithitial) rupture and orientation of the
fault plane and slip, fault length, rupture aremoant of slip, magnitude, seismic moment,
radiated energy, stress drop, duration and timeyis(complexity) of faulting, particle
velocity, acceleration of fault motion etc. It mpossible, to represent this complexity with
just a single number or a few parameters.

There are different approaches to tackle the probléne aims at the detailed analysis of a
given event, both in the near- and far-field, an@lg waveforms and spectra of various kinds
of seismic waves in a broad frequency range ughéostatic displacement field as well as
looking into macroseismic data. Such a detailed @rmdplex investigation requires a lot of
time and effort. It is feasible only for selectedpiortant events. The second simplified
approach describes the seismic source only by igetinmumber of parameters such as the
origin time and (initial rupture) location, magrdt intensity or acceleration of observed/
measured ground shaking, and sometimes the faareptolution. These parameters can
easily be obtained and have the advantage of rbughuick information being given to the
public and concerned authorities. Furthermore, &pigroach provides standardized data for
comprehensive earthquake catalogs which are fundaifer other kinds of research such as
earthquake statistics and seismic hazard assessBugntve need to be aware that these
simplified, often purely empirical parameters can give a full description of the true nature
and geometry, the time history nor the energy sgled a seismic source. In the following we
will describe only the most common procedures ttaat be used in routine seismological
practice.
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3.2 Magnitude of seismic event§. Bormann)
3.2.1 History, scope and limitations of the magnitde concept

The concept of magnitude was introduced by Ricl{ig335) to provide an objective
instrumental measure of the size of earthquakesoihtrast to seismic intensity, which is
based on the assessment and classification of ghalamage and human perceptions of
shaking and thus depends on the distance fromotlrees, the magnitude M uses instrumental
measurements of the ground motion adjusted foreepial distance and source depth.
Standardized instrument characteristics were albjirused to avoid instrumental effects on
the magnitude estimates. Thus it was hoped thavidgrovide a single number to measure
earthquake size which is related to the releasetngeenergy, E However, as outlined in
3.1 above, such a simple empirical parameter islimettly related to any physical parameter
of the source. Rather, the magnitude scale airpsoaiding a quickly determined simple " ...
parameter which can be used for first-cut recorsaaise analysis of earthquake data (catalog)
for various geophysical and engineering investoyesj special precaution should be exercised
in using the magnitude beyond the reconnaissangoge’ (Kanamori, 1983).

In the following we will use mainly the magnitudeg/ngbols, sometimes with slight
modification, as they have historically developatt aare still predominantly applied in
common practice. However, as will be shown lateesé “generic’ magnitude symbols are
often not explicit enough as to recognize on wlypetof records, components and phases
these magnitudes are based. This requires moreifighanagnitude names where higher
precision is required (see IS 3.2).

The original Richter magnitude, ML or Mwas based on maximum amplitudes measured in
displacement-proportional records from the standadishort-period Wood-Anderson (WA)
seismometer network in Southern California, whiaswuitable for the classification of local
shocks in that region. In the following we will nant Ml (with “I" for “local”) in order to
avoid confusion with more specific names for maggats from surface waves where the
phase symbol L stands for unspecified long-periodase waves. Gutenberg and Richter
(1936) and Gutenberg (1945a, b and c) then extettiezdnagnitude concept so as to be
applicable to ground motion measurements from rmediand long-period seismographic
recordings of both surface waves (Ms oy Eihd different types of body waves (mB og)rm

the teleseismic distance range. For the magnitodbet a better estimate of the seismic
energy, they proposed to divide the measured dispiant amplitudes by the associated
periods to obtain ground velocities. Although tlegd to scale the different magnitude scales
together in order to match at certain magnitudeiesl it was realized that these scales are
only imperfectly consistent with each other. Theref Gutenberg and Richter (1956a and b)
provided correlation relations between various nitage scales (see 3.2.7).

After the deployment of the World Wide Standardi&slsmograph Network (WWSSN) in
the 1960s it became customary to determine mB erd#sis of short-period narrow-band P-
wave recordings only. This short-period body-wavagnitude is called mb (or ygn The
introduction of mb increased the inconsistency eetwthe magnitude estimates from body
and surface waves. The main reasons for this are:
« different magnitude scales use different periodd aave types which carry
different information about the complex source pss;
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3.2 Magnitude of seismic events |

» the spectral amplitudes radiated from a seismiacgoincrease linearly with its
seismic moment for frequencies f £(fc — corner frequency). This increase with
moment, however, is reduced or completely satur@eid) for f > f (see Fig. 3.5).
This changes the balance between high- and lowHnecy content in the radiated
source spectra as a function of event size;

* the maximum seismic energy is released around treec frequency of the
displacement spectrum because this relates to #&xémam of the ground-velocity
spectrum (see Fig. 3.5). Accordingly, M, which igpgosed to be a measure of
seismic energy released, strongly depends on thiéigroof the corner frequency in
the source spectrum with respect to the pass-batiteaseismometer used for the
magnitude determination;

- for a given level of long-period displacement aryale, the corner frequency is
controlled by the stress drop in the source. Highss drop results in the excitation
of more high frequencies. Accordingly, seismic d@gewith the same long-period
magnitude estimates may have significantly differeorner frequencies and thus
ratios between short-period/long-period energy bfis,respectively;

» seismographs with different transfer functions skentipe ground motion in different
frequency bands with different bandwidth. Therefore general agreement of the
magnitudes determined on the basis of their reccadde expected,;

e additionally, band-pass recordings distort the mdiog amplitudes of transient
seismic signals, the more so the narrower the baltldvis. This can not be fully
compensated by correcting only the frequency-degmtnchagnification of different
seismographs based on their amplitude-frequencponse. Although this is
generally done in seismological practice in ordedétermine so-called "true ground
motion" amplitudes for magnitude calculation, itnist fully correct. The reason is
that the instrument magnification or amplitude-freqcy response curves are valid
only for steady-state oscillation conditions, iadter the decay of the seismograph’s
transient response to an input signal (see 4.2j)e ground motion amplitudes can
be determined only by taking into account the cawpransfer function of the
seismograph (see Chapter 5) and, in the case of shasient signals, by signal
restitution in a very wide frequency band (Seid8Q; Seidl and Stammler, 1984,
Seidl and Hellweg, 1988). Only recently a calilmatfunction for very broadband
P-wave recordings has been published (Nolet etl@88), however it has not yet
been widely applied, tested and approved.

Efforts to unify or homogenize the results obtairt®d different methods of magnitude
determination into a common measure of earthquaee & energy have generally been
unsuccessful (e.g., Gutenberg and Richter, 1956dst0skov et al., 1985). Others, aware of
the above mentioned reasons for systematic diftegrhave used these differences for better
understanding the specifics of various seismic cgyre.g., for discriminating between
tectonic earthquakes and underground nuclear erplon the basis of the ratio mb/Ms.
Duda and Kaiser (1989) recommend the determinatialifferent spectral magnitudes, based
on measurements of the spectral amplitudes fromootese bandpass- filtered digital
broadband velocity records.

Another effort to provide a single measure of thettejuake size was made by Kanamori
(1977). He developed the seismic moment magnitude M is tied to Ms but does not
saturate for big events because it is based omgemmoment M, which is made from the
measurement of the (constant) level of low-freqyespectral displacement amplitudes for f
<< f.. This level increases linearly withgVlAccording to Eqg. (3.1), Vis proportional to the
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3. Seismic Sources and Source Parameters |

average static displacement and the area of thertature and is so a good measure of the
total deformation in the source region. On the otiend it is (see the above discussion on
corner frequency and high-frequency content) neithgood measure of earthquake size in
terms of seismic energy release nor a good meadwggecifying seismic hazard since most
earthquake damage is usually related to mediumiaamdise structures with eigenfrequencies
f > 0.5 Hz (i.e., lower than about 20 stories) anainly caused by high-frequency strong
ground motion. Consequently, there is no single emparameter available which could
serve as a good estimate of earthquake “size”lirtsatlifferent aspects. What is needed in
practice are at least two parameters to charaetesizghly both the size and related hazard of
a seismic event, namelyMand £ or Mw together with mb or M| (based on short-pdri
measurements), respectively, or a comparison betwee moment magnitude Mw and the
energy magnitude Me. The latter can today be detexnfrom direct energy calculations
based on the integration of digitally recorded waxes of broadband velocity (Seidl and
Berckhemer, 1982; Berckhemer and Lindenfeld, 188&twright and Choy 1986; Kanamori
et al. 1993; Choy and Boatwright 1995) (see 3.3).

Despite their limitations, standard magnitude estes have proved to be suitable also for

getting, via empirical relationships, quick but gbuestimates of other seismic source

parameters such as the seismic momegtditess drop, amount of radiated seismic energy
Es, length L, radius r or area A of the fault ruptume well as the intensity of ground shaking,

lo, in the epicentral area and the probable exterfteatea of felt shaking (see 3.6).

Magnitudes are also crucial for the quantitativassification and statistical treatment of
seismic events aimed at assessing seismic acéimiyhazard, studying variations of seismic
energy release in space and time, etc. Accordirthlgy are also relevant in earthquake
prediction research. All these studies have to dseth on well-defined and stable long-term
data. Therefore, magnitude values — notwithstandimg inherent systematic biases as
discussed above - have to be determined over decage even centuries by applying
rigorously clear and well documented stable procesiand well calibrated instruments. Any
changes in instrumentation, gain and filter chanmastics have to be precisely documented in
station log-books or event catalogs and data cmweaccordingly. Otherwise, serious
mistakes may result from research based on incobipaiata.

Being aware now on the one hand of the inherertlgnas and limitations of the magnitude
concept in general and specific magnitude estimatggrticular and of the urgent need to
strictly observe reproducible long-term standardipeocedures of magnitude determination
on the other hand we will review below the magrgtustales most commonly used in
seismological practice. An older comprehensiveaewvof the complex magnitude issue was
given by Bath (1981), a more recent one by Dud@8%)l9Various special volumes with

selected papers from symposia and workshops onmtagnitude problem appeared in
Tectonophysics (Vol. 93, No.3/4 (1983); Vol. 16&.N-3 (1989); Vol. 217, No. 3/4 (1993).

3.2.2. General assumptions and definition of magtide

Magnitude scales are based on a few simple assaumspe.g.:

« for a given source-receiver geometry "larger” esemll produce wave arrivals of larger
amplitudes at the seismic station. The logarithngr@und motion amplitudes A is used
because of the enormous variability of earthquagelacements;
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* magnitudes should be a measure of seismic enelggsexl and thus be proportional to
the velocity of ground motion, i.e., to A/T withak the period of the considered wave;

e the decay of ground displacement amplitudes A weicentral distancé& and their
dependence on source depth, h, i.e., the effeayeahetric spreading and attenuation of
the considered seismic waves is known at leastraalby in a statistical sense. It can be
compensated for by a calibration functiofd\, h). The latter is the log of the inverse of the
reference amplitude 4, h) of an event of zero magnitude, i®4, h) = -log A(A, h);

* the maximum value (A/T)x in a wave group for whicla(q, h) is known should provide
the best and most stable estimate of the eventitadgn

* regionally variable preferred source directivity ymiae corrected by a regional source
correction term, €, and the influence of local site effects on atages (which depend
on local crustal structure, near-surface rock tyodt soil cover and/or topography) may
be accounted for by a station correctios, Which is not dependent on azimuth.

Accordingly, the general form of all magnitude ssabased on measurements of ground
displacement amplitude®y and periods T is:

M = l0g(Ad/T)max + o(A, h) + G+ Cs. (3.3)

Note: Calibration functions used in common practicedo not consider a frequency
dependence ofc. This is a serious omission. Theoretical calcuktidoy Duda and
Janovskaya (1993) show that, e.g., the differentegA, T) for P waves may become > 0.6
magnitude units for T < 1 s, however they are <for3r > 4 s and thus they are more or less
negligible for magnitude determinations in the nueai and long-period range (see Fig.
3.15).

3.2.3 General rules and procedures for magnitudeaedermination

Magnitudes can be determined on the basis of Bdy(teading (A/T)ax for any body wave
(e.g., P, S, Sg, PP) or surface waves (LQ or LgptRg) for which calibration functions for
either vertical (V) and/or horizontal (H) componeeatords are available. If the period being
measured is from a seismogram recorded by an metrt whose response is already
proportional to velocity, then ATN)max = Amad2TT i.e., the measurement can be directly
determined from the maximum trace amplitude of thesve or wave group with only a
correction for the velocity magnification. In coast, with displacement records one may not
know with certainty where (A/T)x is largest in the displacement waveform. Sometimes
smaller amplitudes associated with smaller periods yield larger (A/Thax In the following

we will always use A for 4 if not otherwise explicitely specified.

In measuring A and T from seismograms for magl@tdeterminations and reporting them
to national or international data centers, theofeihg definitions and respective instructions
given in the Manual of Seismological Observatorgdice (Willmore, 1979) as well as in the
recommendations by the IASPEI Commission on Pradtmm its Canberra meeting in 1979
(slightly modified and amended below) should beeobsd:

» the trace amplitude B of a seismic signal on anke defined as its largest peak (or
trough) deflection from the base-line of the recoate;
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« for many phases, surface waves in particular, élterded oscillations are more or less
symmetrical about the zero line. B should then leasured either by direct measurement
from the base-line or - preferably - by halving fleak-to-trough deflection (Figs. 3.9 a
and c - e). For phases that are strongly asymmaétoc clipped on one side) B should be
measured as the maximum deflection from the basetkig. 3.9 b);

» the corresponding period T is measured in secoatygden those two neighboring peaks
(or troughs) - or from (doubled!) trace crossingghe base-line - where the amplitude
has been measured (Fig. 3.9);

* the trace amplitudes B measured on the record dhbel converted to ground
displacement amplitudes A in nanometers (nm) oresother stated Sl unit, using the A-
T response (magnification) curve Mag(T) of the gigeismograph (see Fig.3.11); i.e., A
= B /Mag(T). (Note: In most computer programs foe inalysis of digital seismograms,
the measurement of period and amplitude is donenaatically after marking the
position on the record where A and T should berdetesd);

 amplitude and period measurements from the vertcahponent (Z = V) are most
important. If horizontal components (N - north-dguE - east-west) are available,
readings from both records should be made at thee dame (and noted or reported
separately) so that the amplitudes can be combhieewrially, i.e., A =V (AN® + A ;

* when several instruments of different frequencyoese are available (or in the case of
the analysis of digital broadband records filteneth different standard responses);Q
and T measurements from each should be reportedadely and the type of instrument
used should be stated clearly (short-, medium- amgdperiod, broadband, Wood-
Anderson, etc., or related abbreviations givenifgtrument classes with standardized
response characteristics; see Fig. 3.11 and Tap. Bor this, the classification given in
the old Manual of Seismological Observatory Prac{WWillmore 1979) may be used;

* broadband instruments are preferred for all measeinés of amplitude and period;

* note that earthquakes are often complex multigiungs. Accordingly, the timenix, at
which a given seismic body wave phase has its maxiramplitude may be quite some
time after its first onset. Accordingly, in the easf P and S waves the measurement
should normally be taken within the first 25 s @@d60 s, respectively, but in the case of
very large earthquakes this interval may need textended to more than a minute. For
subsequent earthquake studies it is also essemtigbort the time f.x (see Fig. 3.9).

» for teleseismic& > 20°) surface waves the procedures are basitelgame as for body
waves. However, (A/Tx in the Airy phase of the dispersed surface waam toccurs
much later and should normally be measured in greg@ range between 16 and 24 s
although both shorter and longer periods may becesed with the maximum surface
wave amplitudes (see 2.3).

* note that in displacement proportional records jAiImay not coincide in time with
Bmax. Sometimes, in dispersed surface wave records iticplar, smaller amplitudes
associated with significantly smaller periods mald/larger (A/T)ax In such cases also
Amax should be reported separately. In order to finéif{f.x on horizontal component
records it might be necessary to calculate A/T deveral amplitudes on both record
components and select the largest vectorially coetbivalue. In records proportional to
ground velocity, the maximum trace amplitude is als/ related to (A/T)a Note,
however, that as compared to the displacement ardpliA; the velocity amplitude is
Ay = Aq 217T.

« if mantle surface waves are observed, especialtyldoge earthquakes (see 2.3),
amplitudes and periods of the vertical and horiabobmponents with the periods in the
neighborhood of 200 s should also be measured;
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3.2 Magnitude of seismic events |

 on some types of short-period instruments (in paldr analog) with insufficient
resolutions it is not possible to measure the plenb seismic waves recorded from
nearby local events and thus to convert trace clefles properly to ground motion. In
such cases magnitude scales should be used wieigand on measurements of
maximum trace amplitudes only;

» often local earthquakes will be clipped in (mostlyalog) records of high-gain short-
period seismographs with insufficient dynamic rangkis makes amplitude readings
impossible. In this case magnitude scales basedamnd duration (see 3.2.4.3) might be
used instead, provided that they have been propedied with magnitudes based on
amplitude measurements.
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Fig. 3.9 Examples for measurements of trace amplitudesBpariods T in seismic records
for magnitude determination: a) the case of a shavelet with symmetric and b) with
asymmetric deflections, c) and d) the case of aensmmplex P-wave group of longer
duration (multiple rupture process) and e) theeadsa dispersed surface wave train. Note: c)
and d) are P-wave sections of the same event loorded with different seismographs
(classes A4 and C) while e) was recorded by a ssjeaph of class B3 (see Fig. 3.11).
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Tab. 3.1 Example from the former bulletin of station ModdOX), Germany, based on the
analysis of analog photographic recordings. Thenewecurred on January 1967. Note the
clear annotation of the type of instruments used tfee determination of onset times,
amplitudes and periods. Multiple body wave onsétdistinctly different amplitudes, which
are indicative of a multiple rupture process, hbgen separated. Seismographs of type A, B
and C were nearly identical with the response charatics A4, B3 and C in Fig. 3.11. V=Z

- vertical component; H - vectorially combined lzomtal components; Lm - maximum of the
long-period surface wave train.

Day | Phasg Seismograpth m s Remarks

5. | +eiP1 A 00 24 15.5 |Mongolia 48.08°N 102.80°E
iP2 A 24 21.5/H=00 14 40.4 h=normal MAG=6.4
iP3 AC 24 28.0 |A=55.7° Az =309.6° (USCGS)
Pmax C 24 31
ePP2 C 26 27.5 |PV1 A 1.2s 71.8nm MPV1(A)=5.6
ePP3 C 26 34 |(PV2 A 1.8s 1120nm MPV2(A)=6.6
eS2 C 3204 |PV3 A 1.6s 1575nm MPV3(A)=6.8
i S3 C 3211 |pv3 C 8s 168n MPV3(B)=7.1
eiSS B 3556 |SH3 C 18s ¢ MSH3(B)=7.3
ISSS B 3644  |Imv C 17s 610m MLV(B)=7.8
LmH C 48.0 Note: P has a period of about 23s in the long-

period seismograph of type B!

Note in Tab. 3.1 the distinct differences betwawtividual magnitude determinations and the
clear underestimation of short-period (type A) magtes. This early practice of specifying
magnitude annotation has been officially recommdniog the IASPEI Sub-Committee on
Magnitudes in 1977 (see Willmore, 1979) but is ryet standard. However, current
deliberations in IASPEI stress again the need forenspecific magnitude measurements and
reports to databases along these lines (see 1SVB#n determining magnitudes according to
more modern and physically based concepts sucltadiated energy or seismic moment,
special procedures have to be applied (see 3.3.8nd

Global or regional data analysis centers calcute#an magnitudes on the basis of many A/T
or M data reported by seismic stations from différ@istances and azimuths with respect to
the source. This will more or less average outitfiience of regional source and local
station conditions. Therefore, A/T or M data repdrby individual stations to such centers
should not yet be corrected for, @nd G. These corrections can be determined best by
network centers themselves when comparing the mexted data from many stations (e.g.,
Hutton and Boore, 1987). They may then use suchectons for reducing the scatter of
individual readings and thus improve the averagenase.

When determining new calibration functions for tbheal magnitude MI, station corrections
have to be applied before the final data fit inesrtb reduce the influence of systematic biases
on the data scatter. According to the procedurggsed by Richter (1958) these station
corrections for Ml are sometimes determined inddpatly for readings in the N-S and E-W
components (e.g., Hutton and Boore, 1987). Whenuta#ting network magnitudes some
centers prefer the median value of individual etatreports of Ml as the best network
estimate. As compared to the arithmetic mean itirmaes the influence of widely diverging
individual station estimates due to outliers or nga@eadings (Hutton and Jones, 1993).
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Fig. 3.11 Relative magnification curves for ground displacatméor various classes of

standardized analog recordings (partially redravomf the old Manual of Seismological

Observatory Practice, Willmore 1979 and amended)aAd C are the magnification curves
of the standard short-period and displacement laradl (Kirnos SKD) seismographs of the
basic network of seismological stations in the fernsoviet Union and Eastern European
states while A2 and B1 are the standard charatitsri®r short- and long-period recordings
at stations of the World Wide Standardized SeisiaqagmMNetwork (WWSSN) which was set
up by the United States Geological Survey (USGS}hm 1960s and 1970s. The other
magnification curves are: WA - Wood-Anderson tonssgismometer (see below), which was
instrumental in the definition of the magnitudelec&GLP - High Gain Long Period system.

In the following we will outline the origin, geneér@atures, formulae and specific differences
of various magnitude scales currently in use. Wk highlight which of these scales are at
present accepted as world-wide standards and lsdl spell out related problems which still
require consideration, clarifying discussion, reaoendations or decisions by the IASPEI
Commission on Seismological Observation and In&tgbion. Data tables and diagrams on
calibration functions used in actual magnitude heteations are given in Datasheet 3.1.

3.2.4 Magnitude scales for local events
The large variability of velocity and attenuatidnusture of the crust does in fact not permit
the development of a unique, internationally stadided calibration function for local

events. However, the original definition of magdeuby Richter (1935) did lead to the
development of the local magnitude scale Ml (o@&djyy ML) for California. Ml scales for
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other areas are usually scaled to Richter’'s dedmi&nd also the procedure of measurement is
more or less standardized.

3.2.4.1 The original Richter magnitude scale Ml

Following a recommendation by Wadati, Richter (1)98btted the logarithm of maximum
trace amplitudes, f, Measured from standard Wood-Anderson (WA) hotelacomponent
torsion seismometer records as a function of efrigkedistanceA. The WA seismometers
had the following parameters: natural periag=T10.8 s, damping factord>= 0.8, maximum
magnification Vmax = 2800 Richter found that log fux decreased with distance along more
or less parallel curves for earthquakes of diffestre. This led him to propose the following
definition for the magnitude as a quantitative nnea®f earthquake size (Richter 1935, p. 7):
" The magnitude of any shock is taken as the ltigariof the maximum trace amplitude,
expressed in microns, with which the standard speriod torsion seismometer ... would
register that shock at an epicentral distance d kfh".

Note 1: Uhrhammer and Collins (1990) found out that thegnifecation of 2800 of WA
seismometers had been calculated on the basis mignassumptions on the suspension
geometry A more correct value(also in Fig. 3.11)s 2080+ 60 (see also Uhrhammer et al.,
1996). Accordingly, magnitude estimates based onhggized WA records or amplification
corrected amplitude readings assuming a WA magtifin of 2800 systematically
underestimate the size of the event by 0.13 madgmitunits!

This local magnitude was later given the symbol {@Hutenberg and Richter, 1956b). In the
following we use MI (I = local). In order to cal@aie Ml also for other epicentral distanc&s,
between 30 and 600 km, Richter (1935) providednat@on corrections. They were later
complemented by attenuation correctionsZox 30 km assuming a focal depth h of 18 km
(Gutenberg and Richter, 1942; Hutton and Boore/198ccordingly, one gets

MI = log Anax- log Ag (3.4

with Amax iIn mm of measured zero-to-peak trace amplitude\Wood-Anderson seismogram.
The respective corrections or calibration valuesy-A, were published in tabulated form by
Richter (1958) (see Table 1 in DS 3.1).

Note 2 In contrast to the general magnitude formula)(3B). (3.4) considers only the
maximum displacement amplitudes but not their pkxidReason: WA instruments are short-
period and their traditional analog recorders hdichaed paper speed. Proper reading of the
period of high-frequency waves from local eventsswather difficult. It was assumed,
therefore, that the maximum amplitude phase (wirckhe case of local events generally
corresponds to Sg, Lg or Rg) always had roughlystme dominant period. Also, - log A
does not consider the above discussed depth depsndd (A, h) since seismicity in
southern California was believed to be always shalimostly less than 15 km). Eq. (3.4)
also does not give regional or station correctierms since such correction terms were
already taken into account when determining -lgdok southern California.

Note 3 Richter's attenuation corrections are valid fouteern California only. Their shape
and level may be different in other regions of wald with different velocity and attenuation
structure, crustal age and composition, heat-flowd@ions and source depth. Accordingly,
when determining MI calibration functions for othegions, the amplitude attenuation law
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has to be determined first and then this curvetbid® scaled to the original definition of Ml
at 100 km epicentral distance (or even better asetl distance; see problem 1 below).
Examples for other regional Ml calibration functsoare shown in Fig. 3.12).

Note 4: The smallest events recorded in local microeadkegstudies have negative values
of Ml while the largest Mils about 7 , i.e., the Ml scale also suffsasuration(see Fig. 3.18).
Despite these limitations, M| estimates of earttkguasize are relevant for earthquake
engineers and risk assessment since they are\cletaled to earthquake damage. The main
reason is that many structures have natural pediodg to that of the WA seismometer (0.8s)
or are within the range of its pass-band (about Q.%).

A review of the development and use of the Richtale for determining earthquake source
parameters is given by Boore (1989).

Problems:

1) According to Hutton and Boore (1987) tHistance corrections developed by Richter for
local earthquakes4 < 30 km) are incorrectThis leads to magnitude estimates from
nearby stations that are smaller than those fromerdistant stations. Bakun and Joyner
(1984) came to the same conclusion for weak eveasrded in Central California at
distances of less than 30 km.

2) In 3.2.3 it was said that, as a general ruiéhe case of horizontal component recordings,
Anmax IS the maximum vector sum amplitudeeasured atyax in both the N and E
component. Deviating from this, Richter (1958) says In using ...both horizontal
components it is correct to determine magnitudepeshdently from each and to take the
mean of the two determinations. This method isepabfe to combining the components
vectorially, for the maximum motion need not représthe same wave on the two
seismograms, and it even may occur at differen¢dlimin most investigations aimed at
deriving local Ml scales Amwax = (An + Ag)/2 has been used instead to calculate ML
although this is not fully identical with Ml = (MI+ Mlg)/2 and might give differences in
magnitude of up to about 0.1 units.

3) The Richter Ml from arithmetically averaged izontal component amplitude readings
will be smaller by at least 0.15 magnitude unitscampared to Mfrom Apmax Vector
sum! In the case of significantly different ampties Aimax and Aemax this difference
might reach even several tenths of magnitude uHitsvever, the method of combining
vectorially the N and E component amplitudes, asegaly practiced in other procedures
for magnitude determination from horizontal companecordings, is hardly used for Ml
because of reasons of continuity in earthquakelaggaeven though it would be easy
nowadays with digital data.

3.2.4.2 Other Ml scales based on amplitude measunents

The problem of vector summing of amplitudes in hontal component records or of
arithmetic averaging of independent M| determinaian N and E components can be
avoided by using #nax from vertical component recordings instead, predidhat the
respective -log Acurves are properly scaled to the original debnitof Richter forA = 100
km. Several new formulas for MI determinations lbbe®s readings of fnax have been
proposed for other regions (see Tab. 2 in DS JA¢y mostly use Lg waves, sometimes well
beyond the distance of 600 km for which -log Was defined by Richter (1958). Alsaker et
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al. (1991) and Greenhalgh and Singh (1986) shoh&idA/maxis= 1 to 1.2 times Amax= 0.5
(Anmax + Aemay and thus yields practically the same magnitudes.

Since Richterso(A) = -log Ag for southern California might not be correct foher regions,
local calibration functions have been determinadother seismotectonic regions. Those for
continental shield areas revealed significantlydowody-wave attenuation when compared
with southern California. Despite scaling —log(&) for other regions to the value given by
Richter forA = 100 km, deviations from Richter's calibratiomdtion may become larger
than one magnitude unit at several 100 km distarigs3.12 shows examples of Ml scaling
relations for other regions. Although cut in thigufe for epicentral distances > 600 km
some of the curves shown are defined for much tadiggances (see Table 2 in DS 3.1).

Problem:

Hutton and Boore (1987) proposed that local mageitscales be defined in the future such
that Ml = 3 correspond to 10 mm of motion on a Wdattlerson instrument at 17 km
hypocentral distance rather than 1 mm of motiohG&t km. While being consistent with the
original definition of magnitude in southern Califga this definition will allow more
meaningful comparison of earthquakes in regionsingavery different wave attenuation
within the first 100 km. This proposal has alredugen taken into consideration when
developing a local magnitude scale for Tanzaniast Bdrica (Langston et al., 1998) and
should be considered by IASPEI for assuring statided procedures in the further
development of local and regional Ml scales.

5 4Hz . 2Hz .
4 -
o
S
2 37
1
* ¢ ¢ Richter (1958), Southern California
h = 20km oo o Hutton & Boore (1987), Southern California
2 - — Alsaker et al. (1991), Norway/Fennoscandia
--- Kim (1988), Eastern North America
o Okm +++ Kiratzi &. Papazachos (1984), Greece (ML>3.7)
L
. AaA Greenhalgh & Singh (1986), Southern Australia
r + + « Wahlstroem & Strauch (1984), Central Europe
1 T T T T T T T T T T T 1
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Fig. 3.12 Calibration functions for MI determination forfidirent regions. Note that the one
for Central Europe is frequency dependent. Theaeldl relationships and references are
given in Table 2 of DS 3.1.
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Some of the calibration functions shown in Fig.23tar Lg waves extend in fact far beyond
600 km, e.g., that for Norway up to 1500 km distan&t this distance -log Adiffers by 1.7
magnitude units from the extrapolated calibratianve for southern California!

Note 1: Station corrections in some of these studies varsdeen -0.6 to +0.3 magnitude
units (Bakun and Joyner, 1984; Greenhalgh and Sihg86; Hutton and Jones, 1993) and
correlated broadly with regional geology. This gsito the urgent need to determine both
calibration functions and station corrections fdrdvl a regional basis.

Note 2: Since sources in other regions may be significakbyeper than in southern
California, eithero(A, h) should be determined or at least the epicedistanceA should be
replaced in the magnitude formulas by the "slantiypocentral distance R¥A? + ). The
latter is common practice now.

Procedures are currently available to synthesizxigely the response characteristic of
Wood-Anderson seismographs from digital broadba&adndings (e.g., PleSinger et al., 1996;
see also 11.3.2). Therefore, WA seismographs armger required for carrying out Ml
determinations. Savage and Anderson (1995) andddimter, et al. (1996) demonstrated the
ability to determine an unbiased measure of locagmitude from synthetic WA
seismograms. Thus, a seamless catalog afoMliid be maintained at Berkeley, California. In
a first approximation (although not identical!)ghgan also be achieved by converting record
amplitudes from another seismograph with a dispiece frequency response Mag(into
respective WA trace amplitudes by multiplying thenth the ratio Maga(T;)/Mag(T;) for

the given period of fax

Sufficient time resolution of today’s high-frequgndigital records is likewise no longer a

problem. There have been efforts to develop frequelependent calibration functions

matched to the Richter scale at 100 km distancg, (@/ahlstrém and Strauch, 1984; see Fig.
3.12) but this again breaks with the required cuaunty of procedures and complicates the
calibration relationship for Ml.

The increasing availability of strong-motion recomhd their advantage of not being clipped
even by very strong nearby events have led to theeldpment of (partially) frequency-
dependent M scales for strong-motion data (Lee et al., 1998tzidimitriou et al., 1993).
The technique to calculate synthetic Wood-Andersgmiamograph output from strong-motion
accelerograms was first introduced by Kanamoridshings (1978).

3.2.4.3 Duration magnitude Md

Analog paper or film recordings have a very limiththamic range of only about 40 dB and
analog tape recordings of about 60 dB. For manysye&ely used digital recorders with 12
or 16 bit A-D converters enabled amplitude recagdiwith about 66 or 90 dB, respectively.
Nevertheless, even these records were often clifgedtrong local seismic events. This
made magnitude determinations based on measurero&éms,.x impossible. Therefore,
alternative magnitude scales such as Md were deedloThey are based on the signal
duration of an event. Nowadays with 24 bit A-D certers and=140 dB usable dynamic
range, clipping is no longer a pressing problenis Hare that an event is not considered for
analysis.
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In the case of local seismic events the total $igneation, d, is primarily controlled by the
length of the coda which follows the Sg onset. édttetical description of the coda envelopes
as an exponentially decaying function with time waesented by Herrmann (1975). He
proposed a duration magnitude formula of the gereina:

Md=a+alogd+al (3.5
Different procedures have been proposed for detengnisignal or coda duration such as:

e duration from the P-wave onset to the end of thdaca.e., where the signal
disappears in the seismic noise of equal frequency;

e duration from the P-wave onset to that time whendbda amplitudes have decayed
to a certain threshold level, given in terms ofrage signal-to-noise ratio or of
absolute signal amplitudes or signal level;

» total elapsed time = coda threshold time minusimtigne of the event.

An early formula for the determination of local m#&gdes based on signal duration was
developed for earthquakes in Kii Peninsula in Gdritapan by Tsumura (1967) and scaled to
the magnitudes Ma reported by the Japanese Meteorological Agency:

Md =2.851log (F - P) + 0.0014 - 2.53 for 3 <Mma<5 (3.6)

with P as the onset time of the P wave and F asnleof the event record (i.e., where the
signal has dropped down to be just above the nevat), F — P in s and in km.

Another duration magnitude equation of the samactire has been defined by Lee et al.
(1972) for the Northern California Seismic Netw@NCSN). The event duration, d (in s), is
measured from the onset of the P wave to the pminthe seismogram where the coda
amplitude has diminished to 1 cm on the Develoaofitta viewer screen with its 20 times
magnification. WithA in km these authors give:

Md = 2.00 log d + 0.003A - 0.87 for 0.5 < MI < 5. (3.7)

The location program HYPO71 (Lee and Lahr, 1975pleys Eq. (3.7) to compute duration
magnitudes, called FMAG. But it was found that E2}.7) yields seriously underestimated
magnitudes of events Ml > 3.5. Therefore, seveeal wuration magnitude formulae have
been developed for the NCSN, all scaled to Ml. ©héhe latest versions by Eaton (1992)
uses short-period vertical-component records, analbization of instrument sensitivity,
different distant correction terms far< 40 km, 40 knx A < 350 km andA > 350 km, as well
as a depth correction for h > 10 km.

According to Aki and Chouet (1975) coda waves frtmoal earthquakes are commonly
interpreted as back-scattered waves from numeretesdgeneities uniformly distributed in
the crust. Therefore, for a given local earthquakepicentral distances shorter than 100 km
the total duration of a seismogram is thereforeoalmndependent of distance and azimuth
and of structural details of the direct wave patimf source to station. Also the shape of coda
envelopes, which decay exponentially with time, aem practically unchanged. The
dominating factor controlling the amplitude levéltbe coda envelope and signal duration is
the earthquake size. This allows development cdtitur magnitude scales without a distance
term, i.e.:
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Md =&+ a log d (3.8)

Thus, quick magnitude estimates from local evenesfaasible even without knowing the
exact distance of the stations to the source.

Note: Crustal structure, scattering and attenuation itmmd vary from region to region. No

general formulas can therefore be given. They nudste determined locally for any given
station or network and be properly scaled to the&t beailable amplitude-based Ml scale. In
addition, the resulting specific equation will dadeon the chosen definition for d, the local
noise conditions and the sensor sensitivity atthesidered seismic station(s) of a network.

3.2.5 Common teleseismic magnitude scales

Wave propagation in deeper parts of the Earth isemegular than in the crust and can be
described sufficiently well by 1-D velocity andextiation models. This permits derivation of
globally applicable teleseismic magnitude scal@s. 13 shows smoothed A+elationships
for short-period P and PKP waves as well as fog{period surface waves for teleseismic
distances, normalized to a magnitude of 4.

10° <
N
102 ~
_ ] \ MS= 4
I
(0]
3 10"+
s P PKP
<% ] \ me=4 I/L\\
100 RN -
: \/ / N
/--'/ \
//
/
/
10-1 /
0 40 80 120 160

Epicentral Distance (degrees)
Fig. 3.13 Approximate smoothed amplitude-distance functimnd® and PKP body waves (at

about 1 Hz) and of long-period Rayleigh surface ega{lLR, Airy phase, E 20 s) for an
event of magnitude 4.

29



3. Seismic Sources and Source Parameters

From Fig. 3.13 the following general conclusions ba drawn:

» surface waves and body waves have a different geemnspreading and attenuation.
While the former propagate in two dimension onliage tlatter spread three-
dimensionally. Accordingly, for shallow seismic et® of the same magnitude,
surface waves have generally larger amplitudes blody waves;

» surface wave amplitudes change smoothly with distamhey generally decay up to
about 140° and increase again beyond about 150°-T6 latter is due to the
increased geometric focusing towards the antipddé@ieo spherical Earth's surface
which then overwhelms the amplitude decay duetemaation;

e in contrast to surface waves, theMrelations for first arriving longitudinal waves
(P and PKP) show significant amplitude variatiohise latter are mainly caused by
energy focusing and defocusing due to velocityahsiauities in deeper parts of the
Earth. Thus the amplitude peaks at around 20° @Adhre related to discontinuities
in the upper mantle at 410 km and 670 km depthrdpel decay of short-period P-
wave amplitudes beyond 90° is due to the strongcigl decrease at the core-
mantle boundary (“core shadow”), and the amplitpgak for PKP near 145° is
caused by the focusing effect of the outer core [8g. 11.59).

Other body wave candidates for magnitude determoinsitagain behave differently, e.g. PP
which is reflected at the Earth's surface half wagween the source and receiver. PP does not
have a core shadow problem and is well observet aptipode distances. Furthermore, one
has to consider that body waves are generatediesfig by both shallow and deep
earthquakes. This is not the case for surface waeeordingly, the different AA-h behavior

of surface and body waves requires different cafibn functions if one wants to use them for
magnitude determination.

3.2.5.1 Surface-wave magnitude scale Ms
Gutenberg (1945a) developed the magnitude scali®iMsleseismic surface waves:
Ms =109 Aumax(D) + 0s(d). (3.9)

It is based on measurements of the maximum hortdtrue" ground motion displacement
amplitudes Amax = V(An® + Ag9) of the surface wave train at periods T =2@ s. This
maximum corresponds to the Airy phase, a local mim in the group velocity dispersion
curve of Rayleigh surface waves which arises froenexistence of a low-velocity layer in the
upper mantle (see 2.3). There was no corresponfbingula given for using vertical
component surface waves because no comparablytigenmsnd stable vertical component
long-period seismographs were available at that.tim

The calibration functionos(d) is the inverse of a semi-empirically determinedAA
relationship scaled to an event of Ms = 0, thus pemsating for the decay of amplitude with
distance. Richter (1958) gave tabulated values{gd) in the distance range 2Q°A < 180°
(see Table 3 in DS 3.1).

This relationship was further developed by Eastéumopean scientists. Soloviev (1955)
proposed the use of the maximum ground particleciigl (A/T)max instead of the maximum
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ground displacement A« since the former is more closely related to seisemergy. It also
better accounts for the large variability of pesaat the surface-wave amplitude maximum
(Airy phase) depending on distance and crustalcstre (see 2.3). For most continental
Rayleigh waves the Airy phase periods are around 20d fall indeed within the narrow
period window of 20t 2 s set by Gutenberg. However, periods as small sahave been
observed at 10° and of 16 s at 100° epicentradggts while the largest periods observed for
continental paths may reach 28 s and be still sdraehigher for oceanic paths.

Collaboration between research teams in Praguecdosnd Sofia resulted in the proposal
of a new Ms scale and calibration function, termvamscow-Prague formula, by Karnik et al.
(1962):

Ms =10g (A/Thax+ 0s(8) = log (A/T)nax + 1.66 logA + 3.3 (3.10)

for epicentral distances 2°/A<< 160° and source depth h <50 km. The IASPEI Cdtaenon
Magnitudes recommended at its Zurich meeting in71i& use of this formula atandard
for Ms determination for shallow seismic events (k& 50 km).

Another scale, said to be well calibrated with @gtenberg and Richter Ms scale, however
based on records from 5-s instruments, is usedhbyJapan Meteorological Agency for
regional events only (Tsuboi, 1954):

M(IMA) = log V(An? + Ac?) + 1.73 logA - 0.83
with A in km and A ground amplitudes jum.

Note 1 For 20 s surface waves of the same amplitudes Eq. )(3iBlds, on average,

magnitudes which are about 0.2 units larger tham ohiginal Gutenberg-Richter Ms
according to (3.9) and tabulated in Table 3 of DE. Jhis has been confirmed by Abe
(1981). He gave the following relationship betwéés determinations by NEIC using Eq.
(3.10) and Ms according to Gutenberg-Richter:

Ms(“Prague”, NEIC) = Ms(Gutenberg-Richter) + 0.18. (3.11)

Note 2: EqQ.(3.10) is defined only up to 160°. It does not asddor the amplitude increase
beyond 160°. However, the latter is obvious in tdigulated version of(A)y issued by the
Moscow-Prague-Sofia group (see Table 4 in DS 3.1).

Note 3: As shown in Fig. 3.5, surface-wave spectra from &svesith Ms > 7 and a seismic
moment M > 10° Nm will have their corner period at T > 20 s. Gemsently, Ms scales
based on (A/T)ax measurements for periods=T20 s will systematically underestimate the
size of larger events and saturate around Ms £s8& Fig. 3.18). Such was the case with the
strongest earthquake of the™€entury in Chile 1960, which had a seismic moniégt 2-3

x 107 Nm for the main shock but an Ms of only 8.5 (ses land Wallace, 1995). Several
efforts have therefore been made to develop a mbmagnitude Mw (see 3.2.5.3) and other
non-saturating magnitude scales (see 3.2.6.1 @6.3).

Note 4: There may be significant regional biases due téasarwave path effects. Lateral
velocity variations in the crust and upper mantierall as refraction at plate boundaries may
result in significant focusing and de-focusing efée and related regional over- or
underestimation of Ms (Lazareva and YanovskayabL9ccording to Abercrombie (1994)
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this seems to be the main cause for the anomalmis $urface-wave magnitudes of
continental earthquakes relative to their seisnoen@nts rather than differences in the source
process. Therefore, in order to obtain reliabldyiased estimates of regional seismic strain
rate and hazard, local/regional moment-magnitutigioaships should be preferred to global
ones.

The 1979 edition of MSOP (Willmore 1979) recommetiasuse of the standard formula Eq.
(3.10) for both horizontal and vertical componerBormann and Wylegalla (1975) and
Bormann and Khalturin (1975) used a large globah dset of long-period surface-wave
magnitudes MLH and MLV determined at station MOXerf@any to show that this is
justified. They used (A/T)ax surface-wave readings for the horizontal (H) aedigal (V)
components of instruments of type C (see Fig. 3iiipe magnitude range 3.7 < Ms < 8.2
and adjusted them with the tabled calibration val{i&@ble 4 in DS 3.1) corresponding to Eq.
(3.10). They obtained the orthogonal regressioaticeiship MLV - 0.97 MLH = 0.19 with a
correlation coefficient 0.98 and a standard desmatf only+ 0.11.

The NEIC adopted the vertical component as itsdstahin May 1975 (Willmore 1979), i.e.,
Ms is determined from the Rayleigh-wave maximumyoflable 5 in DS 3.1 may aid in
finding the appropriate part of the record.

Today, both the ISC and NEIC use Eq. (3.10) fordbgermination of Ms from events with
focal depth h < 60 km without specifying the tyden@aves or components considered. The
ISC accepts both vertical or resultant horizontapbktudes of surface waves with periods
between 10 - 60 s from stations in the distanceggah® - 160° but calculates the
representative average Ms only from observatiomsden 20° - 160°. In contrast, the NEIC
calculates Ms only from vertical component readiafystations between 2@°A < 160° and
for reported periods of 18T < 22 s. This limitation in period range is not nezgy and
limits the possibility of Ms determinations frongienal earthquakes.

Very recently Yacoub (1998) presented a methodatmurate estimation of Rayleigh-wave
spectral magnitudes Mby velocity and frequency window analysis of dagjitecords. He
applied it to records of underground nuclear explws in the distance range 5° to 110°and
compared M with the classical time-window magnitude estimatéls, according to EqQ.
(3.10). While both agreed well, in generakMad smaller standard deviations. Another
advantage is that the procedure fog Metermination can easily be implemented for oe-lin
automated magnitude measurements. (Note: Accotdipgoposed specific magnitude names
Mg should be termed MLR; see IS 3.2).

Problems:
1) Herak and Herak (1993) found tlmfA) in the Moscow-Prague formula does not yield
consistent magnitude estimates independeat dhey proposed instead the formula:

Ms =log (A/Thax+ 1.094 logA + 4.429. (3.12)

This formula is based on USGS data, i.e., on ang#ireadings in the period range 18 to
22 s. It provides distance-independent estimat@édsobver the whole distance range 4° <
A < 180°. Ms values according to Eg. (3.12) are btughose from Eq. (3.10) & =
100°, larger by 0.39 magnitude unitsfat 20° and smaller by 0.12 units far= 160°.
Eq. (3.12) is practically equal to the magnituderfolae earlier proposed by von Seggern
(1977) and similar to more recent results obtaimg&ezapour and Pearce (1998).
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2) The possible introduction of Eq. (3.12) as & séandard calibration function for Ni&s
not yet been discussed or recommended by the IASEBEIMIssion on Practice. The
same applies to depth correctionsdgr Empirically derived corrections for intermediate
and deep earthquakes were published by Bath (198&y range between 0.1 and 0.5
magnitude units for focal depths of 50 - 100 km batlveen 0.5 and 0.7 units for depths
of 100 - 700 km. But theoretical calculations byRaet al. (1989) indicate that the depth
correction may already exceed one magnitude umeit éor shallow sources €60 km).
This is confirmed by an empirical formula used aismiic stations in Russia for
determining the depth of shallow earthquakes (hO<kw) from the ratio mB/Ms
(Ochozimskaya, 1974 (in km) = 54 mB — 34 Ms — 107correlation coefficient 0.88).

3) Recently, there has been again a tendencytewndi@e the surface-wave magnitude by
specifying the type of the waves and/or compones&sd, e.g., MLRH or MLRV from
Rayleigh waves and MLQH from Love waves or simplyHland MLV as was the
practice in Eastern Germany in the 1960’s (see Bab). and recommended already in
1967 by the IASPEI Committee on Magnitude at Zuri6lince the newly proposed
IASPEI Seismic Format (see 10.2.5) accepts suchifgqaions in data reports to data
centers, the IASPEI WG on Magnitude Measuremenliseldborate recommendations
for unambiguous standards and “specific” magnituames (see IS 3.2).

3.2.5.2 Magnitude scales for teleseismic body wave

Gutenberg (1945b and c) developed a magnitudeaesdip for teleseismic body waves such
as P, PP and S in the period range 0.5 s to 12 is. based on theoretical amplitude
calculations corrected for geometric spreading (@ndly distance-dependent!) attenuation and
then adjusted to empirical observations from shabbmd deep-focus earthquakes, mostly in
intermediate-period records:

mB = log (A/Thax+ Q(@, h). (3.13)

Gutenberg and Richter (1956a) published a tabla @\) values for P-, PP- and S-wave
observations in vertical (V=2Z) and horizontal (H)ngponents for shallow shocks (see Tab. 6
in DS 3.1), complemented by diagram®3QX) for PV, PPV and SH (Figures. la-c in DS 3.1)
which enable also magnitude determinations forrinégliate and deep earthquakes. These
calibration functions are correct when ground dispment amplitudes are measured in
intermediate-period records and given in micronse(gpm = 10°m).

Gutenberg and Richter (1956a) also proposedifeed magnitude ms a weighted average of
the individual mB values determined for these défe types of body waves. Because of their
different propagation paths they also differ initheequency spectra. In addition, these body
waves leave the source at different take-off angled have different radiation pattern
coefficients. Using these body waves jointly foe ttomputation of magnitude significantly
reduces the effect of the source mechanism on #gnitude estimate. Gutenberg and Richter
(1956a) also scaleah (and thus, in a first approximation, also indivatlunB) to the earlier
magnitude scales Ml and Ms so as to match thesessaamagnitudes between about 6 to 7.
Since mB is based on amplitude measurements atestp@riods than those observed in the
Airy phase of surface waves, the mB scale satusmteewhat earlier than Ms (see Fig. 3.18).

Later, with the introduction of the WWSSN shortipdrls-seismometers (see Fig. 3.11, type

A2) it became common practice at the NEIC to ugectdibration function @, h) for short-
period PV only. In addition, it was recommended th& largest amplitude be taken within
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the first few cycles (see Willmore, 1979) insteddn@asuring the maximum amplitude in the
whole P-wave train. One should be aware that ttastjze was due to the focused interest on
discriminating between earthquakes and undergrouctear explosions. The resulting short-
period mb values strongly underestimated the bodyeamagnitudes for mB > 5 (see Tab.
3.1) and, as a consequence, overestimated the lanegiaency of small earthquakes in the
magnitude range of kt-explosions. Also, mb satarateuch earlier than the original
Gutenberg-Richter mB for intermediate-period bodgves or Ms for long-period surface
waves (see Figs. 3.5 and 3.16). Therefore, the ASPommission on Practice issued a
revised recommendation in 1978 according to whiad maximum P-wave amplitude for
earthquakes of small to medium size should be medsuthin 20 s from the time of the first
onset and for very large earthquakes even up te §fee Willmore, 1979, p. 85). This
somewhat reduced the discrepancy between mB anoumibp any event both are differently
scaled to Ms and the short-period mb necessarilyratas earlier than medium-period mB
(see Fig. 3.5). Interestingly, the effect of therse radiation pattern on the amplitudes used
for mb determination is relatively small (Schweritaad Kvaerna, 1999).

However, some of the national and internationalhags have only much later or not even
now changed their practice of measuring (A:k)for mb determination in a very limited
time-window, e.g., the International Data Centreth® monitoring of the CTBTO still uses a
time window of only 6 s (5.5s after the P onsetyjardless of the event size. In contrast with
this and early practice at the NEIC of measuringj & P-wave records, the Soviet/Russian
practice of analyzing short-period records was géM® measure the true maximum on the
entire record. These magnitudes were denoted asfAnf@®VSKM, using the abbreviation of
the short-period Kirnos instrument type code) ideorto differentiate them from mb of NEIC
derived from short-period Benioff instruments. Nekeless, for the latter, similar
magnitudes were determined for large earthquakeswhking (A/T)max in the whole P-wave
train, e.g., by Koyama and Zeng (1985), denotednas and by Houston and Kanamori
(1986), denotedm, .With respect to saturation, mSKivh, and m, behave much like Ml, as

could be expected from their common frequency ket considering that Ml is determined
also from the maximum amplitude in the whole shpatiod record. Ml saturates around 7.5.

Problems:

1) Despite the strong recommendation of the CommitieeMagnitudes at the IASPEI
General Assembly in Zirich (1967) to report the miagle for all waves for which
calibration functions are available, both the IS@ &EIC continue to determine body-
wave magnitudes only from vertical component speriod P wave readings ofd3 s.

No body-wave magnitudes from PP or S waves arerrdeted despite their merits

discussed above and the fact that digital broadbaedrds, which now allow easy

identification and parameter determination of th&ser phases, are more and more
widely available.

2) Both NEIC and ISC still use for short-period mb etatination the Gutenberg and
Richter (1956a) @Y, h)sz functions although these were mainly derived framd used
for intermediate-period data, as the Q-functions P& and S too. However, in this
context one has to consider that Gutenberg andi®icld not believe in the frequency-
dependent attenuation model. The calibration cuwve® derived by assuming a linear
model for attenuation proportional to exp-0.0000Q6vhere L is the total length of the ray
path from the station to the source. This seemmake the 4, h) functions equally
applicable to 10 s data and 10 Hz data, which istin® case. Duda and Yanovskaya
(1993) showed that theoretical spectral logA-D egyvcalculated on the basis of the
PREM model (see Fig. 2.53), differed in the teleséc distance range between 20° and
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100° for periods of 1 s and 10 s, respectivelyabgut 0.3 to 0.6 and, when calculated for
the ABM attenuation model, by even 0.9 to 1.4 magla units (see Fig. 3.15). Between
1 Hz and 10 Hz these differences are even largdrenMheglecting the frequency-
dependent attenuation, amplitude readings at higfrequency systematically
underestimate the magnitude when scaled with, @fy. For medium-period waves,
however, e.qg., for periods between 4 and 16 sethd#terences become < 0.3 magnitude
units, independent of the attenuation model. Thianother strong argument in favor of
using preferably medium-period or even better bpaad data for the determination of
teleseismic body-wave magnitudes, thus also redumiravoiding the saturation effect.

3) None of the more recent studies (see 3.2.6) hasvext world-wide consideration and
endorsement for routine use, and the major intenmalt agencies are therefore continuing
to apply the tables of Gutenberg and Richter (1938arecommended in 1967 by the
Committee on Magnitudes.

4) No proper discrimination has been made yet atrite¥national data centers between data
readings from different kinds of instruments ortefif although respective
recommendations have already been made at the |&8PEI/IAVCEI General
Assembly in Durham, 1977 (see below).

5) Observations less than 21° or more than 100° areighored although good PP readings
are available far beyond 100° and calibration fiomst QA, h) exist for PPH and PPV up
to 170°. As shown by Bormann and Khalturin (197%B for P and PP waves are
perfectly scaled (orthogonal regression mB(PP) B 0.05 with a standard deviation
of only £0.15 magnitude units!). When using short-period la#oge readings for P and
PP instead, the orthogonal relationship becomesimatg-dependent (mb(PP) = 1.25
mb(P) -1.22) and the standard deviation is muahela¢0.26). This testifies the greater
stability of body-wave magnitude determinationsdabasn medium-period readings.

6) The suitability of PKP readings in the distancegeof the core caustic around 145° and
beyond has also been ignored so far (see 3.2.6.5).

Recommendations:

1) The IASPEI Commission on Seismological Observaton Interpretation with its
WG on Magnitude Measurements must take the leaddammending standards for
magnitude-parameter readings. It should also m®@onomenclature that permits a
more specific and unique reporting of measuremdnds. preliminary discussions
along these lines see IS 3.2. They further devekmier practices (as demonstrated
with Tab. 3.1) and earlier recommendations at thiet jGeneral Assembly of the
IASPEI/IAVCEI at Durham (1977). The latter are reguced in the old MSOP (see
Willmore, 1979, page 124) which is still accessiben the web site
http://216.103.65.234/iaspei.htmmia the links “Supplementary Volumes on CDs”,
“Literature in Seismology”, and then “MSOP”.

2) While these early recommendations for standard matdgn determinations were
based on analog instrument classes as depictetyinr3A1 and given in detalil in
Chapter INST 1.1 of the old MSOP, p. 41, broadbaigdal recordings are becoming
more and more the standard. This requires to defme standard response
characteristics required for standard magnituderdehations in terms of poles and
zeros, with the range of tolerance for approprifiters. These are required to
synthesize these standard responses from origuglally velocity-proportional,
digital broadband records (see 11.3.2).
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3) More recently developed magnitude scales forrtgbgriod and broadband P-wave
readings, PKP and mantle surface waves etc. (&) 3hould be rigorously tested and,
in the case of their suitability and known relasbip to other commonly used scales, be
recommended for standardized routine practice.

3.2.5.3 Moment magnitude Mw

According to Eg. (3.2) and Fig. 3.5 the scalarm@smoment M= D A is determined
from the asymptote of the displacement amplitudecspm as frequency £ 0 Hz and it
does not saturate. Kanamori (1977) proposed, thered moment magnitude, Mw, which is
tied to Ms but which would not saturate. He readoae follows: According to Kostrov
(1974) the radiated seismic strain energy is progaal to the stress drapo, namely k =
Ao D A/2. With Eq. (3.2) one can writes& (Aa/2u) Mo. (For definition and determination
of Mg andAo see IS 3.1 and EX 3.4). Assuming a reasonablefaluthe shear modulysin
the crust and upper mantle (about 8-60* MPa) and assuming that, according to Kanamori
and Anderson (1975) and Abe (1975), the stress dfolarge earthquakes is remarkably
constant (ranging between about 2 and 6 MPa; sge3R9), one gets as an average=E
MJ/2x10" (see Fig. 3.38). Inserting this into the relatltipsproposed by Gutenberg and
Richter (1956¢) between the released seismic straéngy  and Ms, namely

log Es= 4.8 + 1.5 Ms (in Sl units Joule J = Newton métar) (3.14)
it follows:
log Mp=1.5Ms +9.1. (3.15)

Solving (3.15) for the magnitude and replacing MhwIw one gets
Mw = 2/3 (log My — 9.1). (3.16)

Note that Mw scales well with the logarithm of thegpture area (see Eq. (3.107)). The
determination of M on the basis of digital broadband records is bé&egnmcreasingly
standard at modern observatories and network cenfdis applies not only to very strong
and teleseismic events but also to comparablengcali moderate and weak events, both in
the teleseismic and the local/regional range. Tdraputed M, however, depends on details
of the individual inversion methodologies and tieisted Mw may differ. A simple, fast and
robust method of Mw determination from broadbanwvdeforms has been developed by
Tsuboi et al. (1995) for rapid evaluation of thentami potential of large earthquakes.

3.2.6 Complementary magnitude scales
Below we describe several other complementary phaes for magnitude estimation. They

are not (yet) based on internationally recommendtthdards but are also useful for
applications in seismological practice.

3.2.6.1 Mantle magnitude Mm

Okal and Talandier (1989;1990) describe in detad further development and use of a
“mantle magnitude” which was earlier introduced Bsune and Engen (1969). Based on
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observations of very long-period mantle surface egaisee 2.3), Mm was first developed for
Rayleigh waves and later extended to Love waves. iMa magnitude scale which is also
firmly related to the seismic momentyMnd thus avoids saturation. On the other hand, it
closer to the original philosophy of a magnitudaledyy allowing quick, even one-station
automated measurements (Hyvernaud et al., 1998)dthnot require the knowledge of either
the earthquake's focal geometry or its exact déptb.latter parameters would be crucial for
refining a moment estimate and require (globaljvoet recordings. Mm is defined as Mm
log X(w) + Gs + G - 0.90 with X() as the spectral amplitude of a Rayleigh wavamms.

Cs is a source correction, ang @& a frequency-dependent distance correction details of
the correction terms, see Okal and Talandier (E3891990).

Applications of Mm to the reassessment of the mdnoérshallow, intermediate and deep
historical earthquakes are extensively describe®kgl (1992 a and b). Mm is an estimate of
(log Mo - 13) (when M is given in Nm). For the Chile 1960 earthquake IOR®92a)
calculated values Mm 10 to 10.3 and for M= 3.2:16° Nm. Mm determinations were
extensively verified and are said to be accuratabimut+ 0.2 magnitude units (Hyvernaud et
al., 1993).

3.2.6.2 Energy magnitude Me

According to Kanamori (1977) Mw agrees very welttwMs for many earthquakes with a
rupture length of about 100 km . Furthermore, hggested that Eq. (3.14) also gives a
correct value of the seismic-wave energy for eardkgs up to rupture dimensiogsabout
100 km. Thus, he considered the Mw scale to betaralacontinuation of the Ms scale for
larger events. Inserting into the log-HEs relationship the value of Mw = 9.5 for the &hil
1960 earthquake instead of the saturated value BIS ane gets a seismic energy release that
is 30 times larger!

When substituting in Eg. (3.14) the surface-wavgmitade Ms by an energy magnitude Me,
one gets
Me = 2/3 (log E—4.8) (3.17)

which reduces to Me = 2/3 (log W 9.1) = Mw (see Eq. (3.16)) if Kanamori’s corutiti
EJ/Mo = 5-10° holds. This result has been published earlier bycdtu and Berckhemer
(1978). But this is valid only for the average appd stresses (and related stress drop) on
which the Kanamori condition is based. As Choy &uwatwright (1995) showed, apparent
stress, which is related to the ratio g, may vary even for shallow events over a wide
range between about 0.03 and 20.7 MPa. They foystdraatic variations in apparent stress
as a function of focal mechanism, tectonic envirenthand seismic setting. Oceanic
intraplate and ridge-ridge transform earthquaketh wtrike-slip mechanisms tend to have
higher stress drops than interplate thrust earttepiaAccordingly, Me for the former will
often be significantly larger than MwWhe opposite will be true for the majority of tetu
earthquakes: Mw will be larger than Me. Riznichelik892) gave a correlation on the basis
of data from various authors. It predicts (despainer large scatter) an average increase of
Ao with source depth h accordingdo = 1.7 + 0.2 h, i.e., stress drops ranging overNIG@

can be expected for very deep earthquakes. Onther band, Kikuchi and Fukao (1988)
found from analyzing 35 large earthquakes in glitdeanges that$M, = 5110°, i.e., a ratio
that is one order of magnitude less than the cmmdiised by Kanamori for deriving Mw.
Therefore, Me is not uniquely determined by Mw. && Mw can be considerably different.
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A striking example has been presented by G. Chothatspring meeting 2002 of the
American Geophysical Society (see Tab. 3.2 in 3.3\®wadays, with digital broadband
recordings and fast computer programs, it is féastodetermine directly the seismic energy,
Es, by integrating the radiated energy flux in velgetuared seismograms over the duration
of the source process and correcting it for theat$f of geometric spreading, attenuation and
radiation pattern. A method developed by Boatwrighi Choy (1986) is now routinely
applied at NEIC to compute radiated energies fatlgv earthquakes of mb > 5.8 (see 3.3)
but its application is not so trivial and not faseuwith single stations. Using almost 400
events, Choy and Boatwright derived the relation$bi Es-Ms as

log Es= 1.5 Ms + 4.4 (3.18)

It indicates that (3.14) slightly overestimates @n the basis of these direct energy estimates
these authors developed the non-saturating eneagyitnde (see also 3.3.3)

Me = 2/3 (log E—4.4) (3.19)
which yields for earthquakes satisfying Kanamazoaedition
Me = 2/3 log M — 5.80 = Mw + 0.27 (3.20)

l.e., an Me that is somewhat larger than Mw andvianderived from the Gutenberg-Richter
Es/Ms relationship. Me may become significanthgtarfor high stress drop earthquakes and
much smaller than Mw for slow or “tsunami” earthges. The latter may generate a strong
(namely long-period) tsunami but only weak shontiguk ground motion, which may cause
no shaking-damage and might not even be felt bylpesuch as the September 2, 1992
Nicaragua mb 5.3 and Mw 7.6 earthquake (see ak6.9).

A strong argument to use Me instead of Mw is th&bllows more closely the original intent
of the Gutenberg-Richter formula by relating magaé to the velocity power spectrum and,
thus, to energy. In contrast, Mw is related to gbsmic moment Mthat is derived from the
low-frequency asymptote of the displacement spectrGonsequently, Me is more closely
related to the seismic potential for damage while il related to the final static displacement
and the rupture area and thus related more teettertic consequences of an earthquake.

3.2.6.3 Broadband and spectral P-wave magnitudeales

A calibration function A, h) based on broadband recordings of P waves gassdetween
0.01 and 2 Hz) was derived recently by Nolet e{1098). It differs markedly from both £(

h)spand QQ, h)ez.

Duda and Kaiser (1989) recommended instead thendiettion of spectral magnitudes based
on measurements of spectral amplitudes from orevedvandpass-filtered digital broadband
records of P waves. As can be seen from Fig. 2dhquakes of about the same magnitude
mb and recorded within about the same distanceeramay have, depending also on focal
depth and the type of rupture mechanism, very mdiffe amplitudes in different spectral
ranges. This is due to regional differences in amisstress conditions and related stress drop.
Duda and Yanovskaya (1993) also calculated theadesipectral amplitude-distance curves
based on the IASP91 velocity model (Kennett and dahf 1991) and two different
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attenuation models so as to allow the magnitudebredilon of spectral amplitude
measurements (see Fig. 3.15). This effort is aoresp to the problems discussed above. It
also yields smoothed averaged estimates of thatestiseismic spectrum, its spectral plateau,
corner frequency and high-frequency decay and @i, and stress drop of the given event.
Thus one may draw inferences on systematic diftexenn the prevailing source processes
(e.g., low, normal or high stress drop) and relatetbient stress conditions in different source
regions. However, this is not so much the concémsesmological routine practice, which is
aimed at providing a simple one (or two) paramsiee-scaling of seismic events for general
earthquake statistics and hazard assessment. Ritisels more a research issue, which can
be best tackled, along with proper quantificatibrearthquake size, by determining both Me
and Mw or analyzing both j&nd the shape of the overall source spectrumh®nther hand
there is merit in determining the maximum spectalplitude Amax Of ground velocity
directly from velocity broadband records by filtegithem with constant bandwidth around
the predominant period of the considered body-wgweup and correcting it for the
frequency-dependent attenuation. This should y#lgaturation-free mB based on simple
amplitude and period measurements at a singl®@statinich comes closest to Me and thus to
the original intention of Gutenberg for the telsseic body-wave magnitude. Preconditions
are that the period of \Aax is within the passband of the velocity responsktae frequency-
dependent attenuation is sufficiently well knownc an mB, given together with the period
of Avmax allows to assess the frequency content wherenth@mum seismic energy has been
released. This is of great importance for asseshmgamage potential of a given event.
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Fig. 3.14 Examples of broadband digital records proportidnagjround velocity of the P-
wave group from two earthquakes of similar magretudb in different source regions
(uppermost traces) and their one-octave bandpleetl outputs. The numbers 1 to 9 on the
filtered traces relate to the different center @esi between 0.25 s (1) and 64 s (9) in one-
octave distance. Note that the event record orlefthdnas its maximum ground velocity (or
maximum A/T) at trace 7, which corresponds to aereperiod of 16 s while itis at 1 s in the
case of the records from the Kuril earthquake @dgrom Duda, 1986; with permission of
the BGR Hannover).
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Fig. 3.15 Spectral amplitude-distance curves (in one-octadeps3$ as calculated for the
IASP91 velocity model (Kennett and Engdahl, 1991d two alternative Q-models according
to Liu et al. (1976) as in the PREM model (uppergdam) and according to the ABM model
of Anderson and Given (1982) (lower diagram) (miediffrom Tectonophysics, Vol. 217,
Duda and Yanovskaya, 1993, Fig. 5, p. 263; withmpesion from Elsevier Science).

3.2.6.4 Short-period P-wave magnitude scale

Veith and Clawson (1972) developed a calibrationcfion, PQ, h)sp , for short-period
vertical-component P waves (Fig. 3.16) using daienfunderground nuclear explosions. It is
consistent with observations and present-day casadmattenuation. It looks much smoother
than the curves @( h)z published by Gutenberg and Richter (1956a) andmbtes an
inverse AA relationship for short-period P waves (see Fi@3B.For shallow events mb(P)
values agree well with mb(Q) (average difference @03 magnitude units; Veith, 2001) but
have less scatter. For deeper events, however,)nthfystematically lower than mb(Q) (up
to about 0.4 magnitude units) due to a differetematation law assumed in the upper mantle
and transition zone (Veith, 2001). Deviating froime tuse of the Gutenberg-Richter Q
functions, P values as given in Fig. 3.16 havedaubed in conjunction with maximum P-
wave peak-to-trough (2A) displacement amplitudesnits of nm (instead qim). The Veith-
Clawson calibration functions £( h) for short-period mb determination should beefidly
considered by the IASPEI WG on Magnitude Measurdsmand existing discrepancies for
deep earthquakes should be clarified. IAPK) in its present form or corrected for the
currently best available attenuation model for speriod P waves promises to yield more
reliable and stable mb values than mb(Q) its intobdn as a new standard may be
considered. Some related discussion is given below.
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Fig. 3.16 Calibration functions B, h) for mb determination from narrow-band vertical
component short-period records with peak displacénmagnification around 1 Hz
(WWSSN-SP characteristic) according to Veith andw@lon (1972)Note: P values have to
be used in conjunction with maximum P-wave peakdogh (2A!) amplitudes in units of
nanometers (1 nm = Pn). (Modified from Veith and Clawson, Magnitude fishort-period
P-wave data, BSSA, 62, 2, p. 448,Seismological Society of America).

The Veith-Clawson magnitude calibration functions afficially used by the IDC in Vienna
for mb determination although the IDC filter appli¢o the digital velocity-proportional
broadband data prior to the amplitude measuremfamtamb results in a displacement
response peaked around 4.5 Hz instead of around asHequired for the use of(h).
According to the spectral logA-D curves calculabgdDuda and Yanovskaya (1993) for the
PREM attenuation model, logA is, in the distancegebetween 10° and 100°, at 5 Hz at
least 0.1 to 0.5 units smaller than at 1 Hz. Theiadi®en may be even larger for other
attenuation models (e.g., ABM; see Fig. 3.15). Thhe use of B, h) in conjunction with
the IDC filter response is physically not correatidends to systematically underestimate mb.
This is further aggravated by the fact that IDCed@iines Anax Within a time window of only

5 s after the P onset. This heuristic procedurdoagh very suitable for a best possible
discrimination between earthquakes and undergr@xpibsions on the basis of the mb/Ms
criterion (see 11.2.5.2), is not appropriate, hasvefor proper earthquake scaling, at least for
larger events with corner frequencigsfl Hz and multiple rupture process longer than 5

Granville et al. (2002) analyzed 10 medium-sizéheprakes in the depth range > 0 km to 530
km and with magnitudes mb between 6.4 and 6.8 douprto the PDE (Preliminary
Determination of Epicenters) reports of the Unitdtes Geological Survey (USGS) and 13
underground nuclear tests (UNTs) with PDE magnguddé between 4.6 and 6.1. They
compared these data, which were derived from si@dl8®/WSSN-SP records, by using the
traditional procedure of mb determination basedhenGutenberg-Richter Q-functions, with
a) the mb for the same WWSSN-SP data but calibnatddthe Veith-Clawson relationship
and b) the body-wave magnitudes reported in the RE®/iewed Event Bulletin) of the
PIDC. From this study the following conclusions &erawn:
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» the agreement between mb(Q) (Gutenberg-Richter) rab@) (Veith-Clawson)
based on WWSSN-SP data was reasonably good fordhidquakes (average
difference mb(Q)-mb(P) = 0.2);

» for underground explosions (only shallow-depth ésgrithe agreement was even
better (average mb(P)-mb(Q) = 0.09);

e the average discrepancy between mb(P) and mb(PIEBYRs much larger (0.5
magnitude units), although the latter are also escalith the Veith-Clawson
calibration functions. For 63% of the earthquaksesbations the difference was at
least 0.4 mb units, and several of them had evemhbnoffset greater than 1
magnitude unit!;

e in contrast, the average discrepancy between na(@)mb(PIDC/REB) is 0.0 and
75% of the observations fall between — 0.1 and;+0.1

* the PIDC (now IDC in Vienna) procedure is adequate mb determination of
underground nuclear explosions, but not for eardkgs.

3.2.6.5 Short-period PKP-wave magnitude

Calibration functions @, h)p for short-period amplitude and period readingsnfial three
types of direct core phases (PKPab, PKPbc and BKRaE been developed by Wendt (see
Bormann and Wendt, 1999; explanations and Figure[3S 3.1). These phases appear in the
distance rang@ = 145° - 164° (see Fig. 3.13, Figs. 11.62-63 aigdifleé 1 in EX 11.3) with
amplitude levels comparable to those of P wavdbendistance range 25°A< 80°. Many
earthquakes, especially in the Pacific (e.g., TeRgaKermadec Islands) occur in areas with
no good local or regional seismic networks. Ofteaste events, especially the weaker ones,
are also not well recorded by more remote statioriee P-wave range but often excellently
observed in the PKP distance range, e.g., in Qdatn@pe. This also applies to several other
event-station configurations. Available seismiomfation from PKP wave recordings could,
therefore, improve magnitude estimates of eventsvett covered by P-wave observations.

3.2.6.6 Lg-wave magnitudes

Sg and Lg waves (see 2.3.3), recorded at locakregidnal distances and with periods T < 3
s, are often used for magnitude determination. tapagates well in continental platform
areas and may be prominent up to about 30°. Lg matgs are calibrated either with respect
to (or in a similar way as) Ml or to teleseismic .np the latter case they are usually termed
mbLg or Mn (Ebel, 1982). Lg magnitudes allow rate&ble magnitude estimates with small
scatter. NEIC uses the original formulas derivedNbstli (1973) for eastern North America:

mbLg = 3.75 + 0.90 oty + log(A/T), for 0.5°< A < 4° (3.21a)
mbLg = 3.30 + 1.66 laly + log(A/T), for  4°< A < 30°. (3.21b)

where A is the ground amplitude of the Lg trace mmasxn inpm and T its period in the range
0.6 s< T < 1.4 s. Bath et al. (1976) developed a similar tgjes for Sweden which is widely
used in Scandinavia. Street (1976) recommendedfi@dimblLg magnitude scale between
central and northeastern North America. HerrmarchMuitli (1982) showed (later also Kim,
1998) that mbLg values are commonly similar to Milen based on amplitude readings with
periods around 1 s. They also proposed to defiggomal attenuation relations so that
mbLg/Mn from different regions predict the samermsaurce ground motions. Herrmann and
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Kijko (1983) developed a frequency-dependent scategy(f) in order to broaden the
frequency domain within which mbLg is applicabldeE(1994) proposed mLg(f), calibrated
to mb and computed with appropriate Lg spatialnais¢ion functions, to become the standard
for regional seismic networks in northeastern Ndktherica. Ambraseys (1985) published
calibration @ (for Sg and Lg) and R (for crustal Rayleigh waves), respectively that ar
applicable for northwestern European earthquakéseidistance range 0.5° <D < 11°.

Stable single-station estimates of magnitudes fidevada test site underground nuclear
explosions have been made by Mayeda (1993) usidg llg-coda envelopes. As compared
with Lg-magnitude estimates using third peak or RMS8plitudes, these coda magnitudes
have generally a five times smaller scatter (0d®8.04 magnitude units only). Rautian et al.
(1981) had proposed earlier the use of coda andgljtaot duration, in the definition of coda-
based magnitude. They designed two particular sdadsed on the records of short-period
(SP) and medium-period (MP) instruments. A scale¢hi$ kind is used routinely by the
Kamchatka seismic network (Lemzikov and Gusev, 198he main advantage of such
magnitude scales is their unique intrinsic accuraegn a single-station estimate has a root-
mean-square (RMS) error of only 0.1 or even less.

3.2.6.7 Macroseismic magnitudes

Other efforts are directed at developing magnitsckdes which are best suited for earthquake
engineering assessment of potential damage ands#isinic risk. These efforts go in two
directions: by relating M to macroseismic intengignd/or shaking area, Ar by focusing on
the high-frequency content of seismic records.

Macroseismic magnituded,s are particularly important for the analysis andtistical
treatment of historical earthquakes. They wereailhyt proposed by Kawasumi (1951) as the
intensity at the 100 km distance, following Rictgetefinition of Ml as closely as possible.
This approach is physically quite reasonable bexémsmost earthquakes a distance of 100
km is already the far field and source finiteneas be ignored. This approach was further
developed by Rautian et al. (1989). On the othadhg based definitions implicitly assume
the point source model and must be often misleaddigourse, with historic catalogs, there
is no other way. There are three main ways to ceéenmacroseismic magnitudes:

1) Mpsis derived from the epicentral intensity (or the maximum reported intensity,
Imay @ssuming that the earthquake effects in the ppmlearea are more or less
representative of the strength of the event;

2) Mpsis derived from taking into consideration the whahacroseismic field, i.e., the
size of the shaking is related to different degreksntensity or the total area of
perceptibility, A;

3) Mnsis related to the product P &#X4 A which is nearly independent of the focal depth,
h, which is often not reliably known.

Accordingly, formulae for Ms have the general form of
Mms=ab+b, (3.22)

or, whenever the focal depth h (in km) is known
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Mms=cb+logh+d, (3.23)
or, when using the shaking area @n kn?) instead,
Mms=elog A +f (3.24)

with A; in kn’ shaken by intensitieswith i > 11, ..., VIII, respectively. Sometimes the mean
radius R of the shaking area related to a given isoseismahsity is used instead of the area
A and (3.22) is then written (e.g., by Greenhalgal 1989 and with Msscaled to M) as

Mms=glog R?+hlog R +]j. (3.25)

In these relationships a through j are differenhstants. They have to be determined
independently for different regions. Most often,Ms scaled to MI which has proven to be
best related to earthquake damage and enginegrpigations. Examples for regionally best
fitting relationships according to equation (3.22)3.25) have been published for California
and Western Nevada by Toppozada (1975), for Italyihti et al. (1987) and for Australia by
Greenhalgh et al. (1989). For Europe, the relaligmdy Karnik (1969) yields the best
results:

Mms=0.5 b+ log h + 0.35. (3.26)

Frankel (1994) compared felt area and moment madst for California with its young

mountain ranges with a global data set of earthemiak stable continental regions (SCRS)
such as central USA ( Fig. 3.17). The main reasothat the average attenuation is at
frequencies around 2-4 Hz, which is the range ef haman perceptibility to ground shaking,
Is very different in these regions. After Franke994), Q is about 490 and 1600, respectively.
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Fig. 3.17 Felt area A(in kn") plotted against moment magnitude,, Nbr global data from
stable continental regions (SCR) (open circlesmfrdohnston, 1993) and California data
(triangles, from Hanks et al., 1975; Hanks and 3tdm 1992). Solid and dashed lines are fits
according to an equation given by Frankel (1994)difred from Frankel, Implications of felt
area-magnitude relations for earthquake scaling thedaverage frequency of perceptible
ground motion, Bull. Seism. Soc. Am., Vol. 84, Np.Fig. 1, p. 463, 1994] Seismological
Society of America).
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Another Mys scale based on P &4 A (in km®) had been published by Galanopoulos (1961):
Mms=1log P + 0.2 (log P — 6). (3.27)

A macroseismic magnitude scaled to the body-wavgnmade of Central United States
earthquakes in the range Zmb< 5.5 was developed by Nuttli and Zollweg (1974):

mb = 2.65 + 0.098 log A 0.054 (log A)>. (3.28)

It is applicable for magnitude estimates of centhaited States earthquakes with felt areas of
shaking A< 10° km? for which there are intensity maps but no instrotakdata available.

A related problem is the determination of magnitudg prehistoric and historic (pre-
instrumental) earthquakes from dimensions (lengthwldth W and/or dislocation D) of
observed seismo-dislocations (e.g., Khromovskikd891 Wells and Coppersmith, 1994;
Mason, 1996) based on correlation relationshipsdet magnitudes and respective field data
from recent events (see 3.6).

3.2.6.8 High-frequency moments and magnitudes

Koyama and Zheng (1985) developed a kind of sheribd seismic moment Mwhich is
related to the source excitation of short-periddre& waves and scaled to ratcording to

logM;=1.24 mb +10.9 (with Mn J = Nm). (3.29)

They determined Mfrom WWSSN short-period analog recordings by amglyan innovative
approximation of spectral amplitudes

Y(f) = 1.07 Anax (t/fo)*? (3.30)

with Anax - maximum amplitude of- dominant frequency and- a characteristic duration of
the complicated wave-packets. They analyzed mane 990 short-period recordings from 79
large earthquakes throughout the world in the mameerge 7.5¢ 10" < Mg < 7.5x 1072 Nm.
M; did not saturate in this range!

More recently, Atkinson and Hanks (1995) proposéiba-frequency magnitude scale
m =2 logays +3 (3.31)

with ap; as the high-frequency level of the Fourier amgitspectrum of acceleration in cm/s,
l.e., for f >> {. They use average or random horizontal compormr@lerometer amplitudes
at a distance of 10 km from the hypocenter or fitbwn closest fault segmenh has been
scaled to the moment magnitulte= Mw for events of average stress drop in eadtenth
America and California. WheM is known,m is a measure of stress drop. For large pre-
instrumental earthquakes can more reliably be estimated th&h from the felt area of
earthquake shaking (see 3.2.6.7). When used tagethand M provide a good index of
ground motion over the entire engineering frequdrayd, allow better estimates of response
spectra and peak ground motions and thus of seisaziard.
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3.2.6.9 Tsunami magnitudes

A different kind of magnitude is the tsunami magdescale M. According to Abe (1989)
M =log Hnax+ alogA + C (3.32)

where Hhax is the maximum single (crest or trough) amplitwfetsunami waves in m as
measured by tide-gage records and /or as derivaad fnaximum inundation height -
epicentral distance in km to the respective tidéicah and a and C - constants (a was found to
be almost 1). In case of the long-wave approximmatie., with tsunami wavelengths being
much larger than the bathymetric depths, the mamirtaunami height is strictly related to the
maximumyvertical deformation of the ocean bottomgfdx, and thus to the seismic moment
Mo. M; was calibrated, therefore, with the average camdi¥l; = Mw for the calibration data
set. This resulted in:

M = log Hnax + lOgA + 5.8. (3.33)

(3.33) shows no saturation. For the Chile earthquaR60 M = 9.4 while M, = 9.5.
Sometimes, very slow but large ruptures with adasgismic moment cause much stronger
tsunami than would have been expected from theifasel wave, energy or body-wave
magnitudes Ms, Me or mb, respectively. Such evangscalled "tsunami earthquakes". A
striking example is the April 1, 1946 Aleutian émtiake with Ms = 7.3 and M 9.3. Such
strong but very slow earthquakes may have negjigsiohall energy in the high-frequency
range and cause no or only minor shaking damagep@@graph below Eq. 3.20).

3.2.7 Relationships among magnitude scales

Gutenberg and Richter (1956a and b) provided caiogl relations between various
magnitude scales:

m =2.5+0.63 Ms (3.34)
m =17 +0.8 Ml - 0.01 M| and (3.35)
Ms = 1.27 (Ml - 1) - 0.016 M| (3.36)

where m is the unified magnitude as the weightedm& the body-wave magnitudes mB
determined from medium-period recordings. Pradiictthe same relation as (3.34) was
derived later by Abe and Kanamori (1980): mB = 2.6.65 Ms, which is good up to Mw =
8-8.5; thereafter it shows saturation. Note, howewden using Eq. (3.34) and Eqg. (3.84) in
section 3.6.2 that the average difference betwieerGutenberg-Richter Ms and the “Prague”
Ms is about 0.2 magnitude units (see Eqg. (3.11).

Note that all these relations resulted from singd@edom-variable parameter regression
analysis assuming that the independent variablenX{e right side of the equation) is known
and not afflicted with random errors and that theadscatter observed is due to random errors
in the Y- (ordinate) direction only. Often they aveongly applied, e.g., by solving Eq. (3.34)
for Ms and calculating Ms for short-period mb vauas published by international data
centers and finally calculating seismic energyi Es-Ms relationships (see 3.6). Note that
Eq. (3.34) is an optimal estimator for mB but not Ms! In fact, both mB and Ms
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determinations are afflicted with random errors d&ath account for the data scatter in an
empirical mB-Ms diagram. Therefore, only a two ramdvariable parameter regression (so-
called "orthogonal regression”) analysis yieldsaiuns which can be used both ways for
optimal parameter estimation (Bormann and KhaltutBv5; Bormann and Wylegalla, 1975,
Ambraseys, 1990). Equivalent to it are non-lineaaXimume-likelihood” regressions as they
have been systematically applied by Gusev (199i)uestigate the relationship between Mw
and the magnitudes mb (withhA within first few seconds only), mSKM (with A in the

whole P-wave group), mBn, and m,, Ml, Ms, and M(JMA) in both graphic and tabular

form. Another paper comparing different magnitudales was published by Utsu (1982).
When using medium-period readings of P and surfaaees in displacement broadband
records of type C (Kirnos SKD; see Fig. 3.11) ample random parameter regression,
practically identical relationships to Eq. (3.34¢n& found both by Bune et al. (1970) on the
basis of records of the former Soviet station nekwand by Bormann and Wylegalla (1975)
for a single station in Germany (MOX; magnitudegad.7 to 8.5). The latter is

MPV = 2.5 + 0.60 MLH. (3.37)
Note that the related orthogonal regression to(BE®7), calculated for the same data set, is
rather different:

MPV - 0.70 MLH = 1.83 (3.38)
and that the respective best fitting single rangmrameter regression with respect to MLH is

MLH =-1.54 + 1.25 MPV. (3.39)
The latter is clearly different from

MLH =-4.17 + 1.67 MPV (3.40)
which one gets when resolving incorrectly Eq. (3.8 MLH. As compared to Eq. (3.39),
Eq. (3.40) results in an overestimation of MLH lipoat 1.2 magnitude units for mB = 8 and

an underestimation of 0.8 units for mB = 5!

The single random-parameter regression relatiortséiyween short-period mb and Ms is very
different from Eq. (3.34), namely, according to Gam (1971),

mb = (0.47+ 0.02) Ms + (2.72 0.09) (3.41)

for a global station-earthquake data set. Thisesyuery well with the single-station average
formula derived by Karnik (1972) for the Czech statPruhonice (PRU):

mb(sp, PRU) = 0.47 MLH + 2.95. (3.42)
The orthogonal correlation between surface-waveniagdes determined from vertical and
horizontal component recordings using the so-cdliejue-Moscow calibration function Eq.

(3.10) is, according to Bormann and Wylegalla ()9n&arly ideal, namely:

MLV - 0.97 MLH = 0.19 (3.43)
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with a standard deviation of only 0.11 and a catieh coefficient of r = 0.98. This clearly
justifies the use of this calibration function, whiwas originally derived from horizontal
amplitude readings, for vertical component (Rayleigave) magnitude determinations, too.

When using medium-period broadband data only, ttleogonal regression relation between
magnitude determinations from PV and PPV or SH wavespectively, are almost ideal.
Gutenberg and Richter (1956a) had published Q-immgtfor all three phases (see Figures
la-c and Table 6 in DS 3.1). Bormann and Wylegdl®/5) found for a global earthquake
data set recorded at station MOX the orthogonsi fit

MPPV - MPV = 0.05 (3.44)
with a standard deviation of ordy0.15 magnitude units and
MSH - 1.1 MPV = - 0.64, (3.45)

with a standard deviation af 0.19 and magnitude values for P and S waves, wdiftdr in

the whole range of MPV(=mB) between 4 and 8 less t©.25 units from each other. This
confirms the good mutual scaling of these origlmadly-wave calibration functions with each
other, provided that they are correctly appliedhedium-period data only. Therefore, it is not
understandable why the international data centersad encourage data producers to report
also amplitudes from PPV and SH waves for propterdenation of mB.

Kanamori (1983) summarized the relationship betw#en various magnitude scales in
graphical form (Fig. 3.18). It also gives the rasi@é uncertainty for the various magnitude
scales due to observational errors and intrinsigatians in source properties related to
differences in stress drop, complexity, fault getbgnand size, source depth etc. The range of
periods for which these magnitudes are determimedaat mb:=1 s; for Ml: = 0.1 - 3 s; for
mB: = 0.5 - 15 s; for Ms= 20 s and for Mw= 10 - o s. Accordingly, these different
magnitude scales saturate differently: the shanedominating periods the earlier saturation
occurs, i.e., for mb around 6.5, Ml around 7, mBlabut 8 and Ms at about 8.5 while Mw
does not saturate. This is in good agreement \wehgeneral conclusions drawn on the basis
of seismic source spectra (see Fig. 3.5).
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Fig. 3.18 Relations between magnitude scales (reprinted ffectonophysics, 93, No. 3/4
Kanamori, Magnitude scale and quantification otlegwakes, 1983, Fig. 4, p. 193; with
permission from Elsevier Science Publishers). Nlogesaturation of mb, mB, Ml and Ms.
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Ambrasseys (1990), in an effort to arrive at umfomagnitudes for European earthquakes,
re-evaluated magnitudes in the range 3 < M < 8.ddaved the followingorthogonal
regression relationshipetween the various common magnitude scales:

0.75mb - 0.66 mB = 0.21 (3.46)
0.77 mb - 0.64 Ml = 0.73 (3.47)
0.86 mb - 0.49 Ms = 1.94 (3.48)
0.80 MI - 0.60 Ms = 1.04 (3.49)

with mb being determined according to the ISC pdoce from short-period P-wave

recordings and mB using medium-period P-wave rexoftiese relations can be solved for
either one of the two variables. Other relationshiyave been published by Nuttli (1985)
which allow estimating Ms for plate-margin earthkeswhen mb is known. For mb > 5 their
results differ less than 0.2 magnitude units froiwse of EQ. (3.48) when solved for Ms.

3.2.8 Summary remarks about magnitudes and their perspecte

Magnitude was originally intended to be a meast@i@acthquake size in terms of the seismic
energy k released by the sourcesg, Bvhich is proportional to the squared velocitygobund
motion, can theoretically be obtained by integmatigpectral energy density over all
frequencies contained in the transient waveform, ef the P-, S- or surface-wave train. This
procedure could not be carried out efficiently wathalog recordings. Therefore, Gutenberg
(1945 a, b and c) assumed that the maximum amplibbderved in a wave group was a good
measure of the total energy in that arrival. Aassical seismographs were relatively
broadband displacement sensors, he obtained a mea$uground motion velocity by
dividing the measured maximum ground displacemgnthie associated period [see EQs.
(3.10) and (3.13) for surface- and body-wave mageis]. Note, however, that the related
calibration functions did not account for frequem®pendent attenuation. Calibration
functions are, therefore, usually applied only ovather limited frequency ranges, e.g.,
around 1 Hz and 0.05 Hz, respectively.

According to Fig. 3.5, magnitude can be a reasenai@asure of &only if it samples the
maximum amplitudes in the velocity spectrum whidecw at the corner frequencydf the
displacement "source spectrumi'decreases with increasing seismic moment and, witis
magnitude. Most classical band-limited seismic rdicys sampled the ground motion over a
bandwidth of not more than 0.3 to 0.9 decades Fsge3.11). Hence, sampling of spectral
amplitudes at frequencies smaller or larger thaof the wave spectrum underestimates the
maximum ground velocity and, thusg.Hhis is the case for the body-wave magnitude mb,
which is determined from narrow-band short-periedordings centered around 1 Hz, for
magnitudes larger than about 5. Similarly, Ms, whi determined from surface waves with
T = 20 s, underestimates maximum ground velocity asnfdiBEMs < 6 and for Ms> 7.5.

One must also recognize that all band-limited miagieis saturate, e.g., mb saturates for
magnitudes > 6.5 and Ms saturates for magnitudabout 8.5. However, mB, determined
from medium-period records saturates later than (sd® Fig. 3.18). To overcome this
problem, magnitude determinations should be basedroadband digital recordings with a
bandwidth of ideally about 4 decades or even nordy then it can be assured that the peak
of the ground-velocity spectrum as well as a fairt pf higher and lower frequencies on both
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sides of the corner frequency are covered withm plassband of the seismograph. This
passband is sufficient to allow determination ofhbthe scalar seismic momeng Nand the
associated moment magnitude Mw) and the radiatedggrk (and the associated energy
magnitude Me). Both Mw and Me do not saturate. Hewenote that they express different
aspects of the seismic source and may differ byertttan one magnitude unit (see Tab. 3.2).
Also, direct determination of &is not trivial and requires a good distribution st&tions.
Nevertheless, a single station, when equipped aitlelocity-proportional digital broadband
sensor, could easily determine a non-saturating(se® 3.2.6.3) by sampling the maximum
amplitudes of ground velocity. Such an mB mightabgood preliminary estimate of Me and
the high-frequency energy released by the sourhés ileeds to be tested with real data,
however, the required frequency-dependent caldmdtinctions are not yet well established.
This should become a priority task of the IASPEI WiGmagnitudes.

Despite the advantage of more physically baseddbarad magnitudes, the overwhelming
majority of magnitude data is and will continuelde based for quite some more time on
band-limited recordings using the classical forraultn many earthquake-prone regions,
particularly those lacking historical macroseisrdata and strong-motion records, seismic
hazard assessment rests on the availability of datdn Moreover, band-limited magnitudes
sometimes have value for purposes other than errgyoment estimates. E.g., the mb/Ms
ratio is a very powerful teleseismic discriminatoetween earthquakes and underground
nuclear explosions, and Ml is, at least up to medaize earthquakes, well scaled with
macroseismic intensity and, thus, damage. Therefagnitudes of different kinds will still
be needed in the foreseeable future. Their propey owever, requires an understanding of
their potentials, limitations, original definitiorsd mutual relationships. Finally, one has to
assure the long-term continuity and stability of gm#ude values according to agreed
standards of measurement by annotating differeginrmades in an unambiguous way (see IS
3.2), and by refraining from one-sided, internatibn unrecognized and improperly
documented changes in procedures which may cagséirachanges in earthquake catalogs.
This section aimed at creating awareness and getiamdards on this important issue.

3.3 Radiated seismic energy and energy magnitudé&. L. Choy
and J. Boatwright)

3.3.1 Introduction

One of the most fundamental parameters for desgribin earthquake is radiated seismic
energy. In theory, its computation simply requiegsintegration of radiated energy flux in

velocity-squared seismograms. In practice, energg historically almost always been

estimated with empirical formulas. The empiricapagach dominated for two major reasons.
First, until the 1980’s most seismic data were @gah format which was not amenable to
spectral processing on a routine basis. Secondacanrate estimate of radiated energy
requires the analysis of spectral information kadtbve and below the corner frequency of an
earthquake, about which energy density is moshgtygeaked.

Prior to the worldwide deployment of broadband rmeisieters, which started in the 1970’s,
most seismograms were recorded by conventionamseigphs with narrowly peaked
instrument responses. The difficulties in procegsinalog data were thus compounded by the
limitations in retrieving reliable spectral inforti@an over a broad bandwidth. Fortunately,
theoretical and technological impediments to threaicomputation of radiated energy have
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been removed. The requisite spectral bandwidthois recorded digitally by a number of
seismograph networks and arrays with broadband bddapa and frequency-dependent
corrections for source mechanism and wave propagatie better understood now than at the
time empirical formulas were first developed.

3.3.2 How is radiated seismic energy measured?
3.3.2.1 Method

The method described below for estimating the tadiaseismic energy of teleseismic
earthquakes is based on Boatwright and Choy (198élocity-squared spectra of body
waves are corrected for effects arising from souneehanism, depth phases, and propagation
through the Earth.

For shallow earthquakes where the source functbdgect and surface-reflected body-wave
arrivals may overlap in time, the radiated enerfyg B-wave group (consisting ¢, pP and
sP) is related to the energy flux by
p 2
ES=4m <pP>? (iJ Egp (3.50)
=

where the P-wave energy fluep , is the integral of the square of the ground vigjptaken
over the duration of the body-wave arrival,

Eqp =,00’j0°°l.J (t)*dt (3.51)

Here, Uis velocity, which must be corrected for frequemigpendent attenuatiop;anda are
density and velocity at the receiver, respectivel’>? is the mean-square radiation-pattern
coefficient forP waves;R” is theP-wave geometrical spreading factf* is the generalized
radiation pattern coefficient for tiewave group defined as

(FQP)Z = (F P)Z +(P’\P Fpp)2 +2:%1(§P Fsp)z (3.52)
. O O

whereF' are the radiation-pattern coefficients for P , pP, andsP, PP and SPare plane-
wave reflection coefficients gdP andsP at the free surface, respectively, corrected fee-r
surface amplification; angis 15.6, the ratio o&wave energy t®-wave energy (Boatwright
and Fletcher, 1984). The correction factors exijitake into account our knowledge that the
earthquake is a double-couple, that measurementshefwaveforms are affected by
interference from depth phases, and that energuaristioned betwee® and S waves. For
teleseismically recorded earthquakes, energy istedi predominantly in the bandwidth 0.01
to about 5.0 Hz. The wide bandwidth requires adesgy-dependent attenuation correction
(Cormier, 1982). The correction is easily realized the frequency domain by using
Parseval’s theorem to transform Eq. (3.51),

Eop = p—:f: (wf ete de (3.53)

where t« is proportional to the integral over ray path bé timaginary part of complex
slowness in an anelastic Earth. An appropriate aiper valid over the requisite broad
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bandwidth, is described by Choy and Cormier (1986} shown in Fig. 3.19. Theg' of the
P-wave operator ranges from 1.0 s at 0.1 Hz to @62s0 Hz.
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Fig. 3.19 Teleseismicts derived by Choy and Cormier (1986) plotted as action of
frequency for a surface-focus source and a sumre@aver at a distance of 60°. The split in
the curve at frequencies higher than 0.3 Hz indic#te variation in regional’ expected for
different receiver sites. In practice the meanhsd two curves is used for the attenuation
correction.

The numerical integration of Eq. (3.53) is limitiedeither the frequency at which signal falls
below the noise level (typically at frequenciesagee than 2.0-3.0 Hz) or to the Nyquist
frequency. If this limiting or cutoff frequencyy is greater than the corner frequency, the

remainder of the velocity spectrum is approximabgda curve that falls off byw™. In
practice, therefore, Eq. (3.53) consists of a nucaklnntegral, N, truncated atw:, and a
residual integral,R, which approximates the remainder of the integrat to infinite
frequency,

ggp = PAN + paR (3.54)

where, as shown in Boatwright and Choy (1986),

w 2
R=2 i) (3.55)
T
in which Uc is the attenuation-corrected value of velocity.at

Although teleseismiSH and S\fwave groups from shallow earthquakes can be aedlyz
through a straightforward extension of Eq. (3.50)dascribed in Boatwright and Choy
(1986), shear waves suffer substantially more a#tBon in propagation through the Earth
than theP waves. The loss of seismic signal due to shear wtem usually precludes
retrieving useful spectral information for frequaschigher than about 0.2-0.3 Hz for all but
the largest earthquakes. Thus, for the routine esitom of energy, it is more practical and
more accurate to use only tiewave group (Egs. (3.50) and (3.53)). The formula for
computing the total radiated energy when using>tweave group alone is

Es=(1+0Q)Es. (3.56)
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3.3.2.2 Data

Data used in the direct measurement of energy isatstfy three requirements. First, the
implementation of Eqg. (3.53) requires that the ggyodata contain spectral information
about, above and below the corner frequency ofaainguake. Because the corner frequency
can vary from earthquake to earthquake dependirgparce size and rupture complexity, the
bandwidth of the data must be sufficiently widetsat it will always cover the requisite range
of frequencies above and below the corner frequeRoy body waves from teleseismically
recorded earthquakes, a spectral response thétisofground velocity between 0.01 Hz
through 5.0 Hz is usually sufficient. The seconguiezment is that the duration of the time
window extracted from a seismogram should corredgorthe time interval over which the
fault is dynamically rupturing. As shown by the exdes in Fig. 3.20, when broadband data
are used, delimiting the time window is generaliequivocal regardless of the complexity of
rupture or the size of the earthquake. The in#ralval of energy is obviously identified with
the onset of the diredP wave. The radiation of energy becomes negligibleerwlthe
amplitude of the velocity-squared signal decayshi® level of the coda noise. The final
requirement is that we use waveforms that are owipticated by triplications, diffractions or
significant secondary phase arrivals. This resttiice usable distance range to stations within
approximately 30°-90° of the epicenter. In additiovaveforms should not be used if the
source duration of thé&-wave group overlaps a significant secondary ptaseal. For
example, this may occur when a very large earthgugdnerates ®-wave group with a
duration of such length that it does not decay iigefioe arrival of th&P-wave group.

1.2E+02+ 1.0E+01+

1 { ¢
RSON ] RSNY ]
Displacement ] Displacement |
microns) (microns)
~1.2E+021 ~1.0E+01]
4.0E+01+ 5.0E+00-
1 { ] {
Velocity Velocity ]
(u/s) (u/s)"
~4.0E+01- —5.0E4001
1.4E+03 1.8E+01
Velocity— ; o Velocity— v
Squared Squareéi
(u/s) ] (1/s)
0.0E+001 0.0E+00
0 20 40 60 80 100 120 0 20 40 60 B0 100 120
Time (s ) Time (s )
Typical Main Shock Waveform Typical Aftershock Waveform

Fig. 3.20 (Left) Broadband displacement, velocity, and eglesquared records for the large
(Ms =7.8, Me = 7.5, Mw = 7.7) Chilean earthquak@& &larch 1985. Rupture complexity, in
the form of a tiny precursor and a number of subréy, is typical for large earthquakes.
(Right) Broadband displacement, velocity and vejesquared records for an aftershock (mb
= 5.9, Me = 6.2, Mw = 6.6) to the Chilean earthquakat occurred 17 March 1985. The
waveforms are less complex than those of the mfacks Despite the differences in rupture
complexity, duration and amplitude, the time windawer which energy arrives is
unequivocal. In each part of the figure the arrowdicate when the velocity-squared
amplitude has decreased to the level of the codno
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3.3.3 Development of an energy magnitude, Me

In the Gutenberg-Richter formulation, an energyasstrained once magnitude is known
through log E= a + b M wherea andb are constants. For surface-wave magnitude,tis
Gutenberg-Richter formula takes the form

log Es=4.8 + 1.5 Ms (3.57)

where E is in units of Joules (J). In the normal usag&of (3.57), an energy is derived after

an Ms is computed. However, it is now recognizeat fior very large earthquakes or very

deep earthquakes, the single frequency used to weniys is not necessarily representative
of the dimensions of the earthquake and, thereforght not be representative of the radiated
energy. Since radiated energy can now be computedtlg, it is an independent parameter
from which a unique magnitude can be defined. th Bi21, the radiated energies for a set of
378 global shallow earthquakes from Choy and Bagtwr(1995) are plotted against their

magnitudes, Ms. The Gutenberg-Richter relationshiplotted as a dashed line in Fig. 3.21.
Assuming a b-value of 1.5, the least-squares regnedit between the actual energies and
magnitude is

log Es= 4.4 + 1.5 Ms (3.58)

which is plotted as the solid line in Fig. 3.21 eHBavalue of 4.4 indicates that on average the
original Gutenberg-Richter formula overestimatesrduiated energy by a factor of two. To
define energy magnitude, Me, we replace Ms withilvieq. (3.58)

log Es= 4.4 + 1.5 Me (3.59)
> Me =2/3 log - 2.9. (3.60)
10" ' '
Shallow Seismicity o b‘%’/

Radiated Energy (Nm)

Fig. 3.21 Radiated energy (Eof global data as a function of surface-wave nitage (Ms).
The energy predicted by the Gutenberg-Richter ftmmiog &= 4.8 + 1.5 Ms (in units of
Newton-meters), is shown by the dashed line. Frdeast-squares regression, the best-fitting
line with the slope of 1.5 is logsE 4.4 + 1.5 Ms (according to Choy and Boatwrigi993).
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3.3 Radiated seismic energy and energy magnitude |

The usage of Eq. (3.60) is conceptually antithéttoathat of Eq. (3.57). In Eq. (3.60)
magnitude is derived explicitly from energy, whex@aEq. (3.57) energy is dependent on the
value of magnitude.

3.3.4 The relationship of radiated energy to momerdnd apparent stress

The energy and moment for a particular earthquakeedated by apparent stresg,, (see
Equation (59) ifS 3.1),
O-app = /,lES/ Mo (3.61)

where 1 is the average rigidity at the source. When radiagergy, E is plotted against
seismic moment, Y for global shallow earthquakes (Fig. 3.22), thetbi by least-squares
regression of Eon M, (solid line) yields

Es= 1.6-10° M, (3.62)

1018 1 1 ! 1

Shallow Seismicity (°X4

1017 |

1018 .

1015 .

10™ 1

Radiated Energy (Nm)

10" 'ICI)18 1619 1I02° 1IO21 10*

Moment (Nm)

Fig. 3.22 Radiated energy, sEof 394 shallow-focus earthquakes as a functiosemic
moment, M . The slope of the least-squares log-normal regregsolid line) yields a global
average apparent stresb,p, of about 0.5 MPa assuming a source rigidity of II3MPa.
The 95% spread (or width of distribution) about tegression line is indicated by the dashed
lines (according to Choy and Boatwright, 1995).

Assuming an average rigidity for shallow earthqualé 0.3-10 MPa, the slope of the
regression line yields a worldwide average appastn@ss,d p, Of about 0.47 MPa. The
spread about the regression line is very largéenms of apparent stress it is between 0.03 to
6.69 MPa. Empirical formulas, like those employig or Ms, ignore the spread and, thus,
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would be poor predictors of energy. Viewing theesyor of E-M,, values about the regression
line in terms of apparent stress, rather than nandoatter, may provide significant insight
into the physics of earthquake occurrence. For @k@anthe release of energy and apparent
stress could vary systematically as a function aflting type, lithospheric strength and
tectonic region (Choy and Boatwright,1995). As mstatistics on the release of energy are
accumulated, spatial and temporal variations imrgneslease and apparent stress might also
be identified.

3.3.5 The relationship ofMe to Mw

Although Me and Mw are magnitudes that describesike of an earthquake, they are not
equivalent. Me, being derived from velocity poweestra, is a measure of the radiated
energy in form of seismic waves and thus of thesms@ potential for damage to
anthropogenic structures. Mw, being derived frone tlow-frequency asymptote of
displacement spectra, is physically related tofthal static displacement of an earthquake.
Because they measure different physical propedfean earthquakethere is noa priori
reason that theghould be numerically equal for any given seismiene. The usual definition
of Mw is:

Mw = 2/3 log M- 6.0 (with My in Nm). (3.63)

The condition under which Me is equal to Mw, foumgequating Eq. (3.60) and Eqg. (3.63),
is EJM, [12.2-10°. From Eq. (3.61) this ratio is equivalentdg,, [ 2.2-10u. For shallow
earthquakes, wherg 0 0.3-0.6 x 18 MPa, this condition implies that Me and Mw will be
coincident only for earthquakes with apparent seesn the range 0.66-1.32 MPa. As seen in
Fig. 3.22, this range is but a tiny fraction of tepread of apparent stresses found for
earthquakes. Therefore, the energy magnitude, Maniessential complement to moment
magnitude, Mw, for describing the size of an eartiiee. How different these two magnitudes
may be is illustrated in Tab. 3.2. Two earthquattesurred in Chile within months of each
other and their epicenters were less than 1° apAtthough their Mw's and Ms’s were
similar, their mb’s and Me’s differed by 1 to Indlagnitude units! Table 3.2 describes the
macroseismic effects from the two earthquakes. €kent with larger Me caused
significantly greater damage!

Tab. 3.2 (Reprinted from Choy et al., 2001.)

Date LAT LON Depth [ Me | Mw | mb | Ms sigma | Faulting Type
@) (B) (km) (bars)

6 JUL -30.06 | -71.87 23.0| 6.1 6.9 58§ 6.5 1 interplateighr

1997 (1)

150CT |-30.93 | -71.22 58.0| 75| 7.1 6.9 6.3 44 intraslatyad

1997 (2)

(1) Felt (1) at Coquimbo, La Serena, Ovalle and Viaun

(2) Five people killed at Pueblo Nuevo, one persdedkiat Coquimbo, one person killed at La
Chimba and another died of a heart attack at Ryuiitdore than 300 people injured, 5,000
houses destroyed, 5,700 houses severely damagetdent0,000 houses slightly damaged,
numerous power and telephone outages, landslidesoakslides in the epicentral region. Sone
damage (VII) at La Serena and (VI) at Ovalle. P¢€l} at Alto del Carmen and lllapel; (V) at
Copiapo, Huasco, San Antonio, Santiago and Vallgiéy at Caldera, Chanaral, Rancagua gnd
Tierra Amarilla; (111) at Talca; (II) at Concepciand Taltal. Felt as far south as Valdivia. Fel
(V) in Mendoza and San Juan Provinces, Argenke#.in Buenos Aires, Catamarca, Cordobg,
Distrito Federal and La Rioja Provinces, Argentiabso felt in parts of Bolivia and Peru.
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3.3.6 Regional estimates of radiated seismic energy

Radiated energy from local and regional recordshmigomputed in a fashion analogous to
the teleseismic approach if suitable attenuatianections, local site and receiver effects, and
hypocentral information are available or can beivaer Boatwright and Fletcher (1984)
demonstrated that integrated ground velocity fromaSes could be used to estimate radiated
energy in either the time or frequency domain by,

E.=47C°r*p, B, | U, (t)dt (3.64)

=4rc?r?p, B[\ (@f dw (3.65)

where the ground velocity has been corrected fefastic attenuationC is a correction for
radiation pattern coefficient and free-surface afigption, r is the source-receiver distance,
and g and S are density an&wave velocity at the receiver. The attenuatiorrexiron is
usually of the typexp(r//Q), whereQ is the whole-path attenuation. Similarly, Kanamedri
al. (1993) use a time-domain method to estimate Slweave energy radiated by large
earthquakes in southern California,

Ep = 471r2Cro0(ro) /ra(n)]’ po B,y U2 (t)dt (3.66)

where g, and £, are hypocentral density and S-wave veloci®y, is the free-surface
amplification factory is the source-receiver distance estimated fronefheentral distancd

and a reference depth of 8 km (such thatr’=4*th?. Attenuation is described by
g(r) =cr " exp(kr), which is the Richter (1935) attenuation curveasected by Jennings

and Kanamori (1983). For southern California eardkgs, c=0.49710, n=1.0322, and
k=0.0035 knf".

3.3.7 Conclusions

Energy gives a physically different measure of heprake size than moment. Energy is
derived from the velocity power spectra, while moies derived from the low-frequency
asymptote of the displacement spectra. Thus, energybetter measure of the severity of
shaking and thus of the seismic potential for damadnile moment, being related to the final
static displacement, is more related to the lomgrtiectonic effects of the earthquake process.
Systematic variations in the release of energy apmhrent stress as a function of faulting
type and tectonic setting can now be identified there previously undetectable because of
the lack of reliable energy estimates. An energygmtade, M, derived from an explicit
computation of energy, can complement Mw and Mevialuating seismic and tsunamigenic
potential.
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3.4 Determination of fault-plane solutiongM. Baumbach, H. Grosser)

3.4.1 Introduction

The direction (polarity) and amplitude of motion afseismic wave arriving at a distant
station depends both on the wave type considergdh&nposition of the station relative to the
motion in the earthquake source. This is illusttdig Figs. 3.23a and b.

Fig. 3.23a represents a linear displacement ofira pourceS while Fig. 3.23b depicts a right
lateral (dextral) shear dislocation along a faudnp F. Shear dislocations are the most
common model to explain earthquake fault ruptuMste that in the discussion below we
consider the source to be a point source with reptimension much smaller than the
distance to the stations and the wave length ceresid First we look into the situation
depicted in Fig. 3.23a. When S moves towaftds then this station will observe a
compressiona(+) P-wave arrival (i.e., the first motion &vayfrom S), A4 will record a P
wave of opposite sign (-) , dilatation (i.e., first motiontowardsS), and stationA2 will
receive no P wave at all. On the other hand, S syawich are polarized parallel to the
displacement of and perpendicular to the direction of wave progpiagawill be recorded at
A2 but not al\1 andA4 while statiom3 will receive both P and S waves.

A A
A
Se A2 F_ A3
A3 H A4
N4 AB
a) b)

Fig. 3.23 Direction of source displacement with respectd®smic stationai for a) a single
force at point S and b) a fault rupture F. Note ithathe discussion below we consider the
source to be a point source with a rupture dimensioich smaller than the distance to the
stations.

Somewhat different is the case of a fault ruptirig.(3.23b). At stationdl andA5, which
are positioned in the strike direction of the fathie opposite signs of P motion on both side
of the fault will cancel, i.e., no P waves will bbserved. The latter also applies for stat\3n
which is sited perpendicular to the fault. On thkeo hand, stationA2 andA4, which are
positioned at an angle of 45° with respect to @ndtf will record the P-wave motions with
maximum amplitudes but opposite sign. This becodes also from Fig. 3.25a. It shows the
different polarities and the amplitude "lobes" imetfour quadrants. The length of the
displacement arrows is proportional to the P-wawpldaudes observed in different directions
from the fault. Accordingly, by observing the serdefirst motions of P waves at many
stations at different azimuths with respect togbarce it will be possible to deduce a "fault-
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plane solution”. But because of the symmetry of fing-motion patterns, two potential
rupture planes, perpendicular to each other, cazohstructed. Thus, on the basis of polarity
data alone, an ambiguity will remain as to whicle aras the acting fault plane. This can only
be decided by taking into account additional dateamimuthal amplitude and frequency or
wave-form patterns, which are controlled by the plep effect of the moving source, and/or
field data on the orientation and nature of seigetonhic faults.

In accordance with the above, the amplitude distidm of P waves for a point source with

pure double-couple shear mechanism is describea spherical co-ordinate syster, (p)
(Aki and Richards, 1980; see Fig. 3.24) by

Ar (6, @ = cos@sin B. (3.67)

This expression divides the focal sphere into fguadrants. The focal sphere for a seismic
point source is conceived of as a sphere of arbytramall radius centered on the source.
Within each quadrant the sign of the P-wave firgition (polarity) does not change but
amplitudes are large in the center of the quadaadtsmall (or zero) near to (or at) the fault
plane and the auxiliary plane. The nodal linesHavaves, on which &6, @) = cos@sin D =

0, separate the quadrants. They coincide with tmzdntal projection of the two orthogonal
fault planes traces through the focal sphere. Qmpapiadrants have the same polarity,
neighboring quadrants different polarities. Notattbompressionis observed at stations
falling in thetension quadranforce directed away from the point source) wihil@tation is
observed at stations falling in tle®empression quadran(force directed towards the point
source).

A Pressure axis Tension axis

Q>

A

fault motion—/

P-wave

Fig. 3.24 Map view of P-wave radiation pattern for a sheaultf 0 is the azimuth in the plane
while @is in fact three-dimensional. See also Fig. 3B&ck areas: polarity +, white areas - .

The position of the quadrants on the focal sphepedds on the orientation of the active fault
and of the slip direction in space. This is illaseéd by Fig. 3.25, which shows the P-wave
radiation pattern for a thrust event with somekstslip component. Thus, the estimation of
the P-wave first motion polarities and their backjgction onto the focal sphere allows us to
identify the type of focal mechanism of a sheamg¢yfult-plane solution). The only problem
is, that the hypocenter and the seismic ray paiin the source to the individual stations must
be known. This may be difficult for a heterogeneasunedel with 2-D or 3-D velocity
structure.
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® =90° ® =90°
a) + a
® =180°
®=0° ]
Fault plane
b)

Fig. 3.25 Radiation pattern of the radial displacement conemt (P wave) due to a
double-couple source: a) for a plane of constaimiath (with lobe amplitudes proportional to
sin2) and b) over a sphere centered on the origin. Bk minus signs of various sizes
denote amplitude variation (withandq) of outward and inward directed motions. The fault
plane and auxiliary plane are nodal lines on wigiosp sin® = 0. The pair of arrows in a) at
the center denotes the shear dislocathandT mark the penetration points of the pressure
and tension axes, respectively, through the fophke. Note the alternating quadrants of
inward and outward directions of motion (compresalaqquadrant +; dilatational quadrant -)
(modified from Aki and Richards 1980 ; with kindrpession of the authors).

Fault-plane solutions based on P-wave first mopofarities will be better constrained if
additionally the different radiation pattern of &wes displacement amplitudes is taken into
account. An example is given in Fig. 3.26 for thens fault-plane solution as shown in Fig.
3.25 for P waves.
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0=0°
A
® =90° < > ® =90°
4
a)
® =180°
Fault normal Auxiliary plane
®=0° ~ Fault plane
(®,0)=(90°, 0°)
N
b)

Fig. 3.26 Radiation pattern of the transverse displacencentponent (S wave) due to a
double-couple source. a) in the plang= 0, ¢ = Tiv and b) over a sphere centered on the
origin. Arrows imposed on each lobe in a) show theection of particle displacement
associated with the lobe while the arrows with wagysize and direction in the spherical
surface in b) indicate the variation of the tramseemotions witt® and@. P andT mark the
penetration points of the pressure and tension, agspectively, through the focal sphere.
There are no nodal lines as in Fig. 3.25 but oolgah points where there is zero motion. The
nodal point for transverse motion &, (p) = (45°, 0°) atT is a maximum in the pattern for
longitudinal motion (see Fig.3.25) while the maxmmuransverse motion (e.g., &t= 0)
occurs on a nodal line for the longitudinal motidrhe pair of arrows in a) at the center
denotes the shear dislocation (modified from Ald &ichards 1980; with kind permission of
the authors).

In the case of a double-couple mechanism, accorttingig. 3.24, the S-wave amplitude
pattern follows the relationship (see Aki and Riclsa 1980)
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As = cos® cosp@- coD sinp@ (3.68)

with @and @- unit vectors irf and@direction,As - shear-wave displacement vector.

3.4.2 Manual determination of fault-plane solutions

Manually determined fault-plane solutions are ndiynbased on P-wave polarity readings

only which are plotted on two kinds of projectioesther the equal-angle Wulff net or the

Lambert-Schmidt equal area projection (Figs. 3.2@d b; see also Aki and Richards, 1980,
Vol. 1, p. 109-110). The latter provides a lesstehed plot of data with take-off angles less
than 45° but in principle the procedure of condingcthe fault planes is the same (see EX 3.2
and EX 3.3).
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Fig. 3.27a The equal angle Wulff net. Note: Only the menidiare great circles!
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Fig. 3.27b The equal area Lambert-Schmidt net. Note: Ordyntleridians are great circles!

To obtain a fault-plane solution basically threspstare required:

(1) Calculating the positions of the penetration pooftthe seismic rays through the focal
sphere which are defined by the ray azimuth AZM tradtake-off (incidence) angle AIN
of the ray from the source.

(2) Marking these penetration points through the uppéower hemisphere in a horizontal
projection of that sphere using different symbolsdompressional and dilatational first
arrivals. Usually, lower hemisphere projectionsased. Rays which have left the upper
hemisphere have to be transformed into their edgermvdower hemisphere ray. This is
possible because of spherical symmetry of the tiadipattern (see Figs. 3.28 and 3.29).

(3) Partitioning the projection of the lower focal sphéy two perpendicular great circles
which separate all (or at least most) of the +-aawivals in different quadrants.
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AIN =180°

P: AIN, AZM

AIN =90°

P: AINc=180° - AIN
AZMC = AZM % 180° AIN = 0°

lower hemisphere

Fig. 3.28 Transformation of a ray leaving the focal sphgrevards with an incidence (take-
off) angle AIN into an equivalent downward ray wgame polarity and changed incidence
angle AIN; and azimuth AZM

/\Station 1 Station 2 AN
Vi

4
V, Vi<V; Velocity boundary

Fig. 3.29 Two rays, leaving the focal sphere in oppositedlions, reach - because of the
symmetry of radiation pattern - the stations 1 2mdth the same polarity. The crossing point
of the up-going ray with the focal sphere can, ¢fee, be remapped according to the
formulas given in Fig. 3.28 into a crossing pointrvthe lower hemisphere which coincides
with the ray crossing-point for station 2.
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Fig. 3.30 shows the angles which describe the taiem and motion of a fault plane and Fig.
3.31 shows their determination in the net projetioThe strike angle @ is measured
clockwise against Northi0° < @< 360° ). To resolve the 180° ambiguity, it is asednthat
when looking into the strike direction the faulpslito the right hand side (i.e., its fault-trace
projection is towards the right of the net cent&hedip angle & describes the inclination of
the hanging wall against the horizontal (99 < 90° ). Therake angle A describes the
displacement of the hanging wall relative to thetfavall ( -180°< A < 180° ).A =0
corresponds to slip in strike direction,> 0 means upward motion of the hanging wall (i.e.,
reverse or thrust faulting compongrand A < 0 downward motion (i.enormal faulting
component

N

OO
Direction of motion of

the hanging wall Strike ¢

OO

Hanging wall

Foot wall

Fig. 3.30 Angles describing the orientation and motionaafifs (see text).
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In Fig. 3.31 P1, P2 and P3 mark the positions eftbles of the planes FPat plane) FP2
(auxiliary plane) and EP (equatorial plane) in thaet projections. .-rom Fig. 3.30 it is
obvious that all three planes are perpendiculaach other (i.e., S0apart) and intersect in
the poles of the respective third plane, i.e., BRd FP2 in P3, FP1 and EP in P2 etc. Note
that on the basis of polarity readings alone it canbe decided whether FP1 or FP2 was the
active fault. Discrimination from seismological daalone is still possible but requires
additional study of thelirectivity effectssuch as azimuthal variation of frequen®oppler
effect), amplitudes and/or waveforms. For suffitenarge shocks these effects can more
easily be studied in low-frequency teleseismic réic@s while in the local distance range,
high-frequency waveforms and amplitudes may bengtyoinfluenced by resonance effects
due to low-velocity near-surface layers. Seismotgictconsiderations or field evidence from
surface rupture in case of strong shallow earthgsizkay allow us to resolve this ambiguity,
too. Figs. 3.32 and 3.33 depict several basic tygesarthquake faulting and their related
fault-plane solutions in so-called "beach-ball"g@etations of the net projections.

Fig. 3.31 Determination of the fault plane paramet@r® andA in the net diagrams. The
polarity distribution, slip direction and projeatiaof FP1 shown qualitatively correspond to
the faulting case depicted in Fig. 3.30. For abiatens used see textlote: A* = 180° - A
when the center of the net lies in the tensiongi#gdrant (i.e., event with thrust component)
or A* = -A when the center of the net lies in the pressusdi@nt (i.e., event with normal
faulting component. P1, P2 and P3 are the poles, @0° off) of FP1, FP2 and EP,
respectively.P and T are the penetration points (poles) of the pressamik tension axes,
respectively, through the focal sphere. + angigns mark the quadrants with compressional
and dilatational P-wave first motions.
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N\ TN

Pure normal faulting Pure thrust faulting
dip 0° < 8 <90°; rake =-90° dip 0° < 8 <90°; rake =+90°
7~ 2

o o

Pure strike slip Pure strike slip
left lateral right lateral

dip =90° rake = 0° and 180°, respectively

/
]

Down slip
dip =90° rake ==+90°

Fig. 3.32 Basic types of earthquake faulting for some setédip and rake angles. Note that
mixed types of faulting occur whenz 0, 180 or + 9¢P, e.g., normal faulting with strike-slip
component or strike-slip with thrust component.cAldip angles may vary betweeh<0d <

9. For fault plane traces and polarity distributiafishese faulting types in their "beach-ball

presentation” see Fig. 3.33.
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strike slip strike slip
with pure with
normal-faulting strike slip thrust-faulting
component component
T

T
P P
vT
pure strike slip pure
normal faulting on dipping fault thrust faulting
plane
or

strike Slip with
down-slip component
(verticalfault plane)

Centre of Wulff net in the
white sector (-):

normal - faulting component
Centre of the Wulff net in the
black sector(+):

thrust - faulting component

QO Tension Pole

® Pressure Pole

down slip

Fig. 3.33 “Beach-ball” presentation of the net projectiafighe fault plane cut-traces and of
the penetration points (poles) of the P- and T-akesugh the lower focal hemisphere for
different faulting mechanisms. White sectors cqroesl to negative and black sectors to
positive first-motion polarities.
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3.4 Determination of fault plane solutions

3.4.3 Accuracy of fault-plane solutions

Fault planes determined by eye-fit to the polagiéfa may be uncertain by abaul (. This

Is acceptable. Even computer assisted best fitkeadata will produce different acceptable
solutions within about the same error range witly @lightly different standard deviations
(e.g., Figure 1 in EX 3.3, NEIC and HRVD solutiorsspectively).

In addition, one has to be aware that differentinfit algorithm or error-minimization
procedures may produce different results withis thinge of uncertainty for the same data. A
poor distribution of seismograph stations (resgltin insufficient polarity data for the net
diagram), erroneous polarity readings and diffeesnmm model assumptions (e.g., in the
velocity models used) may result in still largevidéions between the model solution and the
actual fault planes. One should also be aware tiatassumed constant angular %45
relationship between the fault plane on the onalleard the pressure and tension axis on the
other hand is true in fact only in the case of eslir rupture in a homogeneous isotropic
medium. It may not be correct in the stress envirent of real tectonic situations (i.e., P and
T # 01 and o3, respectively; see discussion in 3.1.2.4).

3.4.4 Computer-assisted fault-plane solutions

There exist quite a number of computer programstherdetermination of both single and
joint fault-plane solutions from first-motion dafe.g., Brillinger et al., 1980; Buforn and
Udias, 1984; Udias and Buforn, 1988, and otheesnexd to below). In most applications for
local earthquakes homogeneous flat-layered velounitgels are acceptable, i.e., layers with
constant velocities and velocity discontinuitiestla boundaries. The majority of location
programs (e.g., HYPO71 by Lee and Lahr, 1975; HYPOESE by Lahr, 1989;
HYPOINVERS by Klein, 1985) are based on this tygevelocity model. Additionally,
HYPOINVERS and HYPOELLIPSE do accept layers witimelr velocity gradients.
Moreover, HYPOELLIPSE may locate local events wtiedefined travel-time tables, too.
During the location procedure the ray paths tostia¢ions are calculated. The azimuth AZM
and the take-off angle AIN at which the P waveivarg at a given station, leaves the focal
sphere are listed in the output files. The remanmoblem to be solved is to find the
distribution of P-polarities on the focal spherel 4o estimate the angles describing the focal
mechanism.

The computer program FPFIT (Reasenberger and Oppeah 1985) calculates double-
couple fault-plane solutions based on P-wave pgglagiadings. It accepts as input the output
files of the localization programs HYPO71, HYPOEBSE and HYPOINVERSE. The
inversion is accomplished through a grid-searctcguiare that finds the source model by
minimizing a normalized weighted sum of first-motlarity discrepanciesTwo weighting
factors are incorporated in the minimization. Ohehem reflects the estimated variance of
the data while the other one is based on the alesellue of the P-wave radiation amplitude.
In addition to the minimum-misfit solution, FPFlinds alternative solutions corresponding
to significant relative misfit minima. The existenof several minima may be due to
insufficient number of polarity readings, localipat errors, polarity misreadings or an
inadequate velocity model (e.g., not modeled réfvas) resulting in an incorrect position of
the P-wave first-motion polarities on the focal egh One has also to be aware that it
sometimes may happen that the seismometer compouognits have been wrongly plugged
at a given station, resulting in systematically mggolarity reportings by such a station. In

69



3. Seismic Sources and Source Parameters |

the case of models which perfectly fit the dataFHPapplies an additional constraint. Its
effect is to maximize the distance sum betweerotiservation points and the nodal planes on
the focal sphere. The display program FPPLOT shivwdinal fault-plane solution and the
estimated uncertainty in terms of the range of ipbs®rientations of the pressure and tension
axes which is consistent with the data.

While the above programs accept only the outpudsfibf the hypocenter localization
programs for local events, another widely used mmgpackage for seismogram analysis,
SEISAN (Havskov, 1996; version 1.2 now available GI3-ROM from the International
Seismological Centre in Thatcham, UK) uses a medifiversion of the program
HYPOCENTER (Lienert et al., 1988; Lienert, 1991eheért and Havskov, 1995). The main
modifications are that it can also accept seconghgpses and locate teleseismic events. The
output files are used in conjunction with the FOGMprogram (Snoke et al., 1984) for the
determination of the fault plane parameters buteruly on the basis of polarity readings
only. The implementation of the additional use é® @mplitude ratios is intended.

In the case of sparse networks or weak eventqyuheber of polarity data may be too small
for reliable estimation of fault-plane solutions.this case P-, SV- and SH-amplitudes can be
used in addition to polarities in order to get mstable and better constrained, i.e., less
ambiguous fault-plane solutions. This is due to difeerence in P-wave (Fig. 3.25) and S-
wave (Fig. 3.26) polarity and angular amplitudetigrat for a given source mechanism.

The program FOCMEC (Snoke, 1984) allows us to ¢alewbest fitting double-couple fault-
plane solutions from P, SH and SV polarities an@&4/P, SH/P or SV/SH amplitude ratios
provided that the ratios are corrected to the fegdlere by taking into account geometrical
spreading, attenuation and free-surface effects: &arface correction the program
FREESURF, which is supplied together with FOCME@n be used. The applied Q-model
has to be specified according to the regional attean conditions or related corrections.
When adopting a constantV s velocity ratio, the geometrical spreading is thens for P
and S waves and absolute changes in amplitude Icaack other in the above amplitude
ratios. Head waves and amplitude changes at vglbomtindaries require special treatment.
The solution is obtained by grid search over strikp and slip of the double-couple source.
The program FOCPLT, also provided together with MEC, allows us to plot upper or
lower hemisphere projections of the focal sphem tanshow the data, i.e., the fault planes
together with the poles of the pressure (P) andiaaen(T) axes for SH and SV waves. Note
that S-wave amplitudes are zero in the directioR ahd T.

While the program HYPO71 is available as part of.Yof the IASPEI software library (Lee,
1995) the programs FOCMEC, FPFIT, HYPOELLIPSE anPBINVERSE are freely
available through the Internet under the followaudgiresses:

FOCMEC: http://www.iris.washington.edar as for FPFIT

FPFIT: http://orfeus.knmi.nl/other.services/software.lifkml#focalmech
HYPOELLIPSE: http://giseis.alaska.edu/pub/SOFTWARE/hypoel/

HYPOINVERSE: http://orfeus.knmi.nl/other.services/software.litikml#location
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3.5 Source parameters and moment-tensor solutions. Bock®)

3.5.1 Introduction

The concept of first ordanoment tensoprovides a complete description of equivalent body
forces of a general seismic point source (see Fig¢ in section 3.5.2). A source can be
considered a point source if both the distancefRhe observer from the source and the
wavelengthA of the data are much greater than the linear dsmanof the source. Thus,
moment-tensor solutions are generally derived frlmw-frequency data and they are
representative of the gross properties of the repbuocess averaged over tens of seconds or
more. The double-couple source model describespgbeial case of shear dislocation along a
planar fault. This model has proven to be very @iffe in explaining the amplitude and
polarity pattern of P, S and surface waves radibtetectonic earthquakes. In the following,
we briefly outline the relevant relations (in astiorder approximation) between the moment
tensor of a seismic source and the observed seiamoglhe latter may be either the
complete seismogram, one of its main groups (P, Sudace waves), or specific features of
seismograms such as peak-to-peak amplitudes of adges, amplitude ratios or spectral
amplitudes. Then we outline a linear inversion satdor obtaining the moment tensor using
waveform data in the time domain. Finally, we wgjive an overview of some useful
programs for moment-tensor analysis. Applicatiohemoment-tensor inversions to the rapid
(i.e., generally within 24 hours after the evenétedmination of source parameters after
significant earthquakes will also be described.

3.5.2 Basic relations

Following Jost and Herrmann (1989), the displacdndean the Earth’s surface at a station
can be expressed, in case of a point source, @sear Icombination of time-dependent
moment-tensor elements ME,t) that are assumed to have the same time depemden
convolved (indicated by the star symbol) with theridhtive Gy (x,§,t) of the Green’s
functions with regard to the spatial j-coordinate:

us(xt) =M Kj (€ 1) UG (X,&,1). (3.69)

Us (X, t): s component of ground displacement at pasitiand time t

My (§,t): components of 2nd order, symmetrical seismien@nt tensor M

Gsij (X,&,1): derivative of the Green's function with regémcsource coordinaig

X: position vector of station with coordinates x, X3 for north, east and down

&: position vector of point source with coordinagest,, &3 for north, east and down

Eq. (3.69) follows from the representation theorenterms of the Green’s function (see
Equations (21) and (38) in IS 3.1).The Green’s fiamcrepresents the impulse response of
the medium between source and receiver and thuinenthe various wave propagation
effects through the medium from source to receilérese include energy losses through
reflection and transmission at seismic discontiagjtanelastic absorption and geometrical
spreading. The M (&,t) from Eq.(3.69) completely describes the foraeing in the source
and their time dependence. The Einstein summataiation is applied in Eq. (3.69) and
below, i.e., the repeated indices k and j = 1, En@ly summation over x x; and x%. In Eq.
(3.69) the higher order terms of the Taylor expamsround the source point of the Green's
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functions G j(x,§,t) have been neglected. Note that the sourcettistery s(t) (see 3.1, Figs.
3.4 and 3.7), which describes the time dependefamoment released at the source, is

contained in c. If we assume that all the companhait M (§,t) have the same time
dependence s(t) the equation can be written as:

uS (X) t) = Mk] [GSk,j (X,E;t) [S (t)] (370)
with s(t): source time history.

When determining M (§,t) from seismic records (i, t) is calculated by convolution of the
observed seismogram componen{g,yt) with the inverse of the seismograph's displaset
response function i(t):

us(x, ) = ys(x, t) OInv{i(t)}
In the frequency domain (see Eq. (14) in IS 3.Xvodution is replaced by multiplication:
D(X, @) = Ys (X, o) I(w)™*

wherew is circular frequency. The X, w), Ys (x, ), and 1¢)™ are the respective Fourier
transforms of the time series(d t), y(x, t), and i(t)* (see 5.2.7 wheredi)™ is denoted as

Ha(w) ™).
(x,%) (x,y) (x,z)
y y y
(yx) Q’) (v:2)
x } x x
y

Yy Y

z

b / x X
y Y

z z

b4

Fig. 3.34 The nine generalized couples representing(G &, t) in Eq. (3.69). Note that force
couples acting on the y axis in x direction or wegsa (i.e., (x,y) or (y,x)) will cause shear
faulting in the x and y direction, respectively.pggumposition of vector dipoles in x and y
direction with opposite sign, e.g., (x,x) + (-y,W)ll also cause shear faulting but 45° off the
x and y direction, respectively. Both representetiare equivalent (reproduced from Jost and
Herrmann, A student’s guide to and review of montentsors. Seismol. Res. Let60, 2,
1989, Fig. 2, p. 39;1Seismological Society of America).
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In the following we assume that the source-timecfiom s(t) is a delta function (i.e., a
"needle" impulse). Then, Mg, t) = M;(§)d(t), and the right side of Eq.(3.70) simplifies to
My(&)[Gsk,j(t). The seismogram recorded attan be regarded as product ofi Gand M
(e.g., Aki and Richards, 1980, Lay and Wallace,5t99dias, 1999). Thus, the derivative of
Gsi; With regard to the source coordindtelescribes the response to a single couple with its
lever arm pointing in thé; direction (see Fig. 3.34). For k = j we obtaineztor dipole; these
are the couples (x,x), (y,y), and (z,z) in Fig.43.8 double-couple source is characterized by
a moment tensor where one eigenvalue of the motaesbr vanishes (equivalent to the Null
or B axis), and the sum of eigenvalues vanishes,the trace of the moment tensor is zero.
Physically, this is a representation of a shedodadion source without any volume changes.

Using the notation of Fig. 3.32, double-couple ispment fields are represented by the sum
of two couples such as (X,y)+(y,x), (X,X)+(y,¥)..\X\*(z,2), (y,2)+(z,y) etc. An explosion
source (corresponding tds in Eq. (3.76) and Fig. 3.34) can be modeled bystima of three
vector dipoles (x,x) + (y,¥) + (z,z). A compensalatar vector dipole (CLVD, see 3.5.4
below) can be represented by a vector dipole @ngth 2 and two vector dipoles of unit
strength but opposite sign in the two orthogonedations.

The seismic moment tensM has, in general, six independent components wiulbbws
from the condition that the total angular momenti@amthe equivalent forces in the source
must vanish. For vanishing trace, i.e., withoutuvoé change, we have five independent
components that describe the deviatoric momenbtei$ie double-couple source is a special
case of the deviatoric moment tensor with the camdtthat the determinant &l is zero,
l.e., that the stress field is two-dimensional.

In generalM can be decomposed into an isotropic and a deiggiart:

M =M isotropic+ Mdeviatoric (3 71)
The decomposition oM is unique while further decomposition &l %" s not.
Commonly,M %@ js decomposed into a double couple and CLVD:

M deviatoric _ M DC +M CLVD (3 72)

For a double-couple source, the Cartesian compsrméithe moment tensor can be expressed
in terms of strikep, dip & and rakeA of the shear dislocation source (fault plane), drel
scalar seismic momentdWAki and Richards, 1980):

My = - Mo(Sind cos\ sin2p + sind sin\ sirf)

Myy = Mo(sSind cos\ cos2p + 0.5 sind sinm\ sin2p)
My, = - Mp(CO cos\ cogp + Cc0SD Sin\ Sing) (3.73)
My, = Mo(sind cos\ sin2p - sind sin\ cos()

My; = - Mg(Cod cos\ sing - cosd sin\ cosp)
Mo SIN2d SinA

s
it
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As the tensor is always symmetric it can be rotatéal a principal axis system such that all
non-diagonal elements vanish and only the diagetahents are non-zero. The diagonal
elements are theigenvaluegsee Eq. (6) in Information Sheet 3df) M; the associated
directions are theigenvectorgi.e., theprincipal axe3. A linear combination of the principal
moment-tensor elements completely describes thatiaal from a seismic source. In the case
of a double-couple source, for example, the diagetements ofM in the principal axis
system have two non-zero eigenvaluegs and -M, (with Mg the scalar seismic moment)
whose eigenvectors give the direction at the soofcthe tensional (positive) T axis and
compressional (negative) P axis, respectively, evtiie zero eigenvalue is in the direction of
the B (or Null) axis of the double couple (for aefiion and determination of j/see Exercise
3.4).

Eq. (3.70) describes the relation between seismmlatement and moment tensor in the time
domain. If the source-time function is not knownthe assumption of time-independent
moment-tensor elements is dropped, e.g., for resasbrsource complexity, the frequency-
domain approach is chosen:

(X, ) = Mij()Gsk (X, &, f) (3.74)

where f denotes frequency. Procedures for the linear moteesor inversion can be
designed in both the time and frequency domaingu&iq. (3.70) or (3.74). We can write
(3.70) or (3.74) in matrix form:

u=G m (3.75)

In the time domain, thes is a vector containing n sampled values of obskergeund
displacement at various times, stations and serwuponents, whil& is a 6x n matrix and
the vector m contains the six independent moment-tensor elentertie determined. In the
frequency domainy contains k complex values of the displacementtspeetermined for a
given frequencyf at various stations and sensor components. GGsxa&k matrix and is
generally complex liken. For more details on the inversion problem in @g75) the reader
is referred to Chapter 6 in Lay and Wallace (19@%)apter 12 in Aki and Richards (1980), or
Chapter 19 of Udias (1999).

To invert Eg. (3.75) for the unknowm, one has to calculate the derivatives of the Gseen
functions. The calculation of the Green's functicosstitutes the most important part of any
moment-tensor inversion scheme. A variety of methaxkists to calculate synthetic
seismograms (e.g., Muller, 1985; Doornbos, 1988nr&tt, 1988). Some of the synthetic
seismogram codes allow calculations for the monemgor elements as input source while
others allow input for double-couple and explogyeint sources. The general moment tensor
can be decomposed in various ways using momenttezlements of double-couple and
explosive sources so that synthetic seismogram scodenploying these source
parameterizations can also be used in the inverdi@d. 75).

3.5.3 An inversion scheme in the time domain
In this section, we will describe in short the matreensor inversion algorithm of Kikuchi

and Kanamori(1991), where the moment tensor ismdposed into elementary double-couple
sources and an explosive source. Adopting theinatased by Kikuchi and Kanamori(1991),
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the moment tensavly; is represented by a linear combinatiorNef= 6 elementary moment

tensoravl,, (Fig. 3.35):

with My :
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TheM; andM, represent pure strike-slip faultds andM, represent dip-slip faults on vertical
planes striking N-S and E-W, respectively, afig represents a 45° dip-slip fault. Thé;
represents an isotropic source radiating energglguato all directions (i.e., an explosion).

Elementary Moment Tensors

TN *e

M1 M2

M3

M4

M5 Mo

Fig. 3.35 Elementary moment tensors used in the inversigheofull moment tensor (after

Kikuchi and Kanamori, 1991)

A pure deviatoric moment tensor (tralgk) = 0) is entirely represented by the five
elementary moment tensdw to Ms. The following brief description of the linear ension
for the moment tensor (Kikuchi and Kanamori, 1994)an example of an inversion
performed in the time domain. ¢an be easily adopted for an inversion in the feegy
domain by replacing the time series by their spedtet wt) denote the Green's function
derivative at station s in response to the elenmgnteomenttensor M, and letxs(t) be the
observed ground displacement as function of timatations. The best estimate for the
coefficientsa, in Eq. (3.76) can be obtained from the conditibat tthe difference between
observed and synthetic displacement functions ke ze
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A= i {xs(t) —ie:anwsn(t) 2dt

s=1 n=1
Ne Ne Ne
= Rx - 22 anGn + Z manam
n=1 m=1 n=1
= Minimum (3.77)

The N is the number of elementary moment tensors Nansl the number of displacement
records used. The other terms in (3.77) are giyen b

=z

S

R, - [ [x, (rd
s=1
Ns

Rim =2 | tw, 0w, @la
Ns

G, =2 [ 1w, ®x (0]
s=1

Integration is carried out over selected portiohthe waveforms. EvaluatingA\/oa, = O for
n=1,..., Nyields the normal equations

Ne
>, Rudn =G, (3.78)

m=1
with n ranging from 1 td\.. The solution fog, is given by:
Ne
— -1
a, = Z me (3.79)
m=1

The inverseR* of matrix R,m can be obtained by the method of generalized E@sares
inversion (e.g., Pavlis, 1988). The resultant manbemsor is then given by

a—a +ta a a,
M, a —-a, +a, a, (3.80)
a'4 a3 a‘5 + a6

The variance of the elemendg can be calculated under the assumption that tkee alta
statistically independent:

var@,) =Y (Ry)0,
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whereo’, is the variance of the da.. In the case where the variance of the data is not

known,z::il (R1)2 can be used as relative measure for the uncertaint

3.5.4 Decomposition of the moment tensor

Except for the volumetric and deviatoric compongtite decomposition of the moment
tensor is not unique. Useful computer programsdzomposition were written by Jost and
distributed in Volume VIII of the Computer ProgramsSeismology by Herrmann of Saint
Louis University fttp://www.eas.slu.edu/People/RBHerrmann/Computenams.htmior e-
mail to R. W. Herrmannrbh@slueas.slu.ejluThe first step in the decomposition is the
calculation of eigenvalues and eigenvectors of ghsmic moment tensor. For this the
programmteig can be used. It performs rotation of the momensdeM into the principal
axis system. The eigenvector of the largest eigervgives the T (or tensional) axis; the
eigenvector of the smallest eigenvalue gives thection of the P (or compressional) axis,
while the eigenvector associated with the interaedeigenvalue gives the direction of the
Null axis. The output aomteigis the diagonalized moment tensor

m O O
M=0 m, O (3.81)
0O 0 m

whose elements are input to another programge¢ which performs a moment-tensor
decomposition. First, the moment tensor is decoegh@®o an isotropic and a deviatoric part
(see Eqg. 3.71):

tr(M) 0 0
M= o umMm) o
3 o 0 tr(M)
my

N (3.82)

o3 o

0
0

. © ©

with tr(M) = my + mp + ng being the trace oM. The isotropic part oM is important in
guantifying volume changes of the source, but itsisally difficult to resolve so that isotropic
parts of less than 10% are often not considerdaetsignificant. The deviatoric part of the
moment tensor can be further decomposed. Optiahsde decompositions into three vector
dipoles, into three double couples, into 3 CLVD rses, into a major and minor double
couple, and into a best double couple and a CL\Minigethe same principaka system. The
source mechanisms reported by Harvard and USG®amed on the decomposition of the
moment tensor into a best double couple and a CUW2ddition to the best double couple
they also provide the moment-tensor elements. Timate the double-couple contribution to
the deviatoric moment tensor, the parameter
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Is used (Dziewonski et al., 1981) whengi, andmyaxare the smallest and largest eigenvalues
of the deviatoric part oM, respectively, both in absolute terms. For a ploeble-couple
source,e = 0 becausen,i, = 0; for a pure CLVDg = 0.5. The percentage double-couple
contribution can be expressed as €]x200. Significant CLVD components are often
reported for large intermediate-depth and very desphquakes. In many cases, however, it
can be shown that these are caused by superpositeeveral rupture events with different
double-couple mechanisms (Kuge and Kawakatsu, 1R@bjich, 1995; Tibi et al., 1999).

Harvard and USGS publish the moment tensors ubagotation of normal mode theory. It
is based on spherical co-ordinate®©(®) wherer is the radial distance of the source from the
center of the Eartl® is co-latitude, an@® is longitude of the point source. The 6 indepehden
moment-tensor elements in the (x, y, z) = (noréistedown) coordinate system are related to
the components irr;@;®) by

M =M,

Moo = Mxx
Moo = My,
Mro = Mx
Mo = -Myy

Moo = -Myy

3.5.5 Steps taken in moment-tensor inversion

Generally, the quality of moment-tensor inversi@pehds to a large extent on the number of
data available and the azimuthal distribution atiehs about the source. Dufumier (1996)

gives a systematic overview for the effects causedlifferences in the azimuthal coverage

and the effects caused due to the use of only Rsy& plus SH waves or P and SH and SV
waves for the inversion with body waves.

A systematic overview with respect to the effe@ased by an erroneous velocity model for
the Green function calculation and the effects ttusrrong hypocenter coordinates can be
found in Sileny et al. (1992), Sileny and R$le1i1995), Sileny et al. (1996) and Kravanja et
al. (1999).

The following is a general outline of the variougps to be taken in a moment-tensor
inversion using waveform data:

1) Data acquisition and pre-processing

- good signal-to-noise ratio
- unclipped signals
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- good azimuthal coverage
- removing mean value and linear trends
- correcting for instrument response, convertingmegrams to displacement
low-pass filtering to remove high-frequency noiged &o satisfy the point source
approximation
2) Calculation of synthetic Green's functions dejsnt on
- Earth model
- location of the source
- receiver position
3) Inversion
- selection of waveforms, e.g., P, S H or full segrams
- taking care to match waveforms with correspondiyigthetics
- evaluation of Egs. (3.76) and (3.77)
- decomposition of moment tensor, e.g., into besibte couple plus CLVD

The inversion may be done in the time domain ogqdemcy domain. Care must be taken to
match the synthetic and observed seismograms. kgn of observed and synthetic
waveforms is facilitated by cross-correlation taghes. In most moment-tensor inversion
schemes, focal depth is assumed to be constantinVaesion is done for a range of focal
depths and as best solution one takes that witmthenum variance of the estimate.

3.5.6 Some methods of moment-tensor inversion
3.5.6.1 NEIC fast moment tensors

This is an effort by the U.S. National Earthquakiaimation Center (NEIC) in co-operation
with the IRIS Data Management Center to producédraptimates of the seismic moment
tensor for earthquakes with body-wave magnituel&s8. Digital waveform data are quickly
retrieved from “open” IRIS stations and transmitted\NEIC by Internet. These data contain
teleseismic P waveforms that are used to compa#sanic moment tensor using a technique
based on optimal filter design (Sipkin, 1982). Badution is then disseminated by e-mail to a
list of subscribers. To register send a reques-mail tosipkin@usgs.gavMore information

is available undenttp://gldss7.cr.usgs.gov/neis/EM/fast_moment.html

3.5.6.2 Harvard CMT solutions

The Harvard group maintains an extensive catalogceritroid moment-tensor (CMT)

solutions for strong (mainly M > 5.5) earthquakesrothe period from 1976 till present.

Their solutions, as well as quick CMT solutions m&cent events, can be viewed at
http://www.seismology.harvard.edu/projects/CMThe Harvard CMT method makes use of
both very long-period (T > 40 s) body waves (frdme P wave onset until the onset of the
fundamental modes) and so-called mantle waves at1B5 s that comprise the complete
surface-wave train.

Besides the moment tensor the iterative inversrooguure seeks a solution for the best point
source location of the earthquake. This is thetpolmere the system of couples is located in
the source model described by the moment tensoeptesents the integral of the moment
density over the extended rupture area. This cehlivoation may, for very large earthquakes,
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significantly differ from the hypocenter locatioraded on arrival times of the first P-wave
onsets. The hypocenter location corresponds tpldee where rupture started. Therefore, the
offset of the centroid location relative to the bgpntral location gives a first indication on
fault extent and rupture directivity. In case of thugust 17, 1999 Izmit (Turkey) earthquake
the centroid was located about 50 km east of thevdi?e” hypocenter. The centroid location
coincided with the area where the maximum surfapéures were observed.

3.5.6.3 EMSC rapid source parameter determinations

This is an initiative of the European-Mediterran&aismological Center (Bruyeres-le-Chatel,
France, http://www.emsc-csem.org/and the GEOFON Programs at the GeoForschungs-
Zentrum Potsdam h{tp://www.qgfz-potsdam.de/geofgn/ The EMSC method uses a grid
search algorithm to derive the fault-plane soluitiand seismic moments of earthquakes (M >
5.5) in the European- Mediterranean area. Solutamesderived within 24 hours after the
occurrence of the event. The data used are P- avav& amplitudes and polarities. Fig. 3.36
shows an example of the kind of output data produbéore information can be obtained
throughhttp://www.gfz-potsdam.de/pb2/pb24/emsc/emsc.htmi

3.5.6.4 Relative moment-tensor inversion

Especially for the inversion of local events solemhlrelative moment-tensor inversion
schemes have been developed (Oncescu, 1986; D&9®). If the sources are separated by
not more than a wavelength, the Green's functiansbe assumed to be equal with negligible
error. In this case it is easy to construct a linsguation system that relates the moment-
tensor components of a reference event to thosnother nearby event. This avoids the
calculation of high-frequency Green's functions essary for small local events and all
problems connected with that (especially the netyesé modeling site transfer functions in
detail).

This is a very useful scheme for the analysis ¢érahocks if a well determined moment
tensor of the main shock is known. Moreover, if @gyio events with at least slightly different
mechanisms and enough recordings are availab&aiso possible to eliminate the reference
mechanism from the equations (Dahm, 1996). Thimtsresting for volcanic areas where
events are swarm-like and of similar magnitude, &@hdre a reference moment tensor can not
be provided (Dahm and Brandsdottir, 1997).

3.5.6.5 NEIC broadband depths and fault-plane solidns

Moment-tensor solutions, which are generally defiftem low-frequency data, reflect the
gross properties of the rupture process averagedtens of seconds or more. These solutions
may differ from solutions derived from high frequgrdata, which are more sensitive to the
dynamic part of the rupture process during whiclsiod the seismic energy is radiated. For
this reason, beginning January 1996, the NEIC lsriohined, whenever possible, a fault
plane solution and depth from broadband body wéweany earthquake having a magnitude
greater than about 5.8 and it has published thecequarameters in the Monthly Listings of
the PDE. The broadband waveforms that are useel ddhat displacement response over the
frequency range 0.01-5.0 Hz. (This bandwidth, ianidlly, is also commensurate with that
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used by the NEIC to compute teleseismig) Hnitial constraints on focal mechanism are
provided by polarities from P, pP and PKP waveswal as by Hilbert-transformed body

waves of certain secondary arrivals (e.g., PP),feord transversely polarized S waves. The
fault-plane solution and depth are then refinedeagt-squares fitting of synthetic waveforms
to teleseismically recorded P-wave groups (comgjsif direct P, pP and sP). More
information can be found undbttp://neic.usgs.gov/neis/nrg/bb_processing.html

European-Mediterranean Seismological Centre
Centre Sismologique Euro-Mediterraneen

Double-couple solution provided by GFZ Potsdam Corner frequencies of bandpass filter: 0.020 &hd00 Hz
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Data provided by:

IRIS/USGS, MedNet, USNSN, GRSN, UCM/SFO/GEOFON,
IRIS/IDA, GEOFON, GII/GEOFON, KNMI, IRIS/GEOFON,
IRIS/AWI/GEOFON, TERASCOPE, GRSN/GEOFON, IAG,
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Done by G. Bock, GeoForschungsZentrum Potsdam.
Visit the GFZ-EMSC web page undettp://www.gfz-
potsdam.de/pb2/pb24/emsc/emsc.html

Fig. 3.36 Example of output data produced by the routireeg@dure for rapid EMSC source
parameter determinations by the GEOFON group aGthé Potsdam.
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3.6 Seismic scaling relationg. Bormann)

3.6.1 Definition and use of seismic scaling relang

Empirical formulas relate one measured or calcdlgb@rameter to another. We have
encountered such relationships in our discussibsgiemic moment, energy and magnitude.
Relations can also be found between other physicgeometrical parameters of earthquake
size such as intensity, stress drop, duration pture, area or length of rupture, fault
dislocation, area of felt shaking, etc. If any bédse parameters appear to be related in a
systematic and predictable manner over a wide rahgarthquake size, scaling “laws” and
similarity conditions may be inferred. These sewsistaling laws and similarity conditions
allow the rough estimation of one parameter fromtlaer (e.g., Efrom My or magnitude, or
Mo from field evidence such as surface rupture leragtt/or displacement). Therefore, the
knowledge of theoretically well founded scaling taar empirical scaling relationships is of
crucial importance for both probabilistic and detaristic seismic hazard analyses. They aim
at assessing the future earthquake potential efj@m on the basis of data from past events,
dating back as far as possible. Scaling laws aendhe only way to estimate parameters of
historical earthquakes which often lack instrumem@asurements of magnitude, seismic
energy or moment. Specifically, one often has tkenm@asonable estimates of the size of the
largest earthquake that might have occurred aboldcbe generated by a particular fault or
fault segment and of the kind of seismic spectrumight (have) radiate(d). However, one
has to be aware that seismic sources differ ngt iontheir geometrical size and average slip.
Ambient stress conditions, the dominant modes woitifay, ranges of stress drop and related
seismic source spectra may also differ signifigafitbom region to region. For instance,
events of the same seismic moment may release ise@srargies which differ by 2 to 3
orders. Therefore, the globally-derived scalingtiehs may not be appropriate for use for
some areas. Regional scaling laws should be usecdtfore, whenever available, particularly
when inferences have to be drawn on regional seistnain rates or on seismic hazard, the
latter being mainly controlled by the frequencyooturrence and the potential of earthquakes
to generate strong high-frequent motions.

3.6.2 Energy-magnitude-moment relations
Gutenberg and Richter (1956a) gave the followidati@ship between seismic energy (kb
Joule ; 1 J = 10erg) and the so-called unified magnitude m whishelated to mB (see
3.2.5.2):

logEs=2.4m-1.2. (3.83)

Eq. (3.83) is supposed to have minimum of obsesmagirrors and yields, together with the
relationship mB = 2.5 + 0.63 Ms in the same pulilicg

log Es= 1.5 Ms + 4.8. (3.84)
After many revisions, Gutenberg and Richter (1956@lly published Eg. (3.84) which is
now most widely applied. It was also used by Kanar(f®77) in developing the seismic

momenmagnitudeMw (see 3.2.5.3). Recently, Choy and Boatwrigh©@%ound (see 3.3)

log Es= 1.5 Ms + 4.4. (3.85)
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From theoretical considerations Randall (1973)w#elia relationship betweens Bnd the
local magnitude Mivhich was later confirmed empirically by Seidl aBdrckhemer (1982)
as well as by Berckhemer and Lindenfeld (1986).tlnbasis of direct energy calculations
for earthquakes from the Friuli region, Italy, usirigital broadband records of the
Grafenberg array in Germany, the latter obtained:

log Es 02.0 MI. (3.86)

This is close to the empirical findings by Gutergpand Richter (1956a) (logsE11.92 MI)
for southern California and the more recent on&ayamori et al.(1993). The latter got

log Es= 1.96 Ml + 2.05 (3.87)
for the magnitude range 1.5 < Ml < 6.0. For M| & 8l saturates.
For short-period body-wave magnitudes mb Sadovshky. €1986) found the relationship

log Es= 1.7 mb + 2.3 (3.88)

which is applicable for both earthquakes and urmdergd explosiongdNote: According to the
coefficient in the above equations one unit of nitagie increase in Ms, mb, Ml and mB,
respectively, corresponds to an increasegtifyEa factor of about 32, 50, 100 and 250 times!

In this context one should mention that in the ¢oes of the former USSR the energy scale
after Rautian (1960), K = logsHwith Es in J), is widely used and given in the catalogss |
based on the same elements as any other magnitatée stich as an empirical calibration
function and a reference distance (here 10 kmgl&tes to magnitude M via

K=18M +4. (3.89)

Riznichenko (1992) summarized data and relatiosspigolished by many authors (see Fig.
3.37) between magnitude M and K on the one handanil, on the other hand. Depending
on the range of distance and size M stands hefdlfanb, mB or Ms.

Kanamori (1983) published linear relationships lesw log E and log M for both shallow
and intermediate to deep eve(gse Fig. 3.38). They are rather similar and cpoed, on
average, to the relationshig/®o = 5 x 10° which he used in the development of the moment
magnitude scale Mw (Kanamori 1977).

However, as previously mentioned in the sub-sesti®2.5.3 and 3.2.6.1 on moment and
energy magnitudesscaling laws must be used with caution. Later itigadons have
revealed sometimes significant deviations from thierage EM, - relationship (e.g.,
Kikuchi and Fukao, 1988; Choy and Boatwright, 199B)is is due to local and regional
differences in source mechanism, stress drop, histery of the rupture process, etc. It makes
global relationships of this type often unsuitalite drawing inferences on regional
differences in tectonic deformation and stress iecdation rates. Furthermore, scaling laws
for source parameters derived from low-frequencia daay not be suitable for inferring
seismic hazard, which is affected by the high fesgues that cause most earthquake damage
and are more relevant for earthquake engineers.
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Fig. 3.37 Correlation between seismic momeng (fh Nm = J), magnitude M and Rautian’s
(1960) energetic class K according to a compilatibdata from many authors. Related stress
drop Ac has been given in MPa (full straight lines). Bnokmes mark the 68% confidence
interval. 1 - large global earthquakes; 2 - averagjees for individual regions; 3 -earthquakes
in the western USA; 4 - micro-earthquakes in Ney&daM, determinations from field data;

6 to 15 - individual values from different regiofreodified from Riznichenko, 1992, Fig. 1,
with permission from Springer-Verlag).
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Fig. 3.38 Relations between seismic momenrg &hd energy Efor shallow events (left) and
intermediate to deep events (right) according tesWemu and Kanamori (1982). The solid
line indicates the relationsE&= My /(2x10%) suggested by Kanamori (1977) on the basis of

elastostatic considerations (modified from Kanamb®B3 in Tectonophysics, Vol. 93, p. 191
and 192, with permission from Elsevier Science).
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3.6.3 Moment-magnitude relations

Global relations between Ms and, Mtere derived by Ekstrom and Dziewonski (1988) from
high quality determinations of from the Global Digital Seismic Network (GDSN).oNé
given below in Nm (1 Nm =1 J = {@yn cm = 10 ergs):

log My =Ms + 12.24 for Ms < 5.3, (3.90)
log Mg = 23.20 - (92.45 - 11.40M¥) for 5.3<Ms<86.8, (3.91)
log Mop=1.5Ms +9.14 for Ms > 6.8. (3.92)

Chen and Chen (1989) published detailed globatiosls: between M and Ms, as well as
between mb and MI, based on data for about 80@¢pzaikes in the magnitude range 0 <M <
8.6. These authors also showed that their empidatd are well fit by theoretical scaling
relations derived from a modified Haskell model afrectangular fault which produces
displacement spectra with three corner frequen8asilar global scaling relations had been
derived earlier by Gellert (1976), also based anHaskell (1964 and 1966) model. In both
papers these relations show saturation for Ml autb.3, for mb between about 6.0 and 6.5
and for Ms between about 8.2 and 8.5.

Other global relationships between, Mnd Ms were derived from Chen and Chen (1989)
from a theoretical scaling law based on a modiftegkell source model. They fit well a set
of global data with a standard deviation of induadl values log M of about+ 0.4 and
confirm the saturation of Ms at about 8.5:

log Mo=1.0 Ms +12.2 for Ms 6.4, (3.93)
log Mo = 1.5 Ms + 9.0 for 6.4<Ms7.8, (3.94)
log Mo =3.0 Ms-2.7 for 7.8 <M< 8.5, and (3.95)
Ms = 8.5 = const. for log y> 22.8 Nm. (3.96)

Also Ms-M, relations (and vice versa) show regional varigbilAccording to Ambraseys
(1990) the global relations (3.90) - (3.92) systeoadly underestimate Ms for events in the
Alpine region of Europe and adjacent areas by (agnitude units on average. Abercrombie
(1994) discussed possible reasons for the anomdimis surface-wave magnitudes of
continental earthquakes relative to their seisnoen@nt. This illustrates the need for regional
scaling of moment-magnitude relationships evemrelatively long-period range.

For My and body-wave magnitudes mb (of 1s period) Chen @hdn (1989) give the
following global scaling relations (with saturatiahmb = 6.5 for log > 20.7):

log Mo=1.5mb + 9.0 for 3.8 <mbb5.2, (3.97)
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log Mo=3 mb + 1.2 for 5.2<mb6.5, (3.98)

and for My and Ml for California (with saturation at Ml = 6f8r log My > 20.1):

log Mo= MI + 10.5 for Mi< 3.6, (3.99)
log Mp=1.5 M|l + 8.7 for 3.6 <Mk 5.0, (3.100)
log Mp=3 MI + 1.2 for 5.0< Mk 6.3. (3.101)

Average scaling relations among mb, Ms ang fiot plate-margin earthquakes have been
derived by Nuttli (1985). They yield practicallyedtical values as the equations (3.93)-(3.95)
for My when Ms is known while the deviations are not éarthan about a factor of 2 when
using mb and Eqgs. (3.97) and (3.98).

The need for regional relationships betweenadd magnitudes is particularly evident for Ml.
When calculating M according to Egs. (3.98) and (3.100) for Califarand comparing them
with the values calculated for a relationship giberKim et al. (1989) for the Baltic Shield

log Mo =1.01 Ml + 9.93 for 2.8 MI<5.2 (3.102)

we get for Ml = 2.0, 4.0 and 5.0, respectively,uea for My which are 3.5, 5.4 and 16.6 times
larger for California than for the Baltic Shieldsidg instead an even more local relationship
for travel paths within the Great Basin of CalifilarifChavez and Priestley, 1985), namely

log Mo = 1.2 MI + 10.49 for EMI<6 (3.103)

we get for the same magnitudes even 9, 21 andn32stiarger values for jthan for the
Baltic Shield according to Eq. (3.102).

3.6.4 Scaling relations of M, M and Es with fault parameters

Scaling relations of magnitude, seismic momentemelgy with fault parameters are used in
two ways:

1) to get a rough estimate of relevant fault parameteen M, M, or Es of the event are
known from the evaluation of instrumental recordinor

2) in order to get a magnitude, moment and/or energfymates for historic or even
prehistoric events for which no recordings are labé but for which some fault
parameters such as (maximum possible) length dasrrupture and/or amount of
surface displacement can still be determined friesd £vidence.

The latter is particularly important for improvegsassment of seismic hazard and for
estimating the maximum possible earthquake, edpeaiaareas with long mean recurrence
times for strong seismic events. Of particular im@ace for hazard assessment are also
relationships between macroseismic intensity, d, smagnitude, M, on the one hand (see Egs.
(3.22) to (3.28) in 3.2.6.7) and between grouncekecation and | or M, on the other hand.
Unfortunately, the measured maximum accelerationgdual values of intensity | scatter in
the whole range of | = Ill to IX by about two ordesf magnitude (Ambraseys, 1975). The
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reason for this scatter is many-fold, e.g., humencgption is strongest for frequencies around
3 Hz while acceleration and damage might be streinfir more high frequent ground
motions. Also, damage depends not only on the pahle of acceleration but also depends
on its frequency with respect to the natural peabthe shaken structures and on the duration
of strong ground shaking. For some structures danmglso more closely related to strong
ground-motion displacement or velocity and notdoederation.

Relationships between jMMs, and [k with various fault parameters are mostly based on
model assumptions on the fault geometry, ruptutecity and time history, ambient stress
and stress drop etc. But sometimes these faultrgdess can, at least partially, be confirmed
or constrained by field evidence or by petrophysiahoratory experiments. As for other
scaling relations discussed above, global relatimsscan give only a rough orientation since
the scatter of data is considerable due to regigagdhbility. Whenever possible, regional
relationships should be developed.

Sadovsky et al. (1986) found that for both crustathquakes and underground explosions the
following relationship holds between seismic enefgy (in erg) and the seismic source
volume \4 (in cn?) :

log Es=3 + log 4 (3.104)

with Vs for earthquakes being estimated from the linearedisions of the aftershock zone.
This means that the critical energy density forhboatural and artificial crustal seismic
sources is about equal, roughly®¥¥g/cnt or 100 J/m. It does not depend on the energy
released by the event.skncreases only because of the volume increaséhefsburce.
Accordingly, it is not the type of seismic sourag the properties of the medium that play the
decisive role in the formation of the seismic wauad. However, local and regional
differences in ambient stress and related streep Ao = 2u Eg/Mo may modify this
conclusion (see 3.3).

Fig. 3.39 shows the relation between seismic morivgnand the area Aof fault rupture as
published by Kanamori and Anderson (1975).iAcontrolled by the stress dréw; asAo
increases for a given rupture areap lecomes larger. One recognizes that intraplate
earthquakes have on average a higher stress daym(10 MPa = 100 bars) than interplate
events (around 3 MPa). The data in Fig. 3.39 ase alell fit by the average relationship
suggested by Abe (1975), namely:

Mo = 1.33x 10"° A*? (3.105)
which is nearly identical with the relation by Paing and Berckhemer (1982):
log Mo = (1.5 0.02) log A + (15.25+ 0.05) (3.106)

with Mg in Nm and A in km?. Eq. (3.106) corresponds to the theoretical sgatilation
derived by Chen and Chen (1989) for a modified ldhhskodel with the assumption L = 2W
(L - length and W- width of fault rupture,,& LW = 0.5 1) and an average displacemebt

= 4.0x10° L. Note that experimental data indicate also o#sgrect ratios L/W up to about 30
(e.g., Purcaru and Berckhemer, 1982).Wells and @gppth (1994) gave another relation
between moment magnitude and: A
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Mw = (0.98+ 0.03) log A + (4.07+ 0.06) (3.107)

derived from a very comprehensive data base ofcsoparameters for historical shallow-
focus earthquakes (h < 40 km) in continental ingggpor intraplate environments.
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Fig. 3.39 Relation between area of fault ruptureahd seismic moment gVfor inter- and
intraplate earthquakes. The solid lines give thepeetive relationships for different stress
dropAc (in MPa; 1 Pa = I®bars) (modified from Kanamori and Anderson, Théoat basis
of some empirical relations in seismology, Bullisee Soc. Am., Vol. 65, p. 1077, Fig. 2,
1975;00 Seismological Society of America).

There also exists a linear log-log relation betweemd M. Interestingly, for a given seismic
moment L is on average about 6 times larger foerpiate (strike-slip) events than for
intraplate ones (see Fig. 3.40). The ratibetween average fault displacement (slip)and
fault length L is according to Scholz et al. (1986¥ 1 x 10° for interplate andx = 6 x 10°

for intraplate events. Since this result is indejeem of the type of fault mechanism, it implies
that intraplate faults have a higher frictionalestyth (and thus stress drop) than plate
boundary faults but smaller length for the samsrs& moments.

The slope of the curves in Fig. 3.40 is 0.5. Thisr@sponds to a relation gV L? (Scholz
1982; Pegeler and Das, 1996) which is only valididoge earthquakes (M > about 6.5 to 7).
Then the width W of the fault is already saturategl, equal to the thickness of the brittle
fracturing zone in the lithosphere. Depending oat lilew and composition, the seismogenic
zone in the crust is about 10 to 30 km thick. Adoagly, for large earthquakes, the growth of
the fault area with increasingd\t in the length direction only.
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Recently, there has been some serious debate cscdfiag of large earthquakes and their
ratio a (Scholz, 1994 and 1997; Romanowicz 1994; Romarowitd Rundle, 1993 and
1994; Sornette and Sornette, 1994; Wang and OwWB)1B@manowicz (1992), who prefers to
scale slip not with length but with width, even ggva relationship of ML in case of very
large earthquakes. In contrast, Hanks (1977) showed earthquakes with rupture

dimensions smaller than this seismogenic thickrsesde according to MO L* which is
equivalent to Eqg. (3.104).
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Fig. 3.40 Fault length L versus seismic moment, Nbr large inter- and intraplate
earthquakes. The solid lines give the respectilatioaship for the ratim = D/L (modified
from Scholz, Aviles, and Wesnousky, Scaling diffexes between large interplate and

intraplate earthquakes, Bull. Seism. Soc. Am., Vi8, No. 1, p. 68, Fig. 1, 1986]
Seismological Society of America).

According to an older data compilation shown in.RBg1 the correlation between source
length L, magnitude M and energetic class K is vaty good. Relations given by various
authors for events in different environments offié@fer strongly.

Ambraseys (1988) published relationships derivemimfrthe dimensions of fault surface
ruptures for Eastern Mediterranean and Middle Eastarthquakes (with L - observed fault
length in km, D - relative fault displacement in cm, M- predicted surface-wave
magnitudes):

Msc=1.43log L + 4.63 (3.108)
and

Msc= 0.4 log (1°*"D?) + 1.1. (3.109)
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They vyield results which are in good agreement whtbse by Nowroozi (1985) for Iran but
they differ significantly from the respective ratats given by Tocher (1958) for Western
USA and from lida (1959) for Japan (see curvesdLzaim Fig. 3.41).
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Fig. 3.41 Correlation of source length L with magnitude Ntanergetic class K according
to data from various sources (e.g., curve 1 by €gch958, curve 2 by lida, 1959; curve 6
average by Riznichenko, 1992). Thin straight limetated stress drogso are given in MPa;
broken lines mark the limits of the 68% confidenderval with respect to the average curve
6 (modified from Riznichenko, 1992, Fig. 3; withrpession of Springer-Verlag).

Khromovskikh (1989) analyzed available data for enthran 100 events of different faulting
types from different seismotectonic regions of Bath. He derived 7 different relationships
between magnitude M and the length L of the rupzoee, amongst them those for the
following regions:

a) the Circum-Pacific belt: M =(0.960.25) log L + (5.7G 0.34) (3.110)
b) the Alpine fold belt: M = (1.02 0.28) log L + (5.3% 0.42) (3.111)
c) rejuvenated platforms: M = (1.250. 19) log L + (5.45% 0.28) (3.112)

and compared them with respective relationshipstieér authors for similar areas.
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Other relationships for estimating L (in km) whers i$ known were derived by Chen and
Chen (1989) on the basis of their general scalwgbased on the modified Haskell source
model. These relationships clearly show the efdéetidth saturation:

log L = Ms/3- 0.873 for Ms 6.4 (3.113)
logL =Ms/2-1.94 for 6.4<Ms7.8 (3.114)
logL=Ms-5.84 for 7.8 <Ms 8.5. (3.115)

The same authors also gave similar relations betwhee average dislocatiod (in m) and
Ms, namely:

log D=Ms/3-2.271 for Ms6.4 (3.116)
log D =Ms/2 - 3.34 for 6.4<Ms7.8 and (3.117)
log D=Ms-7.24 for 7.8<Ms8.5 (3.118)

while Chinnery (1969) derived from still sparse emcpl data a linear relation between
magnitude M and lod (with D in m) for the whole range 3 <M < 8.5

M =1.32logD + 6.27 (3.119)
which changes to

M =1.04logD + 6.96 (3.120)
when only large magnitude events are considered.

Probably best established are the relations whiatllshMand Coppersmith (1994) have
determined for shallow-focus (crustal) continentéérplate or intraplate earthquakes on the
basis of a rather comprehensive data base of lst@vents. Since most of these relations
for strike-slip, reverse and normal faulting evewere not statistically different (at a 95%
level of significance) their average relations dirslip types are considered to be appropriate
for most applications. Best established are thaticglships between moment magnitude Mw
and rupture area (see Eq. (3.107)), surface rupgagth (SRL) and subsurface rupture length
(RLD) (both in km). They have the strongest cotretes (r = 0.89 to 0.95) and the least data
scatter:

Mw = (1.16+ 0.07) log (SRL) + (5.080.10) (3.121)
Mw = (1.49+ 0.04) log (RLD) + (4.380.06) (3.122)
log (SLR) = (0.69 0.04) Mw - (3.22+ 0.27) (3.123)
log (RLD) = (0.59+ 0.02) Mw - (2.44+ 0.11) (3.124)
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Comparing Egs. (3.123) and (3.124) it follows thmigeneral the surface rupture length is
only about 75% of the subsurface rupture length.

The correlations between Mw aridl as well asD and SLR are somewhat smaller (r = 0.71 to
0.78):

Mw = (0.82+ 0.10) log D + (6.693 0.05) (3.125)
log D = (0.69+ 0.08) M, - (4.80+ 0.57) (3.126)
log D = (0.88+ 0.11) log (SLR) - (1.43 0.18) (3.127)
log (SLR) = (0.57% 0.07) log D + (1.61+ 0.04). (3.128)

Wells and Coppersmith (1994) reason that the weedelation may reflect the wide range

of displacement values for a given rupture lengiffgrences up to a factor 50 in their data
set!). These authors also give relations betwedR &id the maximum surface displacement
which is, on average, twice the observed averageci displacement while the average
subsurface slip ranges between the maximum andgeaurface displacement.

Chen and Chen (1989) also derived from their sgdéw the following average values:
e rupture velocity y= 2.65 km/s;
» total rupture time T(in s) = 0.35 (s’/km¥ L (km); (3.129)

» slip velocity dD/dt = (2.87 - 11.43) m/s.

However, v and dD/dt usually vary along the fault during tfracture process. From
teleseismic studies we can obtain only spatialld éamporally averaged values of fault
motion but the actual co-seismic slip is largelytrolled by spatial heterogeneities along the
fault rupture (see Fig. 3.8). Large slip velocit@ger 10 m/s suggest very high local stress
drop of more than 10 MPa. (Yomogida and Nakata4199n the other hand, sometimes very
slow earthquakes may occur with very large seisnoment but low seismic energy radiation
(e.g., "tsunami earthquakes"). This has speciavegice when deriving scaling relations
suitable for the prediction of strong ground mosige.g., Fukushima, 1996).

Scaling relationships between fault parameterseasjly between D and L, are also
controlled by the fault growth history, by age dydwhether the event can be considered to
be single and rare or composite and frequent (Bgwers et al., 1993; Tumarkin et al.,
1994). There exist also scaling relations betweeiit iength and recurrence interval which
are of particular relevance for seismic hazardsssaent (e.g., Marrett, 1994).

Using Egs. (3.108), (3.110)-(3.112) and (3.121F gaets for a surface rupture length of 100
km magnitudes M = 7.5, 7.7, 7.6, 7.95 and 7.4, getypely. Knowing the M®r Mw and
calculating L and D according to Egs. (3.114)-(3.118), (3.123) and Z8), one gets for
magnitude 7.0 L =36 km and 41 k®,= 1,4 m and 1,1 m and for magnitude 8.0 L = 145
km and 200 kmD = 3.8 m and 5.2 m. The good agreement of theutztked values for
magnitudes 7 and the stronger disagreement for in@gs 8 are obviously due to the
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growing difference between Ms (used in the relaitwy Chen and Chen, 1989) and Mw
(used in the relations by Wells and Coppersmit®4)9or Ms> 7 (saturation effect). For the
rupture duration we get according to Eq. (3.129)Mg = 7 and 8 approximately 13 s and 51
S, respectively.

3.6.5 Similarity conditions

Under certain assumptions there exist several tondiof static (geometric) and dynamic
similarity. With the assumption of a constant strdsop one gets

W/L=k; i.e., aconstant fault aspect ratio and (3.130)
"D/IL=k, i.e., constant strain. (3.131)

One can combine Egs. (3.130) and (3.131) with #fetion of the seismic moment ¢vi
WD W L = pkikoL® and get M OL® which is valid for source dimensions smaller ttiag
thickness of the seismogenic layer. In additierehs a dynamic similarity, namely, the rise
time t required for reaching the total displacement, itee duration of the source-time
function, is

tr = ks X LIV (3.132)

with v, the crack or rupture velocity (see Fig. 3.4). Tisigquivalent to the Eq. (3.131) of
constant strain. Lay and Wallace (1995) showed tha& results in period-dependent
amplitudes of seismic waves which scale with thdtfdimension. For periods T >>the
amplitude does not depend on fault length L. Thisesponds to the plateau of the "source
displacement spectrum”. But if T <<then the amplitudes scale as?dr f 2 (see Fig. 3.5).
This explains the saturation effect when analyzfreguencies higher than the corner
frequency of the source spectrum.
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