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It is widely recognized that collisional mountain belt topography is generated by crustal
thickening and lowered by river bedrock erosion, linking climate and tectonics1–4. However,
whether surface processes or lithospheric strength control mountain belt height, shape and
longevity remains uncertain. Additionally, how to reconcile high erosion rates in some ac-
tive orogens, with long-term survival of mountain belts for 100s of million years remains
enigmatic. Here we investigate mountain belt growth and decay using a new coupled sur-
face process5,6 and mantle-scale tectonic model7. End-member models and the new non-
dimensional Beaumont number, Bm, quantify how surface processes and tectonics control
the topographic evolution of mountain belts, and allow defining three end-member types of
growing orogens: Type 1, non-steady state, strength controlled (Bm > 0.5); Type 2, flux
steady state8, strength controlled (Bm ≈ 0.4 − 0.5); and Type 3, flux steady state, erosion
controlled (Bm < 0.4). Our results indicate that tectonics dominate in Himalaya-Tibet
and the Central Andes (both Type 1), efficient surface processes balance high convergence
rates in Taiwan (likely Type 2), and surface processes dominate in the Southern Alps of
New Zealand (Type 3). Orogenic decay is determined by erosional efficiency and can be
subdivided into two phases with variable isostatic rebound characteristics and associated
timescales. The results presented here provide for the first time a unified framework explain-
ing how surface processes and lithospheric strength control the height, shape, and longevity
of mountain belts.

Creation and decay of orogenic topography

Mountain belt evolution in collisional settings comprises crustal thickening and surface uplift,
followed by tectonic quiescence and isostatic rebound that may include extensional collapse.
Surface processes shape mountain belt surface morphology by counteracting tectonic growth
and by causing topographic decay. End-member collisional mountain belt types9 include (i)
active, narrow orogens with high rock uplift and erosion rates such as Taiwan and the South-
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ern Alps of New Zealand, (ii) active, wide orogens with orogenic plateaus and overall low
erosion rates such as Himalaya-Tibet and the Andes, and (iii) inactive orogens with slowly
decaying topography surviving tens to several hundreds of million of years such as the Urals
or the Appalachians. High erosion rates in small orogens, co-existence on Earth of large
and small orogens of variable height, and long-term survival of orogenic topography, raise
fundamental questions on the factors controlling width, height and longevity of mountain
belts during their growth and decay phases. In non-glaciated mountain belts, rainfall and
river incision control erosional efficiency, denudation rate, and sediment yield2,10,11, imply-
ing that climate may set the width, height, and relief in growing orogens2,3,12–18. Erosional
efficiency is also thought to control the longevity of mountainous relief19,20. However, others
have shown21–24 that finite crustal strength may be the main factor limiting the maximum
elevation of orogens under some circumstances, demonstrating the need for a proper rep-
resentation of tectonic deformation to study the effect of erosional efficiency on mountain
growth and decay that includes isostasy, mantle lithosphere subduction, discrete faulting,
and proper earth-like rheologies.

Coupled tectonic - surface process model

We use the thermo-mechanical tectonic model FANTOM7,25 coupled to the landscape evo-
lution model FastScape5,6, resolving the interaction between upper mantle scale tectonic
deformation and surface processes at high resolution. FANTOM computes deformation of
earth-like materials with frictional-plastic and non-linear thermally-activated viscous flow,
while FastScape solves for river erosion, hillslope processes, sediment transport and depo-
sition (Methods, Extended Data Fig. 1). Erosional efficiency depends mostly on fluvial
erodibility Kf , which spans several orders of magnitude owing to its dependence on rainfall,
rainfall variability, lithology, fracturation, vegetation cover, and abrasive agents14,20,26–29. We
present three end-member models with low (Model 1), high (Model 2), and very high (Model
3) fluvial erodibility (Figs. 1, 2).

End-member model results

In all models, shortening is accommodated by one-sided subduction of the strong lower crust
and lithospheric mantle, and mountain building through crustal thickening (Figs. 1, 2, Sup-
plementary Videos). During the first 10-12 Myr all modelled orogens first grow in height and
then reach a stable maximum elevation (Fig. 2a). Models 1 and 2 reach a height of 6 km and
5 km, respectively, while Model 3 is significantly lower at 1.5 km (Fig. 2a). During conver-
gence, low-erodibility Model 1 continuously widens through formation of thick-skinned thrust
sheets, which control mountain topography and strongly affect drainage patterns. Erosion
and rock uplift rates are very low compared to the convergence rate (vc = 1 cm/yr) and bal-
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anced in the orogen centre, but slightly higher and unbalanced at the active orogen flanks.
The resulting non-steady state mountain belt is characterized by rivers flowing in prominent
thrust-controlled longitudinal valleys (Fig. 1a). In contrast, high erodibility Model 2 exhibits
flux steady state8 between tectonic influx and erosional outflux (uplift/erosion ratio ∼1, see
Fig. 2b) and constant orogen width (∼110 km) and height, with discrete faulting continuously
perturbing the orogen. The resulting mountain belt is characterized by matching high uplift
and erosion rates, consists of more than one thrust sheet, and is cut by sub-linear transverse
valleys with steady-state river profiles (Fig. 1b). Very high fluvial erodibility Model 3 reaches
flux steady state earlier than Model 2, does not produce thrust sheets, and forms a crustal
monocline that is exhumed at the retro shear zone of the orogen (Figs. 1c, 2b). Model 1
and 2 maximum elevation is limited by crustal strength and the crustal buoyancy force is
equal to the combination of the integrated strength and overpressure in the orogen foreland
leading to formation of new thrust sheets (Extended Data Fig. 2). In contrast, erosion limits
orogen height in Model 3, the buoyancy force does not reach the magnitude required to form
new thrust sheets.

End-member models 1-3 represent three types of growing orogens with defining char-
acteristics (Fig. 4): Type 1, non steady state, strength limited; Type 2, flux steady state,
strength limited; Type 3, flux steady state, erosion limited. The sensitivity to variation in
fluvial erodibility, crustal strength, and decoupling between thin-and thick-skinned deforma-
tion during orogenic growth shows that a) increasing fluvial erodibility in Type 1 orogens
decreases the widening rate but not orogen height (Fig. 4b, Extended Data Figs. 3a-c, 4); b)
Type 2 orogens have similar height as Type 1 and their width depends on fluvial erodibility
(Fig. 4c, Extended Data Figs. 3d-f, 4); c) Type 3 orogens have similar narrow width, termed
Wmin, and their height depends on fluvial erodibility (Fig. 4d, Extended Data Figs. 3g-i, 4);
d) lower crustal strength promotes lower height and greater width in strength-limited Type
1 and 2 orogens, but does not significantly affect erosion-limited Type 3 orogens (Extended
Data Fig. 5); e) decoupling between thin-and thick-skinned deformation leads to similar evo-
lution of topography but significantly different structural style in Type 1 orogens (Extended
Data Fig. 6).

Decay of orogenic topography follows two phases with contrasting characteristics (see
supplement for derivation of scaling laws). Short decay Phase 1 quickly removes short-
wavelength fault-controlled topography of Model 1, and narrow orogenic topography of
Models 2 and 3 (Fig. 1d-f), and is associated with regional isostatic rebound. Decay Phase
2 is characterised by removal of long-wavelength topography, and uplift and erosion rates
(Fig. 1g-i) controlled by local isostatic rebound with a ratio of the average crustal and litho-
spheric densities (0.86, Fig. 2b). Phase 2 orogenic decay timescale is controlled by erosional
efficiency, ratio of crust and lithospheric mantle density, and width and initial height of the
orogen (Extended Data Fig. 7). A simple scaling law explains why Model 1 retains maximum
topography of ∼1500 m even after 150 Myr of decay, while Models 2 and 3 loose all orogenic
topography after few tens of Myr of decay (Fig. 2, Extended Data Fig. 7). Note that loss of
topography through extensional collapse corresponds to a shift in time on the decay curve
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(Extended Data Fig. 7h).

Quantifying orogenesis: the Beaumont number

Our model results show that crustal strength and surface process efficiency determine the
topographic evolution of growing Type 1-3 orogens. We define the new non-dimensional
Beaumont-number, Bm, as the ratio of two well established non-dimensional numbers relat-
ing tectonics and surface processes (Extended Data Fig. 8). For growing collisional orogens
Bm is given as the ratio between: 1) The Argand number31, Ar, relating the buoyancy
force associated with orogenic crustal thickening to the resistance of orogenic foreland crust
to deformation and orogen widening, and 2) the surface processes Damköhler number de-
termining surface processes efficiency (Extended Data Fig. 8). Fluvial erosion is dominant
in non-glaciated mountain belts, and DaSP IV , corresponding to the uplift-erosion number
Ne

2,10, determines relative importance of erosional power and surface uplift, so that

Bm =
Ar

Ne

∝ vc
FintKf

. (1)

Bm provides a simple and unique description of the factors controlling orogenic growth,
relating convergence velocity (vc), crustal strength (Fint), surface processes efficiency (Kf ),
and other more easily measurable parameters (e.g., crustal thickness, see derivation in sup-
plement). Models with variable fluvial erodibility, plate velocity, and crustal strength show
systematic variation of Bm, with all models fitting on a single curve (Fig. 3a): Strength-
limited non steady state Type 1 orogens (Fig. 4b) have Bm > 0.5, strength-limited flux
steady state Type 2 orogens (Fig. 4c) have Bm ≈ 0.4−0.5, while erosion-limited flux steady
state Type 3 orogens (Fig. 4d) have Bm < 0.4. In turn, knowing Bm of active orogens
allows approximating crustal strength and average fluvial erodibility, two highly unknown
values.

The Beaumont number of active orogens

The Southern Alps of New Zealand (SANZ), Taiwan, Himalaya-Tibet, and the Central Andes
(see supplement for extensive comparison) represent the full range of orogen-types presented
here. Computation of Bm and orogen type classification only requires knowledge of orogen
height, width, first-order shortening distribution, crustal shortening rate, and an estimate
of the fraction of eroded crustal material. We also define the longitudinality index (LI,
Methods), a simple metric of river diversion into longitudinal valleys and fluvial drainage
network topology complementing Bm. Modelled Type 1 orogens show non steady state
river networks dominated by longitudinal valleys with LI ≈ [1.5− 4.5], while Type 2 and 3
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orogens have steady state river networks dominated by transverse valleys with LI ≈ [1.0−1.3]
(Extended Data Fig. 9).

The SANZ is a type-example of an erosion-limited Type 3 orogen2,12 and has Bm =
[0.15 − 0.48] (Fig. 3a,b, Extended Data Fig. 10a). Its central part forms by collision of the
Pacific and Australian plates at vc ≈ 1 cm/yr, is about 80 km wide, exhibits extremely high
exhumation rates, and is shaped primarily by transverse valleys with median LI = 1.432–35.
It resembles a crustal monocline with crustal shortening largely accommodated by thrusting
on the Alpine fault and minor thrust motion in its hanging wall33,36. Fluvial erodibility is
high and crustal strength can be confined to a range typically observed on Earth (Fig. 3b).

We propose here that Central Taiwan matches the primary characteristics of a flux steady
state but strength-limited Type 2 orogen with Bm ≈ 0.4 (Fig. 3a,c, Extended Data Fig. 10b):
1) It has a constant orogen width of 80 to 100 km in the centre, 2) a non-monoclinal orogen
structure with active thrusting on both orogen flanks, 3) exhibits very high shortening and
erosion rates11, and 4) has primarily transverse valleys (LI = 1.6)37–41. Its maximum mean
height of 2.8 km implies a low crustal strength of Fint = 1.1× 1012 N/m, consistent with the
weak passive margin that constitutes the mountain belt foreland38,39,41. Flux steady state in
Taiwan requires extremely high Kf ≈ 47× 10−5 m0.2/yr, as plate convergence is very high
(Fig. 3c, Extended Data Fig. 10b).

Himalaya-Tibet is a type-example of a strength-limited Type 1 orogen with Bm =
1.5 ± 0.5 (Fig. 3a,d, Extended Data Fig. 10c) with consistent characteristics: 1) a wide
growing orogen with a central plateau, 2) maximum mean height of ∼5 km, 3) high average
convergence rate (vc ≈ 7 cm/yr), and 4) longitudinal fluvial topology with LI = 2.842–44. Bm
allows estimating average fluvial erodibility Kf = [4.7− 12.5]× 10−5 m0.2/yr and integrated
strength Fint = 2.7 ± 0.4× 1012 N/m (Fig. 3) agreeing with model values and independent
estimates45. High average fluvial erodibility implies extremely high erosion rates in the wet
frontal Himalayas, several magnitudes higher than in the dry mountain belt centre, consistent
with exhumation data and modelling studies4,46,47.

The Central Andes48 have also characteristics of a strength-limited Type 1 orogen with
Bm = 3± 1 (Fig. 3a,e, Extended Data Fig. 10d): 1) It is actively shortening and widening
(vc ≈ 1 cm/yr)49, 2) exhibits a common maximum mean elevation of ∼ 4.4 km despite
highly variable mountain width along strike, and 3) has a prominent longitudinal fluvial
network with median LI = 2.1. Similar height but variable width of the Andes along strike
is consistent with initial growth in height and then in width, and can be explained either
by an along-strike change in erodibility and climate, or by variations in amount of crustal
shortening49.

We briefly summarise the primary controls determining the different orogenic system:
High convergence rate dominates over high fluvial erodibility in the non-steady state Type
1 Himalaya-Tibet orogen, while similar fluvial erodibility but lower convergence rate leads
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to the Type 3 steady state SANZ orogen. The Type 2 Taiwan orogen is dominated by
extremely high fluvial erodibility, which otherwise would likely be a Type 1 orogen given
its weak foreland crust and high convergence rate. In contrast, low shortening rates in the
Central Andes dominate over very low fluvial erodibility. The Bm number for the various
natural systems suggests that crustal strength on Earth varies only by a factor 2-3, while
plate convergence and fluvial erodibility each span a greater range and determine orogen
type (Figure 3).

Channel steepness indices (ksn) for modelled orogens are consistent with actively growing
and decaying orogens on Earth18,50,51 (Extended Data Fig. 9h, Methods). Modelled ksn
strongly suggest that rheological control on maximum topographic relief on Earth explains
the observed upper limit of steepness indices on Earth.

Characteristic mountain belt evolution

We propose here that collisional orogenic topographic evolution follows four characteristic
phases (Fig. 4a) that can be understood by considering the interplay of convergence velocity,
crustal rheology, and surface processes efficiency. Phase I initial orogen growth occurs until
the maximum elevation (hR) that is supported by crustal strength is reached (Type 1 and
Type 2) or until erosion-limited steady state is reached (Type 3). Subsequent Phase II
orogen growth occurs either at steady state with constant width for high surface process
efficiency (Type 2 and 3), or at non-steady state when erosion does not balance tectonic
flux, resulting in orogen widening at constant maximum elevation (Type 1). The Bm number
provides a measure of steady versus non-steady-state nature, and the underlying controlling
factors. Decay of orogenic topography is controlled by erosional efficiency and isostatic
rebound in response to erosion. Phase III exhibits fast decay and removal of short-wavelength
topography. Slow and long-term decay of topography in Phase IV is controlled by surface
process efficiency and local-isostatic rebound.

We conclude that the topographic evolution of collisional orogens is determined by the
combination of plate velocity, crustal rheology, and surface processes efficiency. The new
Beaumont number uniquely defines mountain belts as Type 1, 2, or 3, explains their under-
lying controls, and allows approximation of crustal strength and average fluvial erodibility.
In strength limited orogens (Type 1 and 2), erosional efficiency may control mountain belt
width but not height, and mountain belt elevation puts constraints on rheology of the grow-
ing orogen. In contrast, high surface process efficiency in erosion-limited Type 3 orogens
determines orogen height and leads to a characteristic structural style with constant, low
orogen width. Provided erosional efficiency does not change, Bm also allows predicting the
timescale and rate of orogenic decay once convergence stops, as mountain belt longevity is
mostly dictated by erosional efficiency. The Central Andes, for instance, are likely to survive
for a long time, possibly longer than Himalaya-Tibet, while Taiwan is likely removed within

6



few Myrs of tectonic inactivity. The results presented here provide for the first time a unified
framework for the controls of collisional mountain belts subject to the interaction between
surface processes and tectonics.
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Figure 1 | Key stages for Models 1 – 3 (one model per column). a-c, Model snapshots at
the end of shortening. From bottom to top: Zoom into model domain showing material distribution
(sed = sediments, uc = upper crust, mc = middle crust, lc = lower crust, lm = lithospheric
mantle) and temperature contours from thermo-mechanical tectonic model, map-view landscape,
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surface processes Ẇ0 (filled markers, right y-axis), against Beaumont number. Squares, dots and
triangles represent different model sets with variable fluvial erodibility, crustal strength, and plate
velocities (model values in supplementary table 3). Large crosses show approximate positions
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Methods

Thermo-mechanical-landscape-evolution-model: We use the 2-dimensional Arbitrary
Langrangian-Eulerian (ALE), finite element model FANTOM7,25, computing thermo-mechanically
coupled, incompressible, plane-strain, viscous-plastic creeping flows to investigate mountain
building during continent-continent collision (see supplementary file). We coupled FANTOM
to the 2-dimensional landscape evolution model FastScape5,6. FastScape directly interacts
with the thermo-mechanical model, in that any deposition and erosion feeds back to the
thermo-mechanical computation through its effect on gravitational stress redistribution and
on rheology (see supplementary material for detailed coupling description). FastScape solves
for stream power river incision (Kf -term in eq. 2), hillslope diffusion (Kd-term), sediment
transport and deposition in rivers (G-term) and filling of local depressions, i.e. lakes and the
mountain foreland basins:

∂h

∂t
= U −KfA

mSn + Kd∇2h +
G

A

∫
A

(U − ∂h

∂t
)dA, (2)

where h is topographic elevation, t is time, U is uplift rate, Kf is fluvial erodibility, A is
catchment area upstream, S is local slope, Kd is hillslope diffusion coefficient, G is a dimen-
sionless deposition coefficient, and m and n are the stream power exponents. Denudational
power is largely set by the efficiency of river erosion, which depends on the coefficients m, n,
G, and Kf . m, n, and G are relatively well known with n ranging from 1− 3 52, m

n
varying

from 0.3−0.5 53, and G being in the order of 1 54. The fluvial erodibility Kf is characterised
by large uncertainty and spans a wide range, as it incorporates variations as a function
of climate, rock type, vegetation, abrasive agents and channel geometry53. Typical values
lie between 1× 10−6 m0.2/yr and 1× 10−4 m0.2/yr 53, assuming m = 0.4 and n = 1. We
designed three end-member models with respectively low Kf = 0.5× 10−5 m0.2/yr (Model
1), high Kf = 5× 10−5 m0.2/yr (Model 2), and very high Kf = 20× 10−5 m0.2/yr (Model
2), with m = 0.4, n = 1 and G = 1. The hillslope diffusion coefficient is constant with
Kd = 1× 10−2 m2/yr 55,56. Models are actively shortening for 25 Myr at a rate of 1 cm/yr,
leading to 250 km of convergence, followed by orogenic decay without active shortening until
the orogenic topography is removed by erosion.

The Beaumont number: We define the new non-dimensional Beaumont number, Bm,
that captures the interaction between surface processes and tectonics. We propose the name
Beaumont-number, as Beaumont et al. [1], and Chris Beaumont and his group during the
following years, initially developed coupled tectonic-surface process models similar to ours,
and used them to investigate the feedbacks between tectonics, surface processes, and ulti-
mately climate. Bm is defined as the ratio between the essential non-dimensional number
describing tectonics (NTec), and the essential non-dimensional Surface Processes Damköhler
number determining surface processes efficiency (see also Extended Data Figure 8):

Bm =
NTec

DaSP
. (3)
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For mountain belts growing by crustal thickening, one can show that the Argand number
Ar of the continental crust is the key non-dimensional number describing tectonics [31, 57,
58] (see supplement for derivation). DaSP IV is the non-dimensional number determining
mass in- and out-flux in systems dominated by fluvial surface processes, so that

Bm =
Ar

DaSP IV
(4)

is the Beaumont number that captures the interaction between surface processes and tec-
tonics in actively growing collisional mountain belts. Large Bm imply inefficient surface
processes, which results in Type 1 orogens, and low Bm mean that surface processes are
efficiently counteracting orogenic growth, which results in Type 3 orogens.

Specifically, in case surface processes are determined by the (extended) Stream Power
Law, as in our models, DaSP IV corresponds to the uplift-erosion number Ne

2,10, and

Bm =
Ar

Ne

. (5)

See supplementary file for a full derivation of Bm and associated values.

Longitudinality index: We define the longitudinality index (LI) as the quotient of
actual river length and shortest distance between river source and orogen boundary. To com-
pute LI we use the modelled landscapes (Extended Data Fig. 9), and the 90-m-resolution
CGIAR-SRTM v4.1 DEM of each investigated orogen (Extended Data Figs. 9c-f). The
DEMs are re-scaled to 250 m (Alps, New Zealand, Taiwan) respectively 1000 m (Himalaya,
Andes) resolution to ensure computational feasibility. Following Whipple et al. 3, we assume
that any point in the landscape with a critical drainage area A = max(min(A), 1× 105 m2) is
a source point of a river. The orogen boundaries are manually picked to align with the strike
of the outermost significant orogenic topography; in our models the orogen boundaries are
defined at an average model elevation of 350 m. Only rivers draining through the predefined
boundaries are considered for computation. River length and long profiles are computed
using the FastScape steepest-descent algorithm, with hydraulic continuity ensured by lat-
eral connection of local minima for instance related to artefacts in the DEM. We note that
our calculations create only theoretical river networks which for instance also connect en-
dorheic basins to base-level. We consider this first order representation of fluvial networks
as sufficient for our data analysis. Rivers naturally build a dendritic network with laterally
flowing tributaries. To separate tributaries from river flow diverted by tectonic activity, we
impose a simple minimum distance between source point and orogen boundary of 15 km.
The minimum distance is reduced to 12 km in the NW flank of the Southern Alps of New
Zealand, to ensure proper source point coverage in this area. We stress that points with
high longitudinality indices and large distance to the orogen boundary indicate that tectonic
topography is persistently not removed by surface processes. These source points are there-
fore more significant than source points close to the boundary, where newly forming thrusts
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only transiently divert river flow. For simplicity, we did not introduce complicating factors,
for instance distance-weighting, to our data points. Most notably the Southern Alps of New
Zealand are characterized by many Quaternary glacial valleys. For our analysis we assume
that glaciers followed the pre-existing river network, so that longitudinality indices are to
first order also meaningful in theses orogens.

Steepness index: We compute the steepness index in Fig. 3d with ksn = A
m
n S, see

Wobus et al. 59. Yuan et al. 6 showed that including sediment deposition, as utilized in our
model simulations (Fig. 2), increases the steepness index at steady state by a factor of 1+G.
However, to simplify comparison of our model landscapes with existing data sets18, we utilize
the conventional ksn = A

m
n S. Extended Data Fig. 9h shows the steepness index of the whole

model domain as swath profile, with the median of values as bold line. Swath boundaries
represent whisker-caps of a standard box-and-whisker plot of along-strike model data.

Code Availability

Numerical models are computed with published methods and codes, described in the Methods
section and supplementary file. The code for longitudinality index calculations is available
from the corresponding author on request.

Data Availability

All data supporting the findings of this study are contained within the article and supple-
mentary files.
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numbers.

Author Contributions

S.G.W., R.S.H., J.B., and X.Y. designed the experiments, discussed the results and implica-
tions, and wrote the article. With help from R.S.H., J.B. and X.Y., S.G.W. developed the
coupling between the tectonic model and the surface process model. S.G.W. conducted the
comparison to Nature, and run and visualized the models.

18



Additional information

Supplementary Information is available for this paper. Correspondence and requests for
materials should be addressed to S.G.W. at sebastian.wolf@uib.no. Reprints and permissions
information is available at www.nature.com/reprints.

Competing interests

The authors declare no competing interests.

19



Extended Data Figures
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Extended Data Figure 1 | Model setup with boundary conditions (a), initial landscape
with surface process parameters (b), and material legend with properties (c). a, The
model is 1200 km wide, 600 km deep and has a uniform layered material distribution. A zoom into
the continental lithosphere with corresponding yield-strength-envelope is shown as insert. Moun-
tain building is modelled by applying a velocity boundary condition on both model sides in the
lithosphere. Inflow is balanced by small distributed outflow of material in the sub-lithospheric
mantle. The side and lower model boundaries have free slip conditions and the upper surface is
free. The thermo-mechanical model is coupled to the surface process model FastScape, which starts
out with a fluvial network with maximum 250 m elevation (b). The free surface corresponds to the
average FastScape elevation. The initial temperature distribution in the continent corresponds to
1D-thermal steady state and the temperature in the sub-lithospheric mantle follows an adiabatic
gradient of 0.4 ◦C. The side boundaries are insulated and the top and bottom of the model domain
have fixed temperatures with respectively 0 ◦C and 1522 ◦C. c, Material legend shows colour, scaled
flow law, and density of model materials. Blues for syn-contractional sediments alternate every 5
Myr. WQtz is the wet quartz flow law from Gleason & Tullis 60, DMD is dry Maryland flow law
from Mackwell et al. 61, WOl is the wet olivine flow law from Karato & Wu 62.
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(red) at the end of the shortening phase (25 Myr).

21



W
id

th
 (k

m
)

D
ep

th
 (k

m
)

h 
(k

m
) Mean

elevation

MKf0.5: Kf = 0.5 x 10-5 m0.2/yr, 
No Growth Steady State
width = still growing 
H = 6600 m

MKf1: Kf = 1 x 10-5 m0.2/yr,
No Growth Steady State
width = still growing 
H = 5150 m 

0

2

4

6

H
 (k

m
)

uc
Sed

mc
lc
lm

350ºC
550ºC
700ºC

MKf2: Kf = 2 x 10-5 m0.2/yr,
No Growth Steady State
width =  still growing 
H = 5300 m

a b c

Ri
ve

rs
 in

lo
ng

itu
di

na
l

va
lle

ys

Rivers in
transverse
valleysW

id
th

 (k
m

)
D

ep
th

 (k
m

)
h 

(k
m

) Mean
elevation

MKf3: Kf = 3 x 10-5 m0.2/yr,
Growth Steady State
width = ~160 km,
H = 5050 m 

0

2

4

6

H
 (k

m
)

uc
Sed

mc
lc
lm

350ºC
550ºC
700ºC

MKf7: Kf = 7 x 10-5 m0.2/yr ,
Growth Steady State
width = ~90-100 km,
H = 4200 m

MKf5: Kf = 5 x 10-5 m0.2/yr ,
Growth Steady State
width = ~110 km,
H = 4850 m 

d e f

g h iMKf10: Kf = 10 x 10-5 m0.2/yr,
Growth Steady State
width =  ~80-100 km 
H = 2900 m

MKf20: Kf = 20 x 10-5 m0.2/yr,
Growth Steady State
width =  ~70-90 km 
H = 1700 m

MKf50: Kf = 50 x 10-5 m0.2/yr,
Growth Steady State
width =  ~70-90 km 
H = 700 m

W
id

th
 (k

m
)

D
ep

th
 (k

m
)

h 
(k

m
) Mean

elevation

0

2

4

6

H
 (k

m
)

uc
Sed

mc
lc
lm

4

350ºC
550ºC
700ºC

2

350ºC
550ºC
700ºC

1

Extended Data Figure 3 | Supplementary growth-only models with variable fluvial
erodibility. a-i, Snapshots of supplementary models 1-9 after 25 Myr of model evolution. Each
panel consists of: Zoom into the model domain showing material distribution and temperature
contours of thermo-mechanical tectonic model, map-view landscape from landscape evolution model
FastScape, and swath elevation profile of the landscape. Swath profiles have the same scale in a-f,
but a different scale in g-i. Top-row models do not reach flux steady state (Type 1); middle-row
models reach steady state and are to first order strength-limited (Type 2); bottom-row models
reach flux steady state and are erosion-limited (Type 3). Note: Non steady state models exhibit
rivers flowing in longitudinal valleys in orogen core, and erosion-limited orogens do not form thrust
sheets on the left side. H is the maximum mean elevation plotted as function of time in Extended
Data Fig. 4b. Colours of model titles a-i correspond to colours in Extended Data Fig. 4.
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Extended Data Figure 4 | Time-dependent evolution of mountain width and height.
a,b, Evolution of mountain width and maximum mean elevation through time for the 9 growth-only
models with different fluvial erodibility shown in Extended Data Fig. 3. The mountain width is
calculated every 0.5 Myrs between the two outermost points above 600 m, or above 15 % of maxi-
mum mean height (black Type 3 models). Steps in width correspond to new outward-propagating
thrusts.
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Extended Data Figure 5 | The influence of crustal rheology. a,b, Evolution of mountain
width and maximum mean elevation through time for three models with different fluvial erodibility
and low crustal strength. Colours are the same in both plots. Mountain width is calculated every 0.5
Myrs between the two outermost points which are above 600 m, or above 15 % of maximum mean
height (in MKf20 and MKf20Weak). Steps in width correspond to new outward-propagating
thrusts. c-e, Snapshots of models MKf0.5Weak, MKf5Weak, and MKf20Weak after 25 Myr of
model evolution. Each panel consists of: Zoom into the model domain showing material distribution
and temperature contours of thermo-mechanical tectonic model (see Extended Data Figure 1 for
material colours), map-view landscape from landscape evolution model FastScape, swath elevation
profile of the landscape, and buoyancy force plot. The buoyancy force plot shows one earlier
timestep (10 Myr) as a grey line and the sum of integrated overpressure P̄O plus Fint as red stippled
lines. The stippled lines frame a typical range of measured values. On average P̄O ≈ Fint; P̄O and
Fint are computed in the foreland crustal column in models MKf0.5Weak and MKf5Weak, at
several timesteps.
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Extended Data Figure 6 | Influence of variable structural style (decoupled thick-
and thin-skinned tectonics). a,b, Evolution of mountain width and maximum mean elevation
through time for three models with different fluvial erodibility and with shallow crustal decoupling
horizon (“salt” layer). Colours are the same in both plots. The mountain width is calculated every
0.5 Myrs between the two outermost points above 600 m, or above 15 % of maximum mean height
(in MKf20 and MKf20Salt). Steps in width correspond to new outward-propagating thrusts. c-e,
Snapshots of models MKf0.5Salt, MKf5Salt, and MKf20Salt after 25 Myr of model evolution.
Each panel consists of: Zoom into the model domain showing material distribution and temperature
contours of thermo-mechanical tectonic model (see Extended Data Figure 1 for material colours,
purple is the weak layer), map-view landscape from landscape evolution model FastScape, swath
elevation profile of the landscape, and buoyancy force plot. The buoyancy force plot shows one
earlier timestep (10 Myr) as a grey line and the sum of integrated overpressure P̄O plus Fint as red
stippled lines. The stippled lines frame a typical range of measured values. On average, P̄O ≈ Fint;
P̄O and Fint are computed in the foreland crustal column in models MKf0.5Salt and MKf5Salt,
at several timesteps. 25
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Extended Data Figure 7 | Analytical scaling relationship for decay phase II - effectively
local isostatic rebound. a-f, Elevation-time plots of FastScape-only models with low and high
erodibility, variable orogen width and variable initial orogen height. Each sub-figure shows the
evolution of topography and corresponding analytical solution of four models starting with the same
width but with different initial heights. Uplift in these models is local-isostatic (U = (1− ρ′)× ė),
erosion follows the (extended) stream-power law with the same parameters as used in the coupled
models. g, Shows evolution of maximum mean topography of the three models presented in the
main text (Figure 1) with corresponding analytical solutions. The analytical solution is derived
in the supplemental material. We see that a wider orogen and lower erodibility lead to slower
decay; a lower initial starting height corresponds to a shift in time on the decay curve. The latter is
displayed in (h). All models show good fit between analytical solution and evolution of topography.
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Fluvial surface processes can be described by
four non-dimensional Damköhler numbers:

Mechanics of surface processes

New non-dimensional number, termed Beaumont number (Bm),
captures the interaction between surface processes and tectonics 
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Extended Data Figure 8 | Non-dimensional Surface Processes Damköhler numbers and
Beaumont number. a, Theoretical box model that describes the mechanics of surface processes
with fluxes between different hypothetical reservoirs. b, Definition of the four Surface Processes
Damköhler numbers (DaSP ) determining the mechanics and efficiency of surface processes. c,
Definition of a new non-dimensional number, termed Beaumont-number (Bm) that determines
the interaction between surface processes and tectonics. NTec is the non-dimensional number
determining topographic growth, here the crustal Argand number Ar in case of collisional orogens,
Ne is the uplift-erosion number.
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Extended Data Figure 9 | Longitudinality index in modelled orogens (a,b) and natural
examples (d-f), steepness index of modelled orogens (h). a,b, 2D longitudinality index
(LI) plots of Models 1 and 2 showing the FastScape elevation as grey-shade in the background, the
LI of each source point (A = 1× 105 m2) of a river as colour coding, and the corresponding rivers
as light-grey and transparent overlay. The black lines are the orogen boundaries corresponding to
300 m average elevation. c-f, DEM and (LI) plots for Taiwan (Tw), the Southern Alps of New
Zealand (SANZ), Himalaya-Tibet (Him), and the Central Andes (And). The DEMs show elevation
as colour coding, the manually picked orogen boundaries as black lines, and a stippled box outlining
the LI plots. The LI plots show elevation as grey-shade in the background, each LI of a source
point (A = 1× 105 m2) of a river as colour coding. g, Box-and-whisker plots show the full LI
datasets with boxed first and third quartile, whiskers expanding to the minimum and maximum of
the datasets (+1.5 IQR), median as green line, mean as green dot, and outliers as grey circles. The
grey, stippled line corresponds to a value of 1.5, which is roughly the maximum value of model 2.
h, Swath profile of steepness indices of Models 1 and 2 at the end of shortening and during orogenic
decay. Bold line shows median, shaded area frames value range (Methods).
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Extended Data Figure 10 | Digital elevation models, swath profiles, and geological cross
sections of the Southern Alps of New Zealand, Taiwan, Himalaya-Tibet and Central
Andes. Swath profiles are created in the vicinity of the cross sections, oranges are crust, greys are
lithospheric mantle, and vc is the convergence velocity related to crustal thickening. a, Cross section
modified from Little [34] and Herman et al. [36]. b, Cross section modified from Brown et al. [38]
and Van Avendonk et al. [41]. lc is lower crust, oc is oceanic crust, so are syn-orogenic sediments,
sr are pre-orogenic syn-rift sediments, LA is the Luzon Arc, LV is the longitudinal valley, orange
color is crustal rocks. c, Cross section modified from Owens & Zandt [63]. Yellow color is lower
crust, orange is crust from the pro-plate, light-orange is Tibetan retro-plate crust. The light-grey
lithospheric mantle is possibly removed. d, Cross section modified from DeCelles et al. [42]. The
additional swath profiles II and III show that the actively shortening Central Andes reach similar
heights independent of orogen width.
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Content

This supplementary file contains:

• An explanation of the supplementary model animations.

• An extended Methods sections explaining the modelling basics and setup choices of
the thermo-mechanical-landscape-evolution model.

• A detailed description of the supplementary models.

• The derivation of the scaling relationship between surface processes and tectonics dur-
ing orogenic growth.

• A comprehensive comparison between model inferences and the natural examples dis-
cussed in the text.

• The derivation of the scaling relationship between surface processes and tectonics dur-
ing orogenic decay.

1 Model Animations

The data repository contains 21 animations of the main end-member models M1-M3 and the
supplementary models. M1-M3 are displayed in 3D-view with the thermo-mechanical model
in the bottom, and the landscape evolution model on top. M1-M3 and all supplementary
models are furthermore presented in animations consisting of four subplots showing from
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top to bottom: Uplift and average erosion rate, Average elevation with swath profile, 2D
FastScape surface, and the FANTOM material colors (see legend in Extended Data Fig. 1)
with temperature contours (100 ◦C, 350 ◦C, 550 ◦C, 700 ◦C). Naming of supplementary ani-
mations follows the same convention as used in the article.

2 Supplementary Methods

2.1 Thermo-mechanical model

2.1.1 Basic principles

We use the extended 2-dimensional Arbitrary Langrangian-Eulerian (ALE), finite element
tectonic model FANTOM1,2, coupled to the landscape evolution model FastScape3,4, to in-
vestigate the topographic evolution of mountain belts during growth and decay. The thermo-
mechanical model FANTOM solves momentum and mass conservation (eqs. S1, S2) of plane-
strain incompressible creeping materials, and heat transfer (eq. S3) in the model domain:

∂σij
∂xi

+ ρg = 0 i, j = 1, 2, (S1)

∂vi
∂xi

= 0 i = 1, 2, (S2)

cpρ

(
∂T

∂t
+ vi

∂T

∂xi

)
= k

∂

∂xi

∂T

∂xi
+H + vjαρTg, (S3)

where vi are velocity components, xi are spatial coordinates, σij is the stress tensor, ρ is
density, g is gravitational acceleration, cp is specific heat, T is temperature, t is time, k
is thermal conductivity, H is radioactive heat production per unit volume, and α is the
volumetric thermal expansion coefficient. The term vjαρTg in eq. S3 is the correction
for adiabatic heating and cooling when material moves vertically. Density, ρ, is a function
of temperature through ρ(T ) = ρ0 (1− α (T − T0)), where α is the coefficient of thermal
expansion.

Model materials deform either by viscous or frictional-plastic flow. Frictional-plasticity
is modelled using a pressure-dependent Drucker-Prager yield criterion:

σ′plast = P · sin(φeff ) + C · cos(φeff ), (S4)

where σ′plast is the square root of the second invariant of the deviatoric stress, P is the
dynamic pressure, φeff is the effective angle of internal friction and C is cohesion. Gouge
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formation, mineral reactions5, and fluid pressure variations6 typically weaken fault zones
on Earth. In our modelling approach we approximate these processes by linearly reducing
the effective angle of internal friction φeff from 15◦ to 2◦ and C from 20 MPa to 4 MPa
within a pre-defined strain-interval 0.1 < εplastic < 1.1 7. Note that φeff = 15◦ corresponds
approximately to hydrostatic pore-fluid-pressure conditions.

When the deviatoric stress is below σ′plast, model materials deform by a non-linear,
thermally-activated power law creep, which relates pressure, temperature and strain rate
to the viscous flow stress, σ′visc:

σ′visc = f · A−
1
n · (ε̇eff )

1
n · exp

(
Q+ V P

nRT

)
, (S5)

where σ′visc is the square root of the second invariant of the deviatoric stress, ε̇eff is the
square root of the second invariant of the deviatoric strain rate, f is a scaling factor, A the
pre-exponential factor converted to plane strain, n the power-law exponent, Q the activation
energy, V the activation volume, P the dynamic pressure, and R the universal gas constant.

2.1.2 Model setup

Continent-continent collision is modelled in an idealised upper mantle-scale Cartesian cross-
section with 600 km vertical and 1200 km horizontal extent (Extended Data Fig. 1). The
model domain has a layered material distribution consisting of 25 km upper/middle crust,
10 km lower crust, 85 km of lithospheric mantle down to 120 km depth, underlain by sub-
lithospheric mantle to the lower boundary. Sediments deposited during runtime have the
same properties as upper/mid crust but are marked by three different blue colours changing
every 5 Myr. All materials are described by the same frictional-plastic parameters, subject
to strain-weakening as a function of plastic strain. Viscous flow of upper/middle crust is
described by a ‘wet’ quartz flow law8, and lower crust follows a ‘dry’ Maryland diabase flow
law9. The lithospheric mantle is described by a ‘wet’ olivine flow law10, scaled by a factor
f = 5 to account for strong, melt-depleted conditions. Sub-lithospheric mantle follows the
same flow law scaled by f = 1. We use the scaling factor f to base our model materials
on a minimum number of well established flow laws, while also accounting for extrapolation
uncertainties from laboratory to nature and different geological situations.

The initial temperature field in the model domain is at steady state and represents typical
average values for Phanerozoic lithosphere11, with a Moho temperature of 550 ◦C at 35 km
depth and 1330 ◦C at the lithosphere-asthenosphere boundary at 120 km depth, leading to
heat flow of 53 mW m−2 at the surface and 20.8 mW m−2 in the sub-lithospheric mantle. To
maintain the heat flux at the base of the lithosphere, resembling mantle convection at high
Nusselt number, k linearly increases from 2.25 W m−1 K−1 to 52.0 W m−1 K−1 between 1330
and 1340 ◦C in the sub-lithospheric mantle12. This setup is designed to keep an adiabatic
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gradient of 0.4 ◦C km−1 in the sub-lithospheric domain. The top and bottom model domain
boundaries have a constant temperature boundary condition of 0 ◦C and 1522 ◦C respectively,
and the side boundaries are insulated.

Mountain growth and decay is modelled by applying inflow velocity boundary conditions
of 0.5 cm/yr in the lithosphere on both sides. Inflow is balanced by outflow in the sub-
lithospheric mantle (Extended Data Fig. 1). The velocity boundary conditions are applied
for 25 Myr, creating a mountain belt with 250 km of shortening. Subsequently, inflow/outflow
boundary conditions are switched off during mountain belt decay. The side boundaries have
vertical roller conditions, the top surface is a true free surface and the bottom boundary is
characterized by free slip.

The thermal and rheological setup leads to viscous decoupling of the upper/mid crust on
top of the lower crust in discrete thick-skinned fault blocks. This specific setup is motivated
by the Pyrenees, Alps, Taiwan, the Southern Alps of New Zealand, and Himalaya-Tibet,
here at least the Indian plate which all exhibit viscous decoupling on top of the subducting
lower crust and lithospheric mantle13–21. The effect of additional thin-skinned deformation
on the evolution of mountain belt topography is tested in a set of supplementary models with
a weak and shallow décollement level (Extended Data Fig. 6). During initial shortening a
conjugate set of shear zones forms where randomly one branch is a tiny bit weaker than the
other. Strain-weakening of the weaker branch provides a positive feedback leading to prefer-
ential localisation on one shear zone and large scale asymmetry with one-sided subduction
of lithospheric mantle and lower crust. To simplify model comparison, models are flipped
left-right during post processing in case the right lithospheric mantle subducts.

Material densities have common values (see Extended Data Fig. 1, Supplementary Ta-
ble 1). The lithospheric mantle is depleted by 20 kg m−3 with respect to the underlying
sub-lithospheric mantle. The depletion is representative for Phanerozoic lithospheric man-
tle22,23, and leads to a near neutral buoyancy contrast between the subducting lithospheric
mantle and the sub-lithospheric mantle. The model includes an irreversible metamorphic
phase change of the strong mafic lower crust at UHP-conditions, following the phase diagram
of Hacker 24. For simplicity, the UHP equivalent has the same properties as lithospheric man-
tle. The metamorphosed lower crust is also subject to viscous strain-weakening by reducing
the scaling factor from f = 5 to f = 0.1 within the strain interval 0.1 < εviscous < 1.1. Vis-
cous weakening is limited by the 1000 ◦C isotherm and ensures proper decoupling between
subducting and overriding plate.

The Eulerian grid consists of 1200 cells in horizontal and 264 cells in vertical direction.
The distribution of cells is vertically non-uniform leading to a resolution of 250 m in the
upper 20 km, 1 km to a depth of 160 km and 10 km in the remaining sub-lithospheric mantle.
The horizontal resolution is constant with 1 km per cell.
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Supplementary Table 1 | Mechanical and thermal properties of model materials.

Parameters Sediments, Upper &
middle crust

Lower crust Mantle lithosphere Sub-lithospheric
mantle

Plastic rheology
C - Csw (MPa) 20-4 20-4 20-4 20-4
φ - φsw (◦) 15-2 15-2 15-2 15-2

Viscous rheology
Flow lawa WQtz DMD WOl WOl
f 1 1 5 1

A ( Pa s1/n)b 8.57× 10−28 5.78× 10−27 1.76× 10−14 1.76× 10−14

n 4.0 4.7 3.0 3.0
Q ( kJ mol−1) 223 485 430 430
V ( cm3 mol−1) 0 0 10× 10−6 10× 10−6

Density
ρ0 ( kg m−3) 2800 2990 (3360)c 3360 3380
α ( K−1) 3× 10−5 3× 10−5 3× 10−5 3× 10−5

Thermal
k ( W m−1 K−1)d 2.25 2.25 2.25 2.25
H ( µW m−3) 1.15 0.5 0 0
cp ( J kg−1 K)e 804 762 682 1250

a WQtz is the wet quartz flow law as described in Gleason & Tullis 8; DMD is the dry Maryland flow law from Mackwell
et al. 9; WOl is the wet olivine flow law from Karato & Wu 10.
b The laboratory derived pre-exponential flow law constant has been converted to conform with the second invariants of the
stress and strain rates used in the model approach.
c Metamorphic UHP equivalent. The P-T-field for the metamorphic reaction coincides with the UHP-eclogite stability field
from Hacker 24.
d Thermal conductivity for low temperatures. Between 1335 ◦C and 1345 ◦C the conductivity linearly increases from 2.25
to 52.0 W m−1 K−1, to mimic active mantle convection at high Nusselt number, keep the adiabatic gradient and prevent the
system from cooling.
e cp is scaled to give uniform diffusivity of 1× 10−6 m2/ s.
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2.2 Landscape evolution model

To model surface processes we use the 2-dimensional, O(N) and implicit, landscape evolution
model FastScape3, which is extended by taking into account sediment deposition4:

∂h

∂t
= U −KfA

mSn +Kd∇2h+
G

A

∫
A

(
U − ∂h

∂t

)
dA, (S6)

where h is topographic elevation, t is time, U is uplift rate, Kf is the fluvial erodibility,
A is the catchment area, S is the local slope, Kd is the hillslope diffusion coefficient, G is
the dimensionless deposition coefficient, and m and n are the stream power exponents. The
landscape evolution model computes changes in topography as a function of uplift, stream-
power erosion (Kf -term), hillslope creep (Kd-term), and continental deposition as a function
of the net erosion upstream (G-term). The model predicts the smooth transition between
detachment-limited and transport-limited behaviors. Local minima, i.e. lakes and also the
orogenic foreland basins, are filled up from the deepest point with the locally available
sediments. Every river is connected to either the left or right side boundary by bridging
local minima to their lowest neighbour catchment.

2.3 Coupling between thermo-mechanical and landscape evolu-
tion model

The thermo-mechanical model FANTOM and the surface process model FastScape are cou-
pled in a T-coupling manner25. After every thermo-mechanical timestep, the surface velocity
is given to FastScape as a cylindrical signal. First, the landscape is advected horizontally
according to the given velocity field. The vertical velocity field is subsequently used as input
to solve the extended stream-power model (eq. S6). Next, the average surface elevation is
given back as the new free surface of the thermo-mechanical model. Finally, any erosion
or deposition is accounted for by removal or addition of marker particles in FANTOM. The
FastScape surface sits truly on top of the thermo-mechanical model without any interpola-
tion steps. Accordingly, the model domain is 1200 km wide and we chose a depth of 200 km.
See below for more discussion of the FastScape model depth. The landscape evolution model
has the same spatial resolution as the tectonic model (1 km) in both dimensions. The left
and right side boundaries of the landscape are open so that water flows out, and the top
and bottom boundaries are periodic. All models start with the same steady-state landscape
which has a maximum height of 250 m (Extended Data Fig. 1b), resembling a pre-existing
river system.
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2.4 The influence and meaning of the FastScape model depth (y-
dimension)

Tests with different depths of the FastScape model domain have shown that model evolution
is not dependent on the depth of the surface processes model. The local minima bridging
algorithm in FastScape ensures continuous water flow to the left and right side boundaries
of the model domain. This leads automatically to cutting of newly forming thrusts, which
explains why all thrusts in Model 1 are cut at least once by rivers. In Nature, thrusts are
expected to have a finite along-strike extent and are not continuous features. Furthermore,
rivers would either cut a newly forming thrust or flow around it if possible. Since all thrusts
in FastScape are at least cut once due to local minima bridging, the FastScape model depth
can be interpreted as representing a typical thrust length in Nature. We chose a FastScape
model depth of 200 km because it represents a typical maximal thrust wavelength observed
in different active mountain belts on Earth (see Extended Data Fig. 9, 10). A model width
of 200 km also generates LI values comparable to natural mountain belts, which corroborates
our value choice.

3 Description of supplementary models

3.1 The influence of fluvial erodibility

Nine supplementary models with variable Kf , longer growth phase (40 Myr, 400 km con-
vergence), and without the decay phase highlight the influence of fluvial erodibility dur-
ing growth (see Extended Data Figs. 3 and 4). Increasing Kf from 0.5× 10−5 m0.2/yr to
2× 10−5 m0.2/yr, we see: a) the orogen widening rate is lower with higher Kf as growth is
more efficiently counteracted by erosion, b) model orogens are still widening and thus not
in flux steady state, c) rivers flow partly in longitudinal valleys, and d) maximum mean
orogen height is lower in MKf1 and MKf2 than in MKf0.5, but MKf1 and MKf2 have
similar elevation. The increase from Kf = 2× 10−5 m0.2/yr to Kf = 3× 10−5 m0.2/yr marks
the transition to flux steady state, because MKf3 is on average not widening any more.
The transition is also shown by the characteristic absence of thrust-related longitudinal
valleys in MKf3. Importantly, MKf2 and MKf3 have very similar maximum mean eleva-
tion through time, though MKf3 is slightly lower (Extended Data Fig. 4). Increasing Kf

from 3× 10−5 m0.2/yr to 5× 10−5 m0.2/yr notably changes orogen width from around 150
to 110 km. In terms of orogenic structures, MKf3 is composed of 2-3 thrust sheets, while
model MKf5 is only composed of one to maximum two thrust sheets (Extended Data Figs.
3d,e). However, both models have a very similar maximum mean elevation through time
(Extended Data Fig. 4). Increasing Kf even further to 7× 10−5 m0.2/yr, only marginally
decreases orogen width, but significantly lowers the maximum mean elevation through time.
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The mountain belt is furthermore only composed of one thick-skinned thrust sheet. Further
increasing Kf up to 50× 10−5 m0.2/yr significantly decreases orogen height, but the width
stays roughly the same at around 80 to 90 km. Hence, increasing Kf in the models reaching
flux steady state reduces orogen width while keeping a similar orogen height, until a certain
width-limit (Wmin) is reached. After the width-limit is reached, orogen height is reduced
with increasing Kf , while the width roughly stays the same. The width-limit corresponds to
one crustal thrust sheet. Additionally, once the width-limit is reached, no thrusts form any
more on the pro-side of the orogen. Rather, the pro-side crust forms a monocline as described
in model 3. We note that in the limit of extremely high Kf , minimum orogen width likely
becomes sensitive to Kf . However, this situation would only result in orogens with few tens
to hundred meters of average topography (compare to model with Kf = 50× 10−5 m0.2/yr
that is 700 m high, Extended Data Fig. 3i), which is not common in Nature.

3.2 The influence of crustal strength

Three supplementary “growth-only” models (40 Myr run time, 400 km convergence) with
lower crustal strength, but the same fluvial erodibilities as models 1 to 3, show the effect of
crustal rheology on mountain height, width and structure (Extended Data Fig. 5). Lower
crustal strength in model MKf0.5Weak than in MKf0.5 results in efficient decoupling
between middle crust and lower crust, creating slightly wider thrust sheets, variable thrust
dips, and topography dominated by thrust-related blocks. The model orogen is also wider
and lower in elevation than MKf0.5 (Extended Data Fig. 5). The weak model with high
fluvial erodibility (MKf5Weak) has a similar crustal structure as its strong counterpart
(MKf5), and also reaches flux steady state, characterised by pre-dominantly transverse
valleys. Also here, the orogen is wider and lower in elevation than MKf5 (Extended Data
Fig. 5). Lower crustal strength in model MKf20Weak has only a marginal effect on model
development compared to model 3 (MKf20). Both orogens reach similar width, height,
and structure through time (Extended Data Fig. 5e). The buoyancy forces Fb and sum of
P̄O plus Fint also follow the same pattern as in models 1 to 3: Fb ≈ P̄O + Fint in models
MKf0.5Weak and MKf5Weak, and Fb does not reach the same values in MKf20Weak.
Note that MKf20Weak does not form thrusts on the pro-side.

3.3 The influence of variable structural style (decoupled thick-
and thin-skinned tectonics)

Three supplementary “growth-only” models (40 Myr run time, 400 km convergence) with an
additional, weak decoupling horizon initially at 3− 4 km depth (purple color), but the same
fluvial erodibilities as in models 1 to 3, show the effect of decoupling between thick-and
thin-skinned tectonics on mountain height, width and structure (Extended Data Fig. 6).

8



We observe that mountain height is not significantly changed by adding a weak decoupling
horizon, although possibly a bit lower in MKf5Salt than in MKf5 (Extended Data Fig. 6b).
Orogen width is larger and more variable in MKf0.5Salt and MKf5Salt when including a
weak salt decoupling level, because modelled orogens include a thin-skinned foreland fold-
thrust belt. Furthermore, orogenic structure is notably influenced by decoupling between
thin- and thick-skinned tectonics. Decoupling between thin- and thick-skinned deformation
can also be observed in the surface expression of MKf0.5Salt and MKf5Salt. Thin-skinned
faults create several longitudinal valleys in the foreland-belts, and antiformal duplexing in
the orogen core creates seemingly fewer longitudinal valleys than in the models without salt.
Still, the absence of longitudinal valleys in the orogen core is to first order indicative for flux
steady state in MKf5Salt, certainly in MKf20Salt (Extended Data Figs. 6d,e).

4 Scaling orogenic growth

In this section, we derive generalizing scaling laws relating tectonics and surface processes
during orogenic growth. First, we relate buoyancy forces to plate strength. The relationship
explains the maximum average elevation of modelled orogens, and allows subdividing orogens
into three different types. Second, we define a framework of non-dimensional numbers that
describes the dynamics of (fluvial) surface processes. Third, we define a new non-dimensional
number, termed Beaumont-number (Bm) that relates key non-dimensional numbers of tec-
tonic deformation and surface processes to create a generally applicable scaling relationship
between surface processes and tectonics. Finally, we derive the Beaumont-number of mod-
elled orogens.

4.1 The physics of orogen widening

4.1.1 Steady or non-steady state: The strength limit

Rheological control on maximum mean topography is readily understood to first order by
considering a simple force balance, which is explained here and derived below. Shortening
creates surface uplift, which raises the gravitational potential energy of the mountain belt,
resulting in a force per metre orogen that the mountain belt exerts onto its foreland. Once
this force exceeds the strength and overpressure of the crust, a new, outward-propagating
thrust sheet forms (see Extended Data Fig. 2). Hence, once surface uplift reaches a rheolog-
ically controlled limit (hR), a new thrust sheet forms. This implies that any outward growth
happens at the rheologically controlled limit. In model 1 (MKf0.5) we observe that any
erosion in the orogen core is balanced by surface uplift. Hence, the orogen not only grows
towards hR with newly forming thrusts, but also reactivates old, internal thrusts as response
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Supplementary Table 2 | Symbols in alphabetical order used in the derivation of the
scaling relationship between tectonics and surface processes; related equations and common
values are shown if applicable.

Symbol Explanation Related equations and common values used in
computations

Related to tectonics

Ar Argand number (crustal) Ar =
ρcρ
′gh2dec
Fint

β Crustal thickening factor

β0 Maximum crustal thickening factor before orogen
widening

β0 =
√

4
Ar

+ 1

Fb Buoyancy force (gravitational potential energy
variation)

Fb = ρcgH
(
hdec + ρm

ρm−ρc
H
2

)
Fint Integrated strength of the foreland crustal column
g Gravitational acceleration
h surface elevation
H Orogen height, corresponds to maximum mean

elevation

h0 Predicted maximum crustal thickness h0 = hdecρ
′(
√

4
Ar

+ 1− 1)

hdec Crustal thickness above decoupling horizon
hmax maximum orogen elevation
hR Rheologically controlled maximum orogen height hR ≈ 5.1 km for normal crust; hR ≈ 3.8 km for

“weak” crust
PO Overpressure
ρc Crustal density ρc = 2750 kg/m3

ρm Mantle density ρm = 3250 kg/m3

ρ′ Isostatic compensation factor ρ′ = 1− ρc
ρm
≈ 0.15

τxx horizontal deviatoric stress
U Uplift rate

Umax Maximum average uplift rate Umax = vc·hdec
W

vc Convergence velocity
W Orogen width
Wmin Minimum orogen width during growth phase II Wmin ≈ 80 km

Ẇ Orogen widening rate

Ẇ0 Orogen widening rate without surface processes

Related to surface processes
A Drainage area
b, k Hack’s law exponents A = kxb; k ≈ 0.5, b ≈ 2
G Deposition coefficient
hsst Maximum steady-state river elevation
Kf Fluvial erodibility

K′f Fluvial erodibility of classic stream power law
without G

K′f =
Kf

(1+G)

L River length L ≈ W
2

m,n Stream power law exponents

Ne Uplift-erosion number Ne =
0.5bm−nKfk

mWmin
bm−n+1Hn

0
vchdec(1+G)

S Local slope
τ River response time to perturbation

Combining (fluvial) erosion and tectonics in collisional orogens

Bm Beaumont number Bm = Ar
Ne
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to erosion, keeping the rheologically-controlled maximum height.

These force considerations also explain why Type 3 orogens do not form major thrusts
on the pro-side, and what defines the transition from phase 1 to 2. If the orogen does not
reach hR, because its height is limited by surface processes (Type 3), the orogen also does
not create the necessary gravitational potential energy variation to form pro-side thrusts,
and it is energetically most favourable to form a crustal monocline. The transition from
phase 1 to 2 is marked by the formation of a second thick-skinned thrust sheet. Our models
show an initial 5 Myr-long phase of localisation until the initial pro-and retro-step-up shears
are formed. Then, shortening creates surface uplift of the first thrust sheet until the second
thrust sheet forms after ∼ 10 Myr. This can be seen in the development of the buoyancy force
in models 1-3 (Extended Data Fig. 2). Therefore, the timescale of phase 1 in our models is
in the order of 5 Myr, and we expect the transition from phase 1 to 2 after convergence of
∆x ≈ 50 km of two continental plates with “normal” crustal thickness of 20 to 40 km.

4.1.2 Analytical results and relationship with Argand number

The logic that we developed from model observations can also be derived in a simple analyt-
ical relationship relating depth-integrated stresses [e.g. 26, 27]. Following the notation and
derivation of Schmalholz et al. [27], one can show that the variation in gravitational poten-
tial energy (GPE) between orogen foreland and mountain belt is equal to the variations in
depth-integrated overpressure P̄O and horizontal deviatoric stress τ̄xx:

Fb =
∂

∂x
(GPE) =

∂

∂x
(P̄O + τ̄xx), (S7)

where the overbar denotes depth-integrated values from the surface to the compensation
depth. Hence, any difference in GPE between lowland and high mountains is related to
differences in integrated tectonic overpressure and integrated horizontal deviatoric stress,
Fb = ∆GPE = ∆(P̄O + τ̄xx).

Using the relationship that PO = τxx+Q, where Q represents shear stresses, and utilising
the thin-sheet approximation which assumes zero shear stresses, Q = 0 [28, 29], eq. S7 can
be simplified to:

Fb =
∂

∂x
(GPE) ≈ ∂

∂x
(2P̄O) ≈ ∂

∂x
(2τ̄xx). (S8)

Equations S7 and S8 are valid without any assumption about the depth of compensation
and geometry of the deformed lithosphere. We observe in our models that P̄O ≈ τ̄xx ≈ Fint
and that

Fb ≈ P̄O + τ̄xx ≈ 2Fint, (S9)

where P̄O and Fint are measured in the foreland crustal column (Extended Data Fig. 2).
Hence, it seems that the Fb is to first order transferred to the crustal column in the orogenic
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foreland. Making the simplifying, but reasonable, assumption that all orogenic topography
is compensated by a crustal root, Fb can be computed as [e.g. 27]:

Fb = ρcgH

(
hdec +

ρm
ρm − ρc

H

2

)
= ρcgH

(
hdec +

1

ρ′
H

2

)
. (S10)

Orogen height can furthermore by approximated by

H = hdecρ
′ (β − 1) , (S11)

where ρ′ = (1− ρc
ρm

) is the isostatic compensation factor, which can be extended to include

regional flexure [30], and β is the crustal thickening factor. Further, we can combine eq. S9,
S10, and S11 to:

ρcρ
′gh2

dec

(
1

2
β2 − 1

2

)
= 2Fint. (S12)

From eq. S12, we can define the maximum thickening factor β0 and corresponding height
h0 at which orogens stop growing in height, and start widening:

β0 =

√
4

Fint
ρcρ′gh2

dec

+ 1 =

√
4

Ar
+ 1, (S13)

h0 = hdecρ
′(

√
4

Ar
+ 1− 1), (S14)

where Ar is the crustal Argand number. The Argand number is the ratio of excess pressure
resulting from crustal thickness variations over the stress required to deform the lithosphere,
and was defined by England & McKenzie [28, 29]. Ar is a non-dimensional number that can
be derived from the Navier-Stokes equations [see for instance 31]. We use a similar crustal
Argand number as defined by Ellis et al. [31], which is the ratio of the buoyancy forces from

mountain building over the integrated strength of the crustal column, Ar =
ρcρ′gh2dec
Fint

. The
definition by Ellis et al. [31] is the depth-integrated version of the definition by England &
McKenzie [28, 29], only applies to the crust, and represents a force ratio rather than a stress
ratio.

Computing β0 and h0 from our models, we can compare whether the approximations
from our analytical derivation agree with model behaviour. Using Fint = 2.4× 1012 N/m
for normal crustal strength and Fint = 1.5× 1012 N/m for weak crust, as measured in the
foreland of our models, results in β0 = 2.2, h0 = 4500 m, and β0 = 1.8, h0 = 3150 m,
respectively. These values fit very well with the observed rheologically controlled maximum
height for the Type 2 models in our different model sets: hR = 4850 m for MKf5 (Extended
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Data Fig. 3), hR = 3250 m for MKf5weak (Extended Data Fig. 5). The similarity between
observed and computed values supports our inference that the transition from Type 2 to
Type 3 is marked by the absence of thrust sheet formation on the pro-side. However, Type 1
models with lower fluvial erodibility have consistently higher maximum mean elevation than
predicted by our analytical relationships. Looking at Model 1 (MKf05, Fig. 1), we see that
the maximum mean elevation in these kinds of models is located near the orogen boundary,
and related to local “tectonic” topography of single thrust sheets. However, taking an
average over several thrust sheets fits well with the analytically computed h0. Therefore, we
interpret that undeveloped fluvial relief in thrust-related, local tectonic topography explains
the observed trend in Type 1 orogens that maximum mean orogen height decreases with
increasing Kf .

The analytical scaling and good agreement with model observations has wide implica-
tions: a) It shows that the tectonics of mountain building in our models is to first order
described by the Argand number of the crust. b) Assuming that our models are a reason-
able representation of mountain belts on Earth, our derivation indicates that the Argand
number is possibly the key non-dimensional number to describe collisional mountain belts
on Earth. c) It shows that we can use eq. S14 to approximate the Argand number, and
therefore crustal strength of any orogen composed of several crustal-scale thrust sheets, thus
wider than Wmin = 80− 90 km, and which therefore has reached hR.

4.2 The physics of fluvial surface processes - Damköhler numbers
of fluvial surface processes systems

In most general terms, fluvial surface surface processes can be cast into a production-reaction-
diffusion-advection problem and therefore described by a set of non-dimensional Surface Pro-
cesses Damköhler numbers DaSP . The primary purpose of defining the Damköhler Numbers
is to provide a general framework that relates mass fluxes among landscape surface processes.
Particular surface processes models, like the stream power model used here, can then be cast
in terms of this framework while retaining the role of the Damköhler Numbers as the primary
controls on the system.

Consider an idealistic “box model” for surface processes in which transport is described as
fluxes between a set of reservoirs (Ri, see Extended Data Fig. 8). Tectonic plate movement or
isostatic uplift provides an uplift flux into R1, the uplifted intact substrate reservoir (Earth’s
crust). Hillslope diffusion (Qd) transports mass flux from the intact substrate (R1) to the
transportable mass reservoir R2. This mass flux could also include an intermediate reservoir
if regolith-formation is considered. Fluvial erosion through abrasion and other processes
is a reaction that also converts R1 to R2, with a mass flux Qr. Fluvial transport by the
river system advects mass flux Qa1 from the transportable mass reservoir R2 to R3, the
fluvially transported mass reservoir. Downstream the inverse can occur, when mass flux Qa2
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is deposited and goes from R3 to R2.

The system is characterized by the mass fluxes Qu, Qr, Qd, Qa or equivalently by
the rates at which these fluxes are generated. The relative efficiencies of processes can be
described by a set of Surface Processes Damköhler numbers DaSP :

DaSP I =
Qr

Qa
(S15)

DaSP II =
Qr

Qd
(S16)

DaSP III =
Qa

Qd
(S17)

DaSP IV =
Qa

Qu
(S18)

We can see that the Da’s can be defined at a local scale and globally, and more ratios can
be defined that are useful under certain circumstances. DaSP I controls the mass flux out
of an orogen, where Qa needs to take into account advection (Qa1) and deposition (Qa2).
DaSP II determines the locally dominant erosion process, and DaSP III determines out-flux
of mass in diffusion-dominated systems. Note that DaSP III is the Peclet number of the
surface processes system. DaSP IV is the most useful number in the context of uplift versus
erosion and the relative efficiency of denudation at the orogen scale, as it is defined as the
ratio of mass in- and out-flux.

We can now see how the (extended) Stream Power Law (SPL) operates (eq. S6). The
SPL does not consider R2, and the Qr is immediately converted to Qa, as there is no specific
transport capacity. Hence, DaSP I = 1 in the SPL, and ’erosion’ means both reaction and
advection. The Stream Power model has the advantage of having been widely used, as for
instance in this study, but has a disadvantage that reaction and advection are conflated
together. This might also explain why only one Kf factor exists and why it has such a large
range of values. In the more general case there would be a Kr, the reaction coefficient, and
a Ka, the advective transport coefficient. DaSP IV of the SPL is equivalent to the uplift-
erosion number Ne, the critical non-dimensional number determining the behaviour of the
SPL [32].

Following the derivation of Whipple & Tucker [32], the classic stream power law without
the depositional G-term [4, 33], can be non-dimensionalized to:

∂h∗
∂t∗

= U ∗ −Ne x ∗bm
∂h∗
∂x∗

n

, (S19)

with h∗ = h
H0

, x∗ = x
L0

, U∗ = U
U0

, t∗ = tU0

H0
, where H0, L0, U0 are representative height,

length, and uplift scales, respectively, and Ne is the uplift-erosion number

Ne =
K ′fk

mLbm−n0 Hn
0

U0

, (S20)
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where K ′f is the fluvial erodibility, and the asterix denotes non-dimensional variables. High
Ne means very efficient surface processes, low Ne implies low surface process efficiency. Note
that we use the inverse of Whipple & Tucker [32]’s uplift-erosion number. The inverse follows
the convention of Willett [34], who also defined a similar, but simpler, uplift-erosion number.

Yuan et al. [4] show that the effects of sediment deposition modelled by the G-term in

eq. S6, can be included in the stream-power coefficient K ′f by redefining K ′f =
Kf

(1+G)
. Further-

more, choosing meaningful values for the scaling parameters L0 = Wmin

2
, U0 = Umax@Wmin

=
vchdec
Wmin

, remembering that vc should be considered as the horizontal convergence velocity that
results in thickening-induced uplift U, gives

Ne =
0.5bm−nKfk

mWmin
bm−n+1Hn

0

vchdec(1 +G)
. (S21)

This derivation shows the particular functional form of DaSP IV in the (extended) Stream
Power Law and highlights the applicability of the Surface Processes Damköhler numbers.

4.3 Scaling surface processes and tectonics during orogenic growth

We define a new non-dimensional number, termed Beaumont-number Bm, that captures
the interaction between surface processes and tectonics. We propose the name Beaumont-
number, as Beaumont et al. [25], and Chris Beaumont and his group during the following
years, were the first to develop coupled tectonic-surface process models similar to ours, and
used them to investigate the feedbacks between tectonics, surface processes, and ultimately
climate. Bm is defined as the ratio between the essential non-dimensional number describing
tectonics, NTec, and the essential non-dimensional Surface Processes Damköhler number
determining surface processes efficiency:

Bm =
NTec

DaSP
. (S22)

For mountain belts growing by crustal thickening, we derived above that the Argand
number Ar of the continental crust is the key non-dimensional number [28, 29, 31]:

Ar =
ρcgρ

′h2
dec

Fint
. (S23)

DaSP IV is the important non-dimensional number determining mass in- and out-flux in
systems dominated by fluvial surface processes, so that

Bm =
Ar

DaSP IV
(S24)
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is the Beaumont number that captures the interaction between surface processes and tec-
tonics in actively growing mountain belts. Large Bm imply inefficient surface processes,
which results in Type 1 orogens, and low Bm mean that surface processes are efficiently
counteracting orogenic growth, which results in Type 3 orogens

Specifically, in case surface processes are determined by the (extended) Stream Power
Law, as in our models, DaSP IV is represented by the uplift-erosion number Ne, and

Bm =
Ar

Ne

, (S25)

Bm =
ρcgρ

′h3
decvc(1 +G)

0.5bm−nKfkmW
bm−n+1
min Hn

0 Fint
. (S26)

Defining H0 = hdecρ
′ as a typical height scale, using b ≈ 2 and k ≈ 0.5, and employing

n = 1,m = 0.4, as used in our models, simplifies eq. S26 to:

Bm =
ρcgh

2
decvc(1 +G)

0.50.2KfW 0.8
minFint

. (S27)

4.4 Beaumont number of modelled orogens

We use the model sets with normal crustal strength, and weak crust, and ran a new
model set with half the convergence velocity (vc = 0.5 cm/yr) and variable Kf . Measur-
ing Fint in the foreland crustal column, Fint = 2.3× 1012 N m−1 (normal crust models),
Fint = 1.5× 1012 N m−1 (weak crust models), Fint = 2.1× 1012 N m−1 (slow convergence rate
models), and using ρc = 2750 kg m−3, hdec = 25 km, G = 1, Wmin = 80 km, vc = 1 cm/yr
or vc = 0.5 cm/yr, we can compute Bm of each modelled orogen. Unique for each Type
1 orogen is its widening rate (Ẇ ) as a function of fluvial erodibility, while orogen height
is relatively independent on surface processes efficiency, H ≈ hR. In contrast, unique for
each Type 3 orogen is its height-dependence on Kf , and constant orogen width (Ẇ = 0).

Therefore, plotting the normalised widening rate ( Ẇ
Ẇ0

) and normalised height ( H
hR

) versus

the Beaumont number, provides a way to visualise the effects of variable Bm and allows for
comparison with Nature (Fig. 3). Ẇ0 is the widening rate without surface processes, H is
the average maximum mean elevation during phase 2 of model development of each model,
and hR is the average rheologically controlled height per model set. hR = 5100 m for normal
crust, hR = 3700 m for weak crust, hR = 4600 m for slow convergence velocity. Furthermore,
additional models without surface processes show that Ẇ0 = 8.1 km/Myr for normal crust,
Ẇ0 = 9.8 km/Myr for weak crust, Ẇ0 = 4.8 km/Myr for halved convergence velocity and
normal crustal strength. Note also that the widening rate, Ẇ , should be regarded as the rate
at which the orogen increases its horizontal extent, whether it is by constant lengthening as
predicted by our 2D models, or by a more complex non-uniform or lateral widening.
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Supplementary Table 3 | Bm parameters related to models shown in Fig. 3a. One
representative Fint and hR is chosen per model set. See supplementary Table 2 for parameter
definitions.

Bm Kf vc Fint H hR Ẇ Ẇ0

(-) (×10−5 m0.2/yr) (cm/yr) (×1012 N/m) (m) (m) (km/Myr) (km/Myr)

Reference models
3.86 0.5 1 2.4 6240 5100 8.1 8.1
1.93 1 1 2.4 5460 5100 6.7 8.1
0.96 2 1 2.4 5370 5100 2.9 8.1
0.64 3 1 2.4 4810 5100 0.9 8.1
0.39 5 1 2.4 4610 5100 ≈ 0 8.1
0.28 7 1 2.4 3880 5100 ≈ 0 8.1
0.19 10 1 2.4 2780 5100 ≈ 0 8.1
0.10 20 1 2.4 1710 5100 ≈ 0 8.1
0.04 50 1 2.4 680 5100 ≈ 0 8.1

Weak crust models
6.17 0.5 1 1.5 4660 3700 9.8 9.8
1.03 3 1 1.5 3130 3700 2.5 9.8
0.62 5 1 1.5 3100 3700 0.8 9.8
0.44 7 1 1.5 3340 3700 ≈ 0 9.8
0.31 10 1 1.5 2680 3700 ≈ 0 9.8
0.15 20 1 1.5 1500 3700 ≈ 0 9.8
0.06 50 1 1.5 620 3700 ≈ 0 9.8

Slow convergence rate models
2.21 0.5 0.5 2.1 5240 4600 4.2 4.8
1.23 0.9 0.5 2.1 4560 4600 2.5 4.8
0.55 2 0.5 2.1 4810 4600 0.8 4.8
0.22 5 0.5 2.1 3100 4600 ≈ 0 4.8
0.11 10 0.5 2.1 1790 4600 ≈ 0 4.8

Looking at Fig. 3, we see that all three model sets develop into a similar pattern: Orogens
with Bm < 0.5 reach flux steady state. These are characterised by a decrease in H

hR
with

decreasing Bm, and Ẇ
Ẇ0
≈ 0. Orogens with Bm > 0.5 do not reach flux steady state, show

increasing Ẇ
Ẇ0

with increasing Bm, and have H
hR
≈ 1. Type 2 orogens, those which reach

steady state but also hR, mark the transition to non-flux steady state and have Bm ≈
[0.4 − 0.5]. Furthermore, we see that orogens with large Bm > 4 have the same widening
rates as orogens without surface processes. This is for instance the case in model 1, which
has underfilled foreland basins that are successively integrated into the mountain belt during
thick-skinned thrusting, preventing net mass loss.

4.5 Steady-state elevation and response time of fluvial landscapes

Assuming uniform Kf , n, m, G, a river length L, applying Hack’s law, and given a uniform
uplift rate, we can compute the steady state river long profile, its maximum elevation hsst,
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and its response time to perturbation τ [4, 32]:

τ =
hsst
U

= (1 +G)
1
n U

1
n
−1K

− 1
n

f k−
m
n

(
1− bm

n

)−1

L1−bm
n , for bm 6= n (S28)

hsst = τ · U. (S29)

where G, m, n, and Kf are variables from the (extended) stream power model, L is the
length of the river profile, and k and b are Hack’s law coefficients [A = kLb; 35], usually
close to 0.5 and 2, respectively. The corresponding equation for bm = n is omitted, as we
use b = 2, m

n
= 0.4 throughout the manuscript. τ is relatively insensitive to the length of the

river profile, as L only has a weak influence with L0.2, given m
n

= 0.4. Our models indicate
that rivers flow predominantly in transverse valleys in steady state orogens. Therefore, we
make the simplifying assumption that river length equals to half the orogen width L = W/2.

As discussed above, G, m, n, Kf , L, k, and b are relatively well known, but the fluvial
erodibility Kf , and uplift U are poorly constrained. In case of flux steady state, erosion fully
balances the tectonic material influx, and the average erosion rate is equal to the maximum
average surface uplift rate:

Umax =
vc · hdec
W

, (S30)

where vc is convergence velocity, hdec is the crustal decoupling level, and W is orogen width.
Simplifying U = Ūmax, we can substitute eq. S30 into eq. S29, and express the steady
state river elevation hsst as a function of plate velocity, crustal decoupling depth, and orogen
width:

hsst = (1 +G)
1
n

(
vchdec
W

) 1
n

K
− 1
n

f k−
m
n

(
1− bm

n

)−1
(
W

2

)1−bm
n

, for bm 6= n. (S31)

Inversely, knowing the maximum height hsst and width of a mountain belt at flux steady
state, we can use eq. S31 to compute its fluvial erodibility:

Kf = (1 +G)

(
vchdec
W

)
k−m

(
1− bm

n

)−n(W
2

)n−bm
h−nsst , for bm 6= n. (S32)

5 Comparison to Natural Examples

With the given set of equations and relationships, we can position real collisional orogens on
Earth into the Bm-plot and get information about their crustal strength, and average fluvial
erodibility. For a Type 1 orogen, we can use orogen height and eq. S14 to get its Argand
number and thereby also crustal strength. Furthermore, knowing Ẇ

Ẇ0
during phase-2-growth,
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we can position the orogen in the Bm-plot, infer its approximate Bm-number and therewith
gain information about its average Kf using eq. S27. Positioning Type 2 orogens is simpler,
as we can compute crustal strength and Argand number from orogen height, and Kf with
eq. S32. Positioning Type 3 orogens in the Bm-plot is more difficult as hR is unknown.
Assuming bounds on hR, or making an approximation of hR based on convergence rate,
thermal state, and composition, allows rough positioning of these orogens in the Bm-plot as
well.

In the following, we give an extensive supplementary comparison to the Southern Alps
of New Zealand (SANZ), Taiwan, Himalaya-Tibet, and the Central Andes. The Andes and
Taiwan do not form in a continent-continent collision system as shown in the models here,
but during arc-continent collision or ocean-continent subduction, respectively. However,
both orogens form to first order as a consequence of crustal thickening and independent
evolution of crust and mantle. Hence, their dynamics is most likely also determined by the
crustal Argand number, which makes them suitable to compare to our developed scaling
analysis. As seen below, the central and southern Andes even show the different stages of
orogenic growth portrayed in Fig. 4.

5.1 Southern Alps of New Zealand

The Southern Alps of New Zealand (SANZ) are an active mountain belt forming through
continent-continent collision of the Pacific (pro-) and the Australian (retro-) plate (Ex-
tended Data Fig. 10a). Convergence has a large right-lateral strike-slip component of 30
to 40 mm/yr, and a normal component of 8 to 10 mm/yr [36]. Crustal shortening is largely
accommodated by thrusting on the Alpine fault, which brings upper- to middle-crustal rocks
in its hanging wall to the surface. These rocks are metamorphosed and strongly deformed
near the fault zone [Extended Data Fig. 10a, e.g. 20, 37–39]. The hanging wall contains
a series of NW-dipping reverse faults that accommodate little thrust motion compared to
the main Alpine fault [21, 38]. The crustal décollement level is generally inferred to be at
25 to 30 km depth [39, 40], and shortening in its current regime started at around (10 to)
5 Ma, with convergence estimates between 50 and 80 km [37]. Rise of the Southern Alps
obstructed the predominantly westerly winds, which changed climate at around 5 Ma and
created a strong partitioning of precipitation between a very wet W and drier E side of the
orogen [41]. During glacial periods of the Quaternary, the Southern Alps were furthermore
widely covered by ice on both mountain flanks [42]. Glaciations and high precipitation rates
are generally attributed as cause for extremely high erosion and exhumation rates, reaching
> 5 mm/yr [34, 43, 44]. Today the orogen is 80 to 110 km wide and has a maximum mean
elevation of only 1.8− 2 km, and an absolute maximum elevation of around 3 km (Extended
Data Fig. 10a).

The monoclinal orogenic structure with one major retro-shear zone and no significant pro-
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side thrusting, very high exhumation rates in the order of the plate convergence rate, small
orogen width, primarily transverse valleys, and low maximum mean elevation indicate that
the Southern Alps of New Zealand are a prime example of a Type 3 orogen. Since W = Wmin,
we can use eq. S32 to calculate Kf , assuming that the stream power law governs orogen
height, and that erosion follows the same stream power law parameters as used in our set of
models (i.e. m = 0.4, n = 1, etc.). Using an average depth to the crustal detachment horizon,
hdec ≈ 25 km, and vc ≈ 1 cm/yr (Extended Data Fig. 10a) results in Kf ≈ 11× 10−5 m0.2/yr.
Given that the Earth-absolute limit for maximum hR ≈ 5 km, 2 km < hR < 5 km, using
eq. S14 and eq. S11, we can limit 0.85× 1012 N/m < Fint < 2.78× 1012 N/m. With these
limits we can compute 0.15 < Bm < 0.48 and plot the Southern Alps of New Zealand into
Fig. 3.

5.2 Taiwan

Taiwan is an actively growing mountain belt that started forming at 5 to 7 Ma through
collision between the South China Sea passive margin of the European plate (pro-side), and
the Luzon arc of the Philippine Sea plate (retro-side). The oblique collision with convergence
rate of ∼ 8.0 cm/yr [∼ 7.2 cm/yr normal component; 45] results in southward propagation
of shortening at a rate of 31 to 60 mm/yr [46, 47]. This time-space transformation relates
younger growth stages in the S to more mature orogen structure in the centre. The central
part of the orogen has furthermore a constant width of 80 to 100 km. The N-part of Taiwan is
affected by extension, related to back-arc spreading behind the Ryukyu arc [48]. Structurally,
Taiwan forms by inversion of the South China Sea passive margin, which creates a forward
breaking foreland fold-thrust belt, antiformal duplexing in the orogen centre, and inverts
extensional faults [18, 19, 49–51]. Shortening involves primarily the Eurasian plate, which
has a thickness of ∼ 30 km, and a mafic lower crust, resulting in hdec ≈ 20 km [Extended
Data Fig. 10b; 19]. Taiwan’s tropical climate with seasonal typhoons and high deformation
rates lead to extremely high erosion and exhumation rates [51, 52]. The extremely high
erosion rates and relatively constant orogen width in the centre show that Taiwan possibly
reached flux steady state [53]. River topology is dominated by transverse valleys, which
supports flux steady state. However, the central W-flank shows some longitudinal flow in
the orogen centre. Furthermore, Fox et al. [54] argue that current rock uplift rates exceed
erosion rates in many parts of the orogen. River topology, erosion rates, constant orogen
width, and orogen structure indicate that Taiwan is possibly right at the boundary between
a flux steady state and a non-steady state orogen, and therefore possibly an example of a
Type 2 orogen.

Using eq. S32, hmax = 4× 103 m, H = hR = 2.8 km, hdec = 20 km, vc = 7.2 cm/yr,
and the parameters of the stream-power law as used in our models, we obtain Kf ≈
47× 10−5 m0.2/yr. Using eq. S14 and eq. S11, we can calculate Fint ≈ 1.1× 1012 N/m and
Bm ≈ 0.4. Fint is lower than in our models. Low Fint fits well with weak extensional struc-
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tures that form the foreland of mountain belt in Taiwan. The extremely high Kf also fits
well with the high, typhoon driven erosion rates [52].

5.3 Himalaya-Tibet

Himalaya-Tibet is an actively growing orogen that formed in its current configuration by the
collision between India and Eurasia which started around 59 Ma [17, 55, 56]. Current plate
convergence rates are vc ≈ 4.5 cm/yr, but were significantly higher in the past, resulting in
4000 km of plate convergence since 58 Ma, and average convergence rate vc =∼ 6.9 cm/yr
[57, 58]. Collision formed a very large orogen with a central plateau (Extended Data Fig.
10c), and there is evidence that India collided with already pre-thickened Tibetan crust
[59–62]. The orogen sits largely on the retro-side (Extended Data Fig. 10c), which can
possibly be explained by collision with pre-thickened crust, or initiation of shortening in the
Qiangtang terrane [58, 63], and enhanced erosion at the wet Himalayan mountain front [64,
65]. The crustal decoupling level in the Indian plate is at depth of hdec = 19 − 28 km [16,
17, 57], leading to significant continental subduction of likely mafic lower crust [57]. Ingalls
et al. [57] infer that ∼ 465± 185× 103 Gt of crustal mass were involved in formation of the
Himalaya-Tibet orogen, whereof 140 ± 28× 103 Gt are eroded. Using respective maximum
and minimum values, this means that at most 60 % and at least 17 % of the orogen were
eroded during growth, giving Ẇ

Ẇ0
= 61.5±21.5 %. The Himalayas are the highest and widest

orogen on Earth, with maximum average elevation of H = 5.0±0.5 km (Extended Data Fig.
10c), and width of ∼ 520 km in the West and ∼ 1300 km in the East.

Following eqs. S11 and S14, assuming an average hdec = 24 km and typical values for
crust and mantle densities (Table 3), H = 5.0± 0.5 km results in a crustal thickening factor
β0 = 2.34 ± 0.13, crustal Ar = 0.88 ± 0.13, and crustal integrated strength of Fint =
2.7 ± 0.4× 1012 N/m. Placing the Himalayan-Tibetan orogen in the Bm-plot, we find that
this particular orogen has a Bm ≈ 1.5± 0.5. Knowing Bm, we can approximate the orogen
average Kf = 4.7 − 12.5× 10−5 m0.2/yr, with mean Kf = 7.2× 10−5 m0.2/yr. We note,

however, that this result is heavily dependent on Ẇ
Ẇ0

and the resulting positioning in the

Bm-plot. Replumaz et al. [17], for instance, argue that only 15 % of the Indian crust and 2 %
of the Tibetan crust are eroded. Including that 40− 50 % of the Indian crust are subducted,
and that the Indian crust builds 1/4 of the orogen, gives a rough estimate that only 8 %

of the crust involved in the orogeny is eroded, and thus Ẇ
Ẇ0

= 0.92. This is much lower

than the values from Ingalls et al. [57] and relates to different sedimentary mass budgets

taken into account in both studies. Ẇ
Ẇ0

= 0.92 indicates Bm ≈ 3 (Fig. 3), which leads to

Kf ≈ 3.6× 10−5 m0.2/yr, using average Fint.

The Himalayas constitute a strong precipitation barrier, with a very wet mountain front
and a dry central plateau. Given that we calculated mountain-wide and time-averaged Kf
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values > 5× 10−5 m0.2/yr, the fluvial erodibility in the frontal Himalayas must be extremely
high, possibly up to one magnitude higher than the mountain belt average. High Kf in
the mountain front fit with modelling studies that showed that orogenic structure of the
Himalayas can in part be explained by focussed and high erosion rates at the Himalayan
mountain front [e.g. 66]. Computed integrated strength of the Indian crust Fint = 2.7 ±
0.4× 1012 N/m fits well with height and integrated strength of our modelled orogens, and
independent stress estimates [e.g., 27].

5.4 Central Andes

The cental part of the Andes is actively growing and forms by crustal thickening with up
to several hundreds of km of crustal shortening of the South American plate in an ocean-
continent subduction setting [67, 68]. Decoupled evolution of crust and mantle, and orogen
formation related to crustal thickening allows a simple first order comparison of the An-
des to the Bm number developed here despite the Andes forming during ocean-continent
subduction and not during continent-continent collision. The Andes have an ubiquitous pre-
collisional extension history [e.g. 69–71], where phases of back-extension and shortening can
be attributed to absolute plate velocity changes [2, 72, 73]. The main, current shortening
phase started around 50 Ma and deformation propagated from the West to the East [68,
72, 74]. Orogen-wide convergence rate vc is a function of the trench-normal plate veloc-
ity minus the trench retreat velocity [2, 75, 76]. Currently the highest convergence rates
(vc ≈ 1 ± 0.5 cm/yr) are found in the orogen centre that also forms an orogenic plateau
[75, 76]. Convergence rates decrease towards the South and North, and the northern- and
southernmost parts exhibit a neutral overriding plate strain regime [75, 76].

Looking at the area between the plateau-like central Andes and the southernmost Andes,
we observe that the Andes South of around 38◦ have a high trench retreat velocity and
are currently not shortening, while the part North of around 38◦ S is actively shortening
[absolute plate velocity maps of 75, 76]. Additionally, we observe that north of circa 38◦

S, the orogen consistently reaches maximum average elevations of 4.3 to 4.6 km (Extended
Data Fig. 10d), although the mountain width increases northward. Similar relationships can
be shown for the northern Andes. Similar height along strike indicates that the rheology of
the South American plate is relatively uniform, and supports model inferences that orogens
are expected to first grow in height, then in width. We note that the trend could either be
interpreted as showing a change in climate, or along-strike variability in plate convergence.
However, in both cases the Central and Southern Andes are rheology-limited North of 38◦

S.

Crustal thickness in the central Andean foreland is in the order of 30 to 40 km [77],
with variable decoupling levels creating thin- and thick-skinned deformation [e.g. 70, 72, 74].
Assuming a decoupling depth similar to the other natural examples hdec = 25 km, typical
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values for crust and mantle densities (Table 3), and using H = 4.4 ± 0.2 km results in a
crustal thickening factor β0 = 2.14 ± 0.6, crustal Ar = 1.11 ± 0.07, and crustal integrated
strength of Fint = 2.3± 0.2× 1012 N/m. Because of the lack of a whole-orogen mass budges,

we can only assume bounds on Ẇ
Ẇ0

and hence on Bm. The central Andes have a very dry

Eastern flank and wet Western side, yet do not show high exhumation rates on either orogen
flank. Exhumation and the efficiency of surface processes are furthermore likely also less
than in highly erosive frontal Himalayas. Hence, we assume a minimum Bm equal to the
maximum Bm of Himalaya-Tibet, and Bm < 4 as an upper bound. These parameters
give 0.5× 10−5 m0.2/yr < Kf < 1× 10−5 m0.2/yr for the central Andes. We note that our
first order comparison does not account for local anomalies in topography, likely related to
anomalous thermal gradients or density distributions [78].

5.5 River topology as indicator for (non-)steady state

Models and force considerations also explain why thrust-induced diversion of river flow into
longitudinal valleys in the core of the orogen is indicative for non-steady state growth: It is
well known that if a new outward-propagating shortening feature forms, the balance between
a) upstream sediment aggradation rate and incision rate through the emerging structure, and
b) differential uplift rate of the emerging structure, determine whether the stream diverts its
course into a longitudinal valley [79–83]. With our models we can show that if aggradation
and incision are less effective than uplift, the emerging structure will grow until it reaches
hR. Consequently, a new outward-propagating thrust sheet forms, possibly forming another
longitudinal valley, and the orogen grows. Hence there is a link between non-steady state
growth and longitudinal valleys. Furthermore, based on our modelling results the inverse
seems true, that primarily transverse valleys are an indicator for flux steady state. However,
if thrusting would be different and create uniform block uplift of the whole thrust sheet,
rivers would not be deflected into longitudinal valleys, although surface processes might be
less effective than tectonics. Therefore, the inverse, that transverse valleys in the orogen core
demonstrate flux steady state, is not necessarily true, but rather an indicator. Furthermore,
not all thrusts have a thick-skinned style and create surface uplift that reaches hR. Indeed,
we observe that thin-skinned thrusts might divert river flow at the orogen boundaries even
if the orogen is in flux steady state (Extended Data Fig. 6), but these longitudinal valleys
related to thin-skinned thrusts are removed once they are translated towards the centre of
the orogen. Summarizing, based on model results, force considerations, and comparison with
previous studies, it seems reasonable that river flow in pre-dominantly longitudinal valleys
in the orogen core is indicative for non-flux steady state.
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6 Deriving a scaling relationship for orogenic decay

6.1 The isostatic response to erosion

Stopping plate movement ceases the tectonic flux of material and thus the tectonic surface
uplift of the orogen. Instead, the uplift rate is an isostatic response to erosion and can be
expressed as:

U = (1− ρ′) · ė, (S33)

where 1− ρ′ is the amount of isostatic rebound per unit erosion. For the simple case of local
isostasy, ρ′ = ρ′local can be expressed as

ρ′local = 1− ρc
ρm

. (S34)

ρc is the average crustal and ρm the average lithospheric mantle density. Regional isostatic
rebound can be included into ρ′ by considering the finite flexural strength of the lithosphere
[30, 84]:

ρ′regional = 1− ρc

ρm + D
g

(
π
l

)4 , (S35)

where D is the flexural rigidity of the lithosphere, g is gravitational acceleration and l is the
length of the eroding system. D is a function of the Young’s modulus E, the effective elastic
thickness Te, and the Poisson’s ratio ν:

D =
ET 3

e

12 (1− ν2)
. (S36)

These relationships show that if variations in the erosion signal are in the order of or lower
than Te, the uplift-response to erosion, ρ′regional, will be wider and have a lower amplitude
than the erosion signal. On the contrary, if the wavelength of the erosion signal is much wider
than the effective elastic thickness of the orogen, l >> Te, the uplift response is virtually
local isostatic, ρ′regional simplifies to ρ′local, and the uplift and erosion signals are congruent in
shape.

Through our modelling we show that orogenic decay is a two-stage process: Once conver-
gence stops, tectonic topography with wavelength shorter than the regional isostatic rebound
signal is removed quickly in a first decay phase. Slow and long-term decay of topography
in phase two is characterised by effectively local-isostatic rebound. Hence, ρ′regional describes
behavior in decay-phase 1, while ρ′local describes decay-phase 2.

It is not straight forward to relate continental layered rheology to an effective elastic
plate thickness Te, as flexural strength depends not only on the relative contributions of the
variable-strength layers, but also for instance on the degree of viscous coupling between the
layers, and type of (un-)loading [30, 85, 86]. However, looking at the uplift signals of our
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models and using the approximate estimate of Te = 3
√
h3
lm + h3

c [85], where hlm and hc are
lithospheric mantle respectively crustal thicknesses, we find that our models have an inherent
Te of around 30 - 60 km.

6.2 Timescales of orogenic decay

Given the above relationships for the uplift rate, the change of topography of a decaying
orogen can be expressed as

dh

dt
= U − ė = −ρ′ė = ρ′

(
−KfA

mSn +
G

A

∫
A

(
U − ∂h

∂t

)
dA

)
. (S37)

Furthermore, including the deposition term into Kf by using the steady-state relationship

K ′f =
Kf

1+G
[4], we can simplify the equation to

dh

dt
= −ρ′K ′fAmSn. (S38)

The rate of topographic decay decreases proportionally to Sn and thus hn. Introducing a
proportionality constant kp, and using Hack’s law (A = kLb), equation S38 can be expressed
as

dh

dt
= −ρ′K ′fkmLbmhnkp. (S39)

For n = 1, as used in our models, the equation integrates to

h(t) = (hinitial − hfinal) · exp
(
−ρ′K ′fkmLbmkpt

)
+ hfinal. (S40)

with typical mean lifetime λ = (ρ′K ′fk
mLbmkp)

−1, corresponding to topographic lowering of
≈ 63 %. Accordingly, 90 % of topographic lowering are attained after λ90 % = − ln(0.1)λ.

To derive a suitable first-order proportionality constant kp, we ran several FastScape-only
models, with the same depth as the coupled models (200 km), variable width (125 km, 250
km, 500 km), variable height (hinitial, hinitial/2, hinitial/4, hinitial/8), variable Kf , and with
uplift defined as U = ρ′ ∗ ė (see Extended Data Fig. 7). Plotting orogenic height through
time, we find that kp ≈ (W + W 2/1500× 103 m)−1 is one suitable proportionality constant
that fits the orogenic decay to first order. Comparing phase-2-decay of Models 1 to 3 to the
analytical scaling relationship shows good fit (Extended Data Fig. 7g).

From eq. S40 and the plots in Extended Data Fig. 7 we can see that changing the initial
starting height of the decaying orogen corresponds to a shift in time on the decay curve
(see also Extended Data Fig. 7h). Loosing for instance some height after shortening due to
post-collisional extensional collapse is equivalent to starting further down on the decay curve.
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We note that low fluvial erodibilities will lead to a relatively “flat” decay curve, because the
initial height inherited from the growth phase is likely limited by rheology.

Using typical, model-derived values, we can compute λ and λ90 % for decay phase 2 (ρ′ =
ρlocal): A 250 km wide orogen gives λ ≈ 92 Myr, λ90 % = 212 Myr for Kf = 0.5× 10−5 m0.2/yr
(Model 1), λ ≈ 9.2 Myr, λ90 % = 21.2 Myr for Kf = 5× 10−5 m0.2/yr (Model 2), and
λ ≈ 2.3 Myr, λ90 % = 5.3 Myr for Kf = 20× 10−5 m0.2/yr (Model 3). All values fit very
well with decay timescales observed in our models. Using ρ′ = ρregional (eq. S35) we can fur-
thermore compute typical timescales for decay-phase 1, in which short-wavelength tectonic
topography is quickly removed. Using typical values for the Young’s modulus and Poisson’s
ratio, assuming an effective elastic thickness of 30 km, and using a typical wavelength-range
for topography l = 25 − 100 km, results in ρ′ = 0.80 − 0.99. Accordingly, λ ≈ 14 Myr for
Model 1 (Kf = 0.5× 10−5 m0.2/yr), λ ≈ 1.4 Myr for Model 2 (Kf = 5× 10−5 m0.2/yr), and
λ ≈ 0.4 Myr for Model 3 (Kf = 20× 10−5 m0.2/yr). Again these values fit relatively well
with the observe phase-one decay timescales in the models. Although these calculations are
only first order approximations, they give good information about the expected timescales
of orogenic decay.

We restrict our computation to n = 1, as used in our models. We note that the calcula-
tions can also be done with n not equal to 1. A larger exponent of n would lead to longer
decay-timescales given Kf stays unchanged during decay.
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