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Abstract The deepest geoid low globally with respect to hydrostatic equilibrium is in the
Ross Sea area. Nearby in West Antarctica is a residual topography high. Both are in a region
with thin lithosphere, where a mantle plume has been suggested. Hence upper mantle viscosity
could be regionally reduced, allowing for faster rebound than elsewhere uponmelting of theWest
Antarctic Ice Sheet, one of the global climate system’s tipping elements. To study possible causes
of the geoid low / topography high combination, we compute the effects of disk-shaped density
anomalies. With -1% density anomaly and a global average radial viscosity structure, geoid low
and topography high can be explained with disk radius about 10◦ and depth range ~150-650 km.
Alternatively, there may be two separate disks somewhat laterally displaced, one just below the
lithosphere and mainly causing a dynamic topography high and one below the transition zone
causing the geoid low. If viscosity in the uppermost mantle is reduced by a factor 10 (from 50 to
350 km depth) to 100 (from 100 to 220 km), one shallow disk in the depth range 50-350 km would
also be sufficient. In order to test the feasibility of such density models, we perform computations
of a thermal plume that enters at the base of a cartesian box corresponding to a region in the
upper mantle, as well as some whole-mantle thermal plume models, with ASPECT. These plume
models have typically a narrow conduit and the plume tends to only become wider as it spreads
beneath the lithosphere, typically shallower than ~300 km. These results are most consistent with
the shallow diskmodel with reduced uppermostmantle viscosity, hence providing further support
for such low viscosities beneath West Antarctica.

1 Introduction

The West Antarctic Ice Sheet (WAIS) is one of the
tipping elements in the Earth’s climate system (Lenton
et al., 2008). Garbe et al. (2020) show that at
global warming levels of around 2 degrees above
pre-industrial levels, West Antarctica is committed to
long-term partial collapse leading to about 2.6 m of
sea level rise owing to the marine ice-sheet instability
(Weertman, 1974). The behavior of the ice sheet is
also affected by postglacial rebound, the uplift of
the lithosphere following ice sheet melting. How
fast this uplift may occur depends on the viscosity
of the mantle beneath the lithosphere: reduced
mantle viscosity could allow for faster uplift following
melting, increasing the potential stability of the WAIS
against catastrophic collapse (Barletta et al., 2018).

Seismic tomography (Figure 1A-C) shows low
velocities beneath West Antarctica, indicative
of comparatively hot temperatures and hence

∗� bstein@gfz-potsdam.de

low viscosities in the upper mantle and down
to the upper part of the lower mantle beneath
a comparatively thin lithosphere (Figure 1D). In
contrast seismic velocities are fast in the upper part
of the upper mantle in East Antarctica, supporting
the presence of thick, cold, cratonic lithosphere.
Seismic velocities are also fast in the lowermost
mantle below all of Antarctica, likely caused by
slabs subducted at the southern margin of the
Panthalassa Ocean in the Mesozoic. Looking
at various other tomography models as well as
“vote maps” with Submachine (Hosseini et al., 2018,
https://www.earth.ox.ac.uk/ smachine/cgi/index.php)
confirms that this distribution of seismic velocities
is a robust feature shared by a great number of
tomography models. More details in the upper half
of the mantle are seen in the regional P-wave model
by Hansen et al. (2014): Their model shows narrower
(~200-300 km wide) separate low-velocity anomalies
in the upper mantle beneath Mount Erebus / Ross
Sea and Marie Byrd Land, connected to a larger-scale
anomaly around 660 km depth, i.e., in the lower
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Figure 1 – A: Seismic velocities at depth 150 km from tomography model ANT-20 (Lloyd et al., 2020). Color scales here
and elsewhere in the paper from Crameri (2018). WA = West Antarctica. B and C: cross-sections along lines marked B and
C in panel A through tomography models SL2013SV (Schaeffer and Lebedev, 2013) above 200 km depth and Grand10, the
2010 model update of Grand (2002), beneath, approximately passing through the centers of the residual topography high
and geoid low in Figure 3, respectively. Labels on vertical axes are depth in km (10% Earth radius spacing) D: Lithosphere
thickness derived in Steinberger (2016) from the tomography model combination in (B) and (C). Craton outlines (Gubanov
and Mooney, 2009) are drawn in brown for comparison. Squares indicate the two regional boxes for the numerical plume
models, and orange dots the assumed plume locations in Marie Byrd Land, Mount Erebus and at an intermediate position.
MBL = Marie Byrd Land, E = Mount Erebus, RS = Ross Sea.

transition zone and uppermost lower mantle. In
contrast, the ANT-20 model of Lloyd et al. (2020)
shows anomalies confined to the upper 200–250 km
of the mantle, except in the vicinity of Marie Byrd
Land where they extend into the transition zone and
possibly deeper and mainly broader structures, like
in the global models. Wiens et al. (2021) find that the
slow-velocity anomalies beneath Marie Byrd Land
continuing into the lower mantle in both P-wave
(Hansen et al., 2014) and S-wave models (Lloyd et al.,
2020) are consistent with a mantle plume origin for
topography and volcanism. Further, transition zone
thinning has been used to infer locations where
plumes rise from the lower mantle: Emry et al.
(2015) find an especially thin transition zone beneath
Ruppert Coast of eastern Marie Byrd Land, around
150◦W 76◦S.

A mantle plume beneath West Antarctica has been
first proposed by Behrendt et al. (1992). One surface
expression could be the Mount Erebus volcano
(Kyle et al., 1992), but there are also numerous
volcanoes in Marie Byrd Land (LeMasurier and Rex,
1989) and subglacially elsewhere in West Antarctica
(van Wyk de Vries et al., 2018). Presence of a plume
beneath West Antarctica is also supported by high
heat flux, measured directly beneath the ice sheet
(Fisher et al., 2015) or inferred from geophysical
models (Artemieva, 2022), seismic models (An et al.,
2015a) or from satellite (Fox Maule et al., 2005) or
airborne magnetic data (Martos et al., 2017). Also, the
geochemical composition of volcanics in the region,

particularly in Marie Byrd Land, has been used as
indication for plume origin: LeMasurier (2013) find
ocean island similarities of shield volcanoes of Marie
Bird Land; Panter and Martin (2022) conclude that
“Marie Byrd Land magmatism results from plume
material variably mixed with subduction-modified
mantle; while magmatism in Victoria Land and
western Ross Sea is best explained by plate dynamics
and melting of asthenospheric and metasomatized
lithospheric sources, and not by an upwelling plume”.
However, this region overlies subducted slabs in the
lowermost mantle and is far from the two Large Low
Shear Velocity Provinces (LLSVPs) of the lowermost
mantle and is therefore not necesarily a regionwhere
a plume from the lower mantle would be expected:
Bredow et al. (2023) use large-scale mantle flow
models to compute the conduit shape of plumes
beneath West Antarctica. Their predicted source
location is displaced towards the Pacific LLSVP, but
still about 1500 km south of their margins. While the
involvement of a plume is not clear, the existence
of a rift system in West Antarctica is supported
by multiple evidence (e.g., Behrendt et al., 1991;
Accardo et al., 2014), hence there might be rift- or
transtension-related decompression melting (Cooper
et al., 2007; Rocchi et al., 2003). Moreover, the
pronounced step in lithospheric thickness along the
Transantarctic Mountains (Figure 1C) could lead to
volcanism related to edge-driven or edge-modulated
convection (Panter et al., 2018). Further review
of the subject of possible mantle plumes beneath
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Antarctica, with appropriate references, is given by
Bredow et al. (2023).

Further indications on the mantle beneath are
given by the geoid and dynamic topography: The
geoid is usually plotted with respect to the reference
ellipsoid, i.e., without the excess flattening with
respect to equilibrium. Therefore, in the wider Earth
science community and in the public, there is rather
the prevailing impression that the deepest geoid
low is just south of India. In this case, the geoid
low in the Ross Sea area reaches a minimum of
about -60 m (Figure 2A). However, with respect to
the the Earth’s equilibrium shape, it exceeds -120 m
(Figure 2B) and is the deepest geoid low on Earth.
This has been widely recognized in the geodynamics
community for a long time (e.g., Chase and Sprowl,
1983). When an isostatically compensated crust is
corrected for, the lowest values below -125 m occur
in a roughly elliptical region with half-axes ~700 km
in North-South direction and 1050 km in East-West
direction, approximately centered on Mount Erebus
(Figure 2C). When additionally lithospheric thickness
variations related to ocean floor age are taken into
account, the geoid low has a localized minimum of
about -130 m in the Ross Sea (Figure 3).

Residual topography (Figure 3) is derived by
subtracting crustal and glacial isostatic topography
and topography due to ocean floor cooling with age
and is thus indicative of mantle density anomalies.
High residual topography in West Antarctica, with a
maximum of nearly 2 km, is thus another indication
of a lower than average density and likely hotter than
average mantle beneath West Antarctica. Given the
spatial extent of about 2000 km for the topography
high and that dynamic topography kernels above
spherical harmonic degree 12 are probably rather
small in the lower mantle (Steinberger et al., 2010),
there are very likely density anomalies in the
upper mantle. Comparison of residual topography
and geoid shows that the maximum of residual
topography is shifted by about 1600 km towards
the south-southeast relative to the geoid minimum.
We will discuss here the possible significance of this
observation.

The right panel of Figure 3 shows characteristic
profiles of the geoid across its minimum and
topography across its maximum. This residual
topography has been derived for a global crustal
model. Uncertainties mainly depend on crustal
thickness uncertainties. Paxman (2022) use instead
the regional crustal model of An et al. (2015b). They
also find a regional topography high of about 2 km
amplitude, but of somewhat smaller extent and with
its maximum somewhat shifted and centered on
Marie Byrd Land. In this case, the shift between
geoid minimum (Figure 3) and residual topography
maximum is reduced to about 800 km, in about the
same direction.

The presence of hot low-viscosity material has also
been concluded by others (Ivins et al., 2022; van der

Wal et al., 2022). Mostly, viscosity has been obtained
by scaling seismic velocity perturbations (Kaufmann
et al., 2005; A et al., 2012). With this approach, Hay
et al. (2017) obtained a model characterized by a
thin (~65 km) elastic lithosphere and sublithospheric
viscosities reaching values as low as approximately
4 ·1018 Pas beneathWAIS. Whereas Powell et al. (2020)
even find a minimum viscosity belowWest Antarctica
of 1018 Pas. The impact of 3-D viscosity structure on
the the WAIS has been studied by Powell et al. (2021).
In a somewhat different approach, velocity anomalies
translated into temperature anomalies are entered
into a mantle flow law, yielding viscosities that can
also depend on the stress in the mantle (King et al.,
2015). With this approach, van der Wal et al. (2015)
find viscosities < 1019 Pas, and O’Donnell et al. (2017)
viscosity 1018 − 1019 Pas below the West Antarctic
lithosphere. Effective viscosity becomes lower for
higher stress, leading to larger peaks in uplift rate
(Nield et al., 2018; Blank et al., 2021). This also means
that viscosity valid for the shorter-term glacial cycle
is not necessarily the same for longer-term mantle
convection. Lau et al. (2021) calculated a complex
viscosity for Antarctic regions that accounts for this
frequency dependence. Barletta et al. (2018) infer
from uplift measured by GPS a viscosity 4 · 1018

Pas beneath the marine portion of the WAIS in the
Amundsen Sea Embayment, and that this shortens
the GIA response time scale to decades up to a
century.

Except in the context of glacial isostatic adjustment
(van derWal et al., 2022), there have beenonly a rather
limited number of geodynamic models specifically
about the mantle beneath (West) Antarctica. Seroussi
et al. (2017) study the influence of a West Antarctic
mantle plume on ice sheet basal conditions and find
that they have an important local impact, with basal
melting rates reaching several centimeters per year
directly above the hotspot. Bredow et al. (2023)
provide instantaneous geodynamic models of the
excess heat flow provided by a plume. They predict
a small heat flux compared to differences in surface
heat flux estimates, and find that their results are
not conclusive with regard to the existence of a West
Antarctic mantle plume.

Dynamic mantle flow models based on mantle
density models derived from seismic tomography
predict high dynamic topography and a geoid low
in West Antarctica (Figure 4 and Steinberger, 2016).
Regional geoid lows with magnitude and size similar
to the geoid with respect to the equilibrium shape
have also beenpredicted basedonother tomography
models (Paul and Kumar, 2022; Cui et al., 2022). Time
dependence of dynamic topography in the past 3m.y.
in the region is modelled by Austermann et al. (2015).
They find a significant effect on ice sheet stability.

It would of course help our understanding of the
observed mantle structure, geoid and topography
if we were able to reproduce it with a numerical
forward model of mantle convection. However,
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Figure 2 –Observed geoid (Pavlis et al., 2012) (A) relative to reference shape, i.e., disregarding excess flattening (B) relative to
equilibrium spheroid (Chambat et al., 2010) and (C)minus contribution down to the base of the crust derived from CRUST1.0
(Laske et al., 2013) following Steinberger (2016) and assuming crustal isostasy. The geoid is expanded to spherical harmonic
degree 63, with a spectral cosine taper in the degree range 32-63.

Figure 3 – Geoid as in Fig. 2 C but with also the effect of ocean floor age (Müller et al., 2008) compensated for following
Steinberger (2016) and assuming isostasy, and residual topography derived in Steinberger et al. (2019). The right panel shows
geoid (blue) and residual topography (red) along the profiles shown in the left and center panels. Also shown are the geoid
profiles with degree-2 structure in phase with bipolarity (marked 2) and geoid after Steinberger and Torsvik (2010) (marked
3) as shown in Figure 7 removed. Squares in the left and center panels indicate regional boxes for numerical plumemodels.

reproducing temperatures inferred from any specific
tomography model will likely not be possible, and
would even not be very meaningful as long as there
are strong differences among models in detail. We
hence take here a simplified approach consisting of
three steps:

Firstly, we show two approaches to separate upper
and lower mantle contributions to the geoid. Similar
to our recent paper (Steinberger et al., 2021) we
argue and discuss that the geoid low in the Ross Sea
area can be best explained as a superposition of a
large-scale low geoid due to high-density anomalies
(subducted slabs) in the lowermantle, corresponding
in position to the areas of Mesozoic subduction

surrounding the Pacific (Chase and Sprowl, 1983),
and a smaller-scale geoid low due to low-density
anomalies in the upper mantle.

While we attempt to correct for the geoid
contribution from the lower mantle, we do not make
a corresponding attempt for dynamic topography.
In principle there may be a large-scale dynamic
topography pattern caused by the lower mantle,
but the actual contribution from the lower mantle
seems to be quite small (Steinberger et al., 2019). This
can be reconciled with a comparatively large geoid
contribution at degree two if there are no degree-two
density anomalies in the 1000-2000 km depth range,
which can be compatible with seismic tomography
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Figure 4 – Geoid and dynamic topography computed by
Steinberger (2016) based on seismic tomography.

if the latter is affected by vertical smearing (Richards
et al., 2023).

Secondly, and similar to our approach recently
taken for the Indian Ocean Geoid Low (Steinberger
et al., 2021) we consider synthetic disk-shaped
anomalies of a given size and in a given depth
range. We test for which size and depth range the
predicted geoid low and dynamic topography high
match observations well, and whether any synthetic
models that give a good fit have a size, depth
range and amplitude that is compatible with seismic
tomography images.

Thirdly, we run dynamic models of mantle plumes
following the approach of Gassmöller et al. (2016),
i.e., we only model the plume in the upper mantle
with a given plume location at 660 km depth. We
use various modeling assumptions and parameters,
and test whether we can approximately reproduce
some of the simplified models of the first step
which are compatible with tomography, geoid and
dynamic topography. Inferring mantle temperature
and viscosity from such forward plumemodels would
then arguably be a progress compared to, or at
least an alternative to, deriving it directly from
seismic tomography images with their limitations
in resolution, and uncertainties in conversion from
seismic velocities to temperatures and viscosities.
We supplement these by some models of plumes
down to the core-mantle boundary at 2900 kmdepth,
where they are generated from a thermal boundary
layer.

2 Methodology

2.1 Removal of geoid contribution due
to lower mantle slabs and LLSVPs

We try out two approaches in order to remove
a possible degree-two lower mantle contribution
related to the Large Low Shear Velocity Structures
(LLSVPs) and the ring of subduction inbetween. In our
first approach, we remove the degree two order two
geoid contribution that is in phase with the bipolarity

in the structure of the Earth’s mantle associated
with the LLSVPs: For doing that, we first rotate
the reference frame by an angle ϕ0 such that the
zero-degree longitude line approximately coincides
with the LLSVPs centers, instead of Greenwich. We
choose ϕ0 = 10◦, corresponding to the geotectonic
centers of Pavoni (1969, 1985), whichwere postulated
entirely independent andmuch prior to the discovery
of LLSVPs, but very closely correspond to LLSVP
centers. The relation between the geoid coefficients
in geographic coordinates (without dashes) and in the
rotated reference frame (with dashes) is

C2,2 · cos 2ϕ + S2,2 · sin 2ϕ =
C ′

22 · cos 2(ϕ − ϕ0)+
S′

22 · sin 2(ϕ − ϕ0)
(1)

We use the addition formulas for sines and cosines
and thus obtain two separate equations for terms
with factor sin 2ϕ and with factor cos 2ϕ, respectively.
We can solve these equations to compute C ′

2,2 and
S′

2,2 in terms of C2,2, S2,2 and ϕ0. We then conversely
express C2,2 and S2,2 in terms of C ′

2,2, S′
2,2 and

ϕ0, and obtain the in-phase contribution (line 7
marked LLSVPs in Table 1) by setting S′

2,2 to zero,
and the geoid with that contribution removed (line 8
marked LLSVP-corr in Table 1) by setting C ′

2,2 to zero.
Spherical harmonics degree two order two of the
in-phase contribution has maximum and minimum
of ±C ′

2,2 ·
√

15 at the equator and is zero at the pole,

whereas degree two order zero is C2,0 ·
√

5 at the pole
and −C2,0 ·

√
5/2 all along the equator. Requiring that

the combination for the total bipolarity structure has
the same value at the pole as the minimum at the
equator we obtain C2,0 = −C ′

2,2/
√

3 (line 7 in Table
1).

However, there may be additional geoid lows close
to the poles because the plate configuration in the
Pacific / Panthalassa has changed such that therewas
more subduction towards north and south at earlier
times and more towards east and west of Pacific
/ Panthalassa at more recent times. This means
that slabs north and south of the Pacific tend to
be deeper, hence contribute a geoid low in contrast
to a geoid high east and west. This is treated in
Steinberger and Torsvik (2010) and we hence, in our
second approach subtract the geoid due to LLSVPs
and subducted slabs (which, beneath Antarctica, are
mostly in the lower mantle) from their work. They
use plate reconstructions and geodynamic forward
modelling to infer slab distribution through time, and
assume that the LLSVP contribution has remained
constant. The geoid due to LLSVPs is adjusted such
that the fit of the total geoid to the observed geoid
is optimized. They use the same spherical harmonic
method as here to infer the geoid from the (slab and
LLSVP) density distribution.
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Table 1 – Geoid potential coefficients with modifications
in units of 10−6. total: As listed by Pavlis et al. (2012).
ellipsoid: Ellipsoidal reference shape. Further even-degree
order-zero coefficients are also non-zero but small and
negligible. reference: Coefficents relative to reference
shape. equilibrium: Coefficients relative to equilibrium
shape from Chambat et al. (2010). crust-corr: Crust
corrected as in Figure 2. All other coefficients are also
slightly changed. age-corr: Also corrected for seafloor
age as in Figure 3. Again, other coefficients also slightly
changed. LLSVPs: Degree-two in phase with bipolarity
structure (Pavoni, 1985) as in Figure 7A. LLSVP-corr:
Coefficients corrected for the crust, for seafloor age and for
LLSVPs as given by the line just above, as in Figure 7B. Note
that the computation and subtraction for Figure 7C and D
are done on a grid, hence no coefficients are listed here.

C2,0 C4,0 C2,2 S2,2
total -484.165 0.540 2.439 -1.400

ellipsoid -484.165 0.790 0 0
reference 0 -0.250 2.439 -1.400
equilibrium -5.10 -0.446 2.439 -1.400
crust-corr -5.19 -0.463 2.568 -1.361
age-corr -5.01 -0.292 2.661 -1.585
LLSVPs -1.130 0 1.840 0.670

LLSVP-corr -3.883 -0.292 0.821 -2.255

2.2 Computations with spherical
harmonic code

Geoid and dynamic topography can be computed
from a spherical harmonic expansion of mantle
densities and flow for a viscous rheology with only
radial viscosity variations (Hager and O’Connell, 1979,
1981). We use this approach for density anomalies
that we refer to as shaped like a cylindrical disk,
although this is not strictly the case, because of
Earth’s curvature. Also, we typically consider lateral
smoothing, i.e., there is no sharp density contrast at
the edge of the cylinder, but a smooth transition from
zero to total anomaly, following a cosine function
over a distance specified in degrees of arc measured
from the center of the cylinder. Geoid and dynamic
topography are computed first individually for each
spherical harmonic degree, by multiplying, at each
depth, density with a depth-dependent kernel for the
geoid (Richards and Hager, 1984; Ricard et al., 1984)
or topography, and integrating over depth, before
adding up the contributions of different spherical
harmonics. We adopt the viscosity structure from
Steinberger (2016) with a free-slip surface, as we have
shown there that it is suitable to model geoid and
dynamic topography globally. Dynamic topography
kernels are always negative, i.e., a negative density
anomaly always leads to uplift, but the geoid kernels
include the positive contributions of internal density
anomalies and negative contributions of dynamic
surface and core-mantle boundary topography.
Either contribution can be dominant, so kernels
may be either positive or negative and the shape
of the kernels as a function of depth can be quite
variable for different spherical harmonic degrees
(See Fig. 2 of Steinberger et al., 2021). Given that

different spherical harmonic degrees contribute
to the disk-shaped anomalies, the results are not
straightforward. We also consider “410” and “660”
phase boundary topographies due to Clapeyron
slope, adopting parameters from Steinberger (2007).
Our density model consists of 50 km thick layers
where the effect of extra or missing masses is
computed as if they would all occur in the middle
of each layer, e.g., for a disk between 150 and 650
km at 175 km, 225 km, …, 625 km. The effect of
phase boundaries is always assigned to the layer
above them, i.e., the “410” at 375 km and “660” at 625
km, such that, for example, the effect of the “660” is
already included in the disk between 150 and 650
km. Considering phase boundaries with parameters
from Steinberger (2007) amounts to multiplying the
density anomaly at 375 km with a factor 3.56 (i.e.,
replacing a -1% density anomaly by -3.56%) and the
one at 625 km with a factor -0.78 (i.e., replacing a
-1% anomaly by +0.78%). Whether or not the effect
of a phase boundary is included makes a substantial
difference, however, we find that it makes hardly any
difference whether the effect is included in the layer
above or below the phase boundary. For a thermal
expansivity of 2 − 3 · 10−5/K, a -1% density anomaly
corresponds to 333-500 K which is rather on the
high end of what is realistic. However, results can be
simply scaled down linearly to lower temperatures.

The neglect of lateral viscosity variations (LVV) will
lead to an over-estimate of dynamic topography in
regions of low viscosity. Since dynamic topography
gives a positive geoid contribution, this means
that with LVV, a geoid low above a low-viscosity
and low-density cylinder will be somewhat more
pronounced than without LVV. In order to be
able to estimate this difference, we approximately
estimate the geoid height N corresponding to only
the dynamic topography contribution H : From the
Bouguer formula, the corresponding gravity anomaly
is

δg = 2πρ0GH (2)

where ρ0 is the appropriate density for dynamic

topography (uppermost mantle; 3.3 · 103kg/m
3
), and

G is the gravity constant. From the solution for
Laplace’s equation ∇2V = 0 for the gravity potential
V , with a wavelength λ in both x and y direction:

V = sin x · 2π

λ
· sin y · 2π

λ
· exp −z ·

√
2 · 2π

λ

we obtain a gravity anomaly equal to its vertical
derivative:

δg = ∂V

∂z
= −

√
2 · π

λ
V (3)

Setting eqs. 2 and 3 equal yields V = −ρ0GHλ
√

2/2,
and hence a geoid height N = −V/g0 where g0 =
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4πGρ00rE/3 is normal gravity at the Earth surface,

ρ00 = 5.5 · 103kg/m
3
is the average density of

the Earth, and rE is the Earth radius. Combining
these equations yields a ratio of geoid to dynamic
topography amplitude N/H = 3

√
2/(8π) · (ρ0/ρ00) ·

(λ/rE). With λ = 3126 km that is about 5 %. We will
use this estimate in the discussion section.

2.3 Computations with ASPECT

The work flow for themodels with ASPECT (Advanced
Solver for Problems in Earth’s ConvecTion)
(Kronbichler et al., 2012; Heister et al., 2017) was
initially developed by Gassmöller et al. (2016). This
extended version of ASPECT (available at this GitHub
repository) was used in Model runs 1-3. For all
other models, we upgraded to ASPECT main branch
version 2.4.0-pre (Bangerth et al., 2021a,b). In this
case, all boundary temperatures, initial temperatures
and boundary velocities were explicitly prescribed
through Ascii data files. The description of how
initial and boundary temperature was inferred from
lithosphere thickness only refers to this version.

Our thermal plume model computations were
performed in a 3-D cartesian box extending 3300
km x 3300 km horizontally and 660 km vertically.
One drawback of using a box model is that the
geoid cannot directly be computed in ASPECT, as
the geoid postprocessor can only be used if the
geometry is a sphere, spherical shell or spherical
chunk. To convert from spherical coordinates, in
which global mantle flow, lithosphere thickness and
plume positions are given, to cartesian coordinates,
a Lambert equal area projection was used. Models
1-3 use a projection center at 126◦W, 77◦S, centrally
located inWest Antarctica. For the remainingmodels,
the projection center was shifted westward to 163◦W,
79◦S such that a possible plume located beneath
Mount Erebus at 167.2◦E, 77.5◦S is not too close to the
boundary of the model box

Lithosphere thickness is adopted from Steinberger
(2016) (Figure 1C). Initial and boundary temperatures
T (x, y, z) are computed from lithosphere thickness
tlith(x, y)

T = Tad(z) − 1340 K · erfc(z/tlith(x, y))

where x and y are horizontal coordinates, z
is depth and erfc stands for the complementary
error function. Otherwise the temperature
structure develops self-consistently. The adiabatic
temperature profile Tad(z) and two temperature
profiles, approximately representing West and East
Antarctica, are shown in Figure 5 (left graph).

Viscosity is depth- and temperature dependent:

η(z, T ) = ηr(z)exp
(

−rH(z)(T − Tad(z))
RTTad(z)

)
(4)

We use several different radial profiles
(corresponding to adiabatic temperature) ηr(z)

shown in Figure 5 which correspond to different
asthenosphere thicknesses (or no asthenosphere at
all). The red profile approximately corresponds to
Steinberger et al. (2010). A linear viscosity variation
is assumed between lower mantle and the lower
part of the upper mantle, and between the lower
part of the upper mantle and asthenosphere. Since
we plot viscosity on a logarithmic scale, this linear
variation appears curved. Since these radial viscosity
profiles correspond to adiabatic temperature, they
do not increase towards the surface, but obviously,
there will be a viscosity increase towards the surface
anywhere in our model, due to the (non-adiababic)
temperature decrease in the lithosphere towards
the surface.

Viscosity variations due to non-adiabatic
temperatures depend on rH/R where H is activation
enthalpy, R = 8.3144 J/K/mol is the universal gas
constant and appropriate values for the factor
r are 1 for diffusion creep but less than 1 for
dislocation creep or a combination of both creep
mechanisms (Christensen, 1983). The blue line in
Figure 5 corresponds to r = 1/3.5, the green line to
a larger r (but still less than 1). For the lower mantle
(not shown) we use r = 1 and H increases from
3.4 · 105 J/mol at its top to 5.2 · 105 J/mol at the CMB.
Cutoff viscosities are 1019 Pas as lower bound and
1023 Pas as upper bound.

Plume influx and temperature anomaly are
prescribed at the bottom. The plume conduit has a
radius of rc = 130 km with Tc = 200 K temperature
anomaly and an inflow velocity vc = 5 cm/yr. We
apply Gaussian profiles, i.e. we add a temperature
Tc · exp

(
−(r/rc)2)

and apply a vertical inward velocity

vc · exp
(
−(r/rc)2)

at a distance r from the plume
center. For the initial temperature, we add 300 K
within 250 km distance from the plume center at
the lowermost layer (depth 650 km) and 82 K in the
second layer. In cases 1-3, an initial plume head
with radius rh = 250 km with Th = 300 K temperature
anomaly and inflow velocity vh = 8 cm/yr is also
implemented.

This time was chosen because the plume takes
approximately 4 Myr to reach the surface, so it would
correspond to an initiation of volcanism at around 30
Ma (Hole and LeMasurier, 1994). It also corresponds to
the onset of glaciation in Antarctica (Lear et al., 2000)
which may be coincidential, but there may also be a
causal relation, as the dynamic topography increase
caused by the rise of a plume head or pulse towards
near the surface may be conducive to the onset
of glaciations, as has been proposed for Greenland
(Steinberger et al., 2015). However, the primariy
drivers for rapid Cenozoic glaciation of Antarctica
are believed to be the tectonic opening of Southern
Ocean gateways, which enabled the formation of the
Antarctic Circumpolar Current and the subsequent
thermal isolation of the Antarctic continent (Kennett,
1977) and/or declining atmospheric CO2 (DeConto and
Pollard, 2003).
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Figure 5 – Left panel, lower x-axis: Adiabatic temperature profile (black) and two radial temperature profiles for
lithosphere thickness of 60 km (red) and 200 km (brown). Left panel, upper x-axis: Profiles of rH/R characterizing
temperature dependence of viscosity (equation 4). Right panel: Different (adiabatic) radial viscosity profiles ηr(z). For five
of the profiles (black, orange, red, green, blue) results are shown. The brown profile corresponds to the viscosity structure
used for the global flowmodel, but with continuous viscosity variations in upper mantle and transition zone. Results for this
case are not shown, as they remain very similiar to those already shown. Purple dots show viscosities corresponding to the
red profile and a 100 km thick lithosphere; upper viscosity cutoff 1023 Pas.

In the uppermost ~200 km of the side boundaries
and at the surface, velocities are set to zero,
corresponding to zero plate motions. Given that
Antarctica has hardly moved over the mantle since
34 Ma (Doubrovine et al., 2012), and that the
Antarctic plate covers most of the model box (any
plate boundaries would be at most close to the
edges) this setting appears appropriate, and it is
not expected that using more realistic boundary
conditions above 200 km depth would greatly affect
results. Because plate motions are not considered
here, and lithosphere thickness doesn’t change that
much over 34 Myrs, it appears appropriate to use
the model of present-day thickness for the model
initiation.

Elsewhere velocities on boundaries are either
prescribed based on a global mantle flow model
computedwith a spherical-harmonic based approach
as e.g., described in Gassmöller et al. (2016), or
set to zero. Global mantle flow is computed with
the more recent viscosity structure SL+Gra3 from
Steinberger (2016). Although we vary the regional
viscosity model, we prefer to keep the same viscosity
structure for global flow, in order to be able to
better distinguish the effects of global flow boundary
condition and regional viscosity structure. We also
used the viscosity structure corresponding to global
flow (brownprofile in Figure 5) for the regionalmodel.
However, results for this case are not shown, as they
remain very similar to results shown.

In the first case (GF=C) we use the same surface
plate velocities as in Gassmöller et al. (2016) and
the present-day density model that includes
thermochemical piles in the lowermost mantle
from Steinberger (2016). This model is only used for
present-day flow. In the second case (GF=TD) the
densitymodel is derived from the tomographymodel
TX2019slab (Lu et al., 2019) in a spherical harmonic
expansion up to degree and order 63 on 58 radial
layers from depth 2875 km to 25 km at distance
50 km, provided by Thorsten Becker. We use here
a simple conversion (δρ/ρ)/(δvs/vs) = 0.25 from
relative seismic velocity to relative density variations
below depth 200 km and disregard anomalies
above 200 km. There, thermal diffusion plays an
important role and hence backward advection, which
we use to compute past density and flow, is less
appropriate. Also, such a simple thermal conversion
is less appropriate in the lithosphere, where
compositional variations may affect both density
and seismic velocity. This means we also disregard
thermochemical piles as they won’t influence the
upper mantle flow field by much. In this case, the
velocity boundary condition is time-dependent due to
advection of density anomalies and time-dependent
plate motion boundary conditions for global flow
computation.

The total influx and outflux of the model box are
not exactly balanced because (i) boundary velocities
in the uppemost 200 km are set to zero (ii) the
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Table 2 – Model parameters: Center of model box,
position of plume inflow at the bottom of the box, Lith:
Lithosphere thickness - C = constant 100 km, V = variable
as inferred from tomography model GF: Global flow (N=no,
C=time-independent flow; density model as Steinberger
(2016), TD=time-dependent flow; density model inferred
from TX2019slab (Lu et al., 2019). In the latter two cases
cutoff at constant depth 200 km. ηad: radial viscosity
model corresponding to adiabatic temperature. Colors
given correspond to Fig. 5 right. ηnad: Model for viscosity
variations due to deviations from adiabatic temperature.
hi = strong dependence, corresponding to green line in Fig.
5 left. lo = weak dependence, corresponding to blue line.
The asterisk atModels 1-3 indicates that thesemodels were
computed with the ASPECT “Reunion branch”. Bold entries
are the “reference setting”, thus case 9 is the reference case.
For each case, another case can be found that only differs
in 1 column, such that the effect of changing that particular
model setting can be extracted.

# Center Plume Lith GF ηad ηnad

1∗ 126◦W, 77◦S 126◦W, 77◦S C N black hi
2∗ 126◦W, 77◦S 126◦W, 77◦S V N black hi
3∗ 126◦W, 77◦S 126◦W, 77◦S V C black hi
4 163◦W, 79◦S 167.2◦E, 77.5◦S V C orange lo
5 163◦W, 79◦S 167.2◦E, 77.5◦S V C red lo
6 163◦W, 79◦S 163◦W, 79◦S V C red lo
7 163◦W, 79◦S 163◦W, 79◦S V TD green lo
8 163◦W, 79◦S 163◦W, 79◦S V TD blue hi
9 163◦W, 79◦S 163◦W, 79◦S V C black lo
10 163◦W, 79◦S 163◦W, 79◦S V C black hi
11 163◦W, 79◦S 163◦W, 79◦S V TD black hi
12 163◦W, 79◦S 163◦W, 79◦S V TD black lo

conversion from spherical to cartesian boxes implies
a distortion (iii) the plume influx is prescribed.
We therefore compute the integrated flux over all
boundaries of the box (bottom and four sides) and
add a velocity orthogonal to the boundary at all four
side boundaries below 200 km depth (not at the
bottom) such that the total influx/outflux adds up
exactly to zero. The resulting present-day boundary
velocities in the second case are shown in Figure 6.

We use constant gravity 9.81 m/s2. The heating
model includes adiabatic heating, latent heat and
shear heating. Othermaterial properties are adopted
from the ”Steinberger” model provided with ASPECT.
We conducted altogether 12 upper mantle model
runs with varying parameters and assumptions as
listed in Table 2.

In order to ascertain that results do not critically
depend on just modeling the upper mantle, we also
ran models without global flow but with free-slip
side boundaries that extend down to the core-mantle
boundary at 2900 km depth. We use 4000 K, 3500
K, 3250 K and 3000 K for CMB temperatures TCMB .
The higher values are closer to recent independent
CMB temperature estimates (Lobanov et al., 2021)
but the lower values yield more appropriate plume
temperatures close to the surface (Herzberg and
Gazel, 2009; Bao et al., 2022), and might e.g., mimic
plumes rising from the tops of thermochemical

piles (especially near their margins). We model the
thermal boundary layer at the base of the mantle
at the initial time by adding (TCMB − Tad,CMB) ·
erfc(h/100km) where h is height above the CMB.
We “seed” the plume by adding a temperature
Tseed · exp

(
−(d/d0)2)

· h/h0 exp(−h/h0) where d is the
horizontal distance from the center of the box. We
use d0=100 km, h0=100 km and Tseed=500 K, except
for the casewithTCMB=3000K,where all these values
are doubled, such that the plume develops faster,
before the lithosphere grows unreasonably thick.

Radial viscosity in these whole mantle models
corresponds to the red curve in Figure 5, i.e., also
follows Steinberger et al. (2010) in the lower mantle
(not shown), but with constant viscosities at the base
of the mantle, as the viscosity drop there comes in
due to non-adiabatic temperature increase (like for
the lithosphere).

3 Results

3.1 Residual geoid due to upper-mantle
low-density anomalies

The lower-mantle degree-two contribution
determined with the first approach in section 2.1 is
shown in Figure 7A, the geoid with this contribution
removed in Figure 7B. Comparing profiles in Figure 3
shows that this reduces the amplitude of the geoid
minimum by about 12 m, while the shape of the
anomaly remains very similar.

The lower-mantle contribution determined with
the second approach is shown in Figure 7C. In this
case, the shape of the remaining anomaly is again
similar while its amplitude is reduced from about
130 m to 70 m: This occurs, because the lower
mantle “slab vs. LLSVP” structure give a very broad
low of about 60 m amplitude, on top of which a
smaller-scale geoid low of about 70 m amplitude is
superimposed. The remaining low (Figure 7D) has
an extent of ≈ 7000 km corresponding to spherical
harmonics l ≥ 6 for which geoid kernels are likely
comparatively small in the lower half of the mantle.
Hence we regard 70 m the most realistic estimate
for the contribution from a low-density anomaly in
the upper mantle and perhaps upper part of the
lower mantle to which modeling results should be
compared.

3.2 Synthetic model results obtained
with spherical harmonic code

We now show results of our simple models for
synthetic disk-shaped anomalies of a given size and
depth range. Figure 8 shows results for our reference
case, with smoothing from 5 to 15 degrees, and
additionally some profiles with different smoothing.
Smoothing in radial direction somewhat changes the
amplitudes, because of the radial sensitivity of geoid
and topography. Hence, for a simpler interpretation
of results, we do not apply radial smoothing in the
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Figure 6 – Velocity boundary conditions, derived from global flow model “TD” for present-day and plume influx. Center of
the model box at 163◦W, 79◦S. Flow component parallel to boundaries represented by arrows, with length proportional to
speed; 100 km corresponds to 1 cm/yr.

following. In comparison with Fig. 3, the size of the
dynamic topography anomaly is about the same,
but its amplitude is somewhat larger (~3 km vs. 2
km). For the geoid, the predicted amplitude (~80 m)
is somewhat less than observed (~130 m) but if the
contribution from lower mantle slabs and LLSVPs is
removed (Figure 7D; here blue-green dotted line) the
amplitude is very similar – about 70 m. The possible
effect of lateral viscosity variations on the respective
amplitudes will be discussed in the next section. 20
degrees of arc lateral extent of the anomaly in the
reference case is also similar to what tomography
shows. Figure 1 shows one representative case;
a large number of tomography models can be
visualized with Submachine (Hosseini et al., 2018,
https://www.earth.ox.ac.uk/ smachine/cgi/index.php).

Anomalies in tomography models tend to extend
even deeper, down to ~1000 km. However, the -1%
amplitude of the synthetic density anomaly would
correspond to about -4% S-wave anomaly, which
tomography models reach at most in the upper ~200
km.

Figure 9 shows how amplitude and shape of geoid
and dynamic topography anomaly depend on radius
of the cylindrical disk, as well as its top and bottom
depth. The radius of the disk does not only affect the
lateral extent of the anomaly but also its amplitude.
This is especially the case for the geoid: Only for the
largest disk radius, the geoid can reach an amplitude
of the order 100 m as observed. An amplitude
of about 70 m, which is estimated after removing
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Figure 7 – (A): Geoid degree-2 structure in phase with the
bipolarity (Pavoni, 1985) associated with LLSVP’s. (B): Geoid
contribution in (A) removed from the one shown in Figure 3.
(C): Geoid related to LLSVPs and slabs after Steinberger and
Torsvik (2010) (D): Geoid contribution in (C) removed from
the one shown in Figure 3.

the contribution from slabs and LLSVPs, can still be
achieved for a 7.5 degree disk if the bottom of the
disk is 750 km deep, or even deeper. Of course,
a higher amplitude could also be achieved with a
stronger anomaly, but 1% is already quite strong,
corresponding to a temperature anomaly of the
order 400 K. Also, the bottom of the disk needs to be
at least in the transition zone at ~550 kmor deeper, in
order to yield a sufficient geoid anomaly. In contrast,
predicted dynamic topography anomalies tend to be
rather too large: If the bottom of the disk is at 550
km or deeper, its top needs to be at least 150 km
deep such that predicted dynamic topography is not
too large. There is very little difference between
results with the bottom of the disk at 550 km and
650 km, as the effect of phase boundary deflection
nearly compensates the buoyancy in the 550 to 650
km layer. A deeper bottom of the disk (e.g., shown
for 750 km vs. 650 km) gives a more pronounced
geoid low, whereas the fractional change of dynamic
topography is less. Hence, by making the disk
extend even deeper, it will be possible to reduce the
amplitude of the density anomaly and still maintain
a good fit to geoid and dynamic topography, and
even improve the geoid-to-topography ratio. This
is somewhat at odds with tomography showing
the strongest anomalies just below the lithosphere,
similar also to the dynamic models shown next.
Below, we will however show that this discrepancy

can become less if viscosity is reduced in a layer
below the lithosphere. Similarly, in the next section,
wewill qualitatively show that consideration of lateral
viscosity variations may somewhat reduce predicted
dynamic topograpy and increase predicted geoid.

Hansen et al. (2014) suggest amantle plumeponded
below the 660 km discontinuity beneath MBL to
explain what they see in tomography. This points
to the possibility that the dynamic topography high
and geoid low are due to separate “disks” associated
with the same upwelling (plume): The dynamic
topography high mostly due to the plumehead
spreading beneath the lithosphere and the geoid
low due to low-density material just below the
transition zone. The displacement of the dynamic
topographymaximum relative to the geoidminimum
could then be due to a lateral displacement of the
disk centers relative to each other, rather than tilt
of the plume. An example for a result with two
separate disks is shown in Figure 10. Anomaly sizes
vary with disk sizes, hence those were chosen such
that dynamic topography and geoid approximately
match with observations (after removing the lower
mantle contribution for the geoid). An upper disk
with 7.5 degrees radius also approximately matches
the time-dependent dynamic models in the next
section. However, low-density material in or below
the transition zone could only cause a geoid low if its
buoyancy is larger than the compensating effect of an
upward-deflected 660 km discontinuity, which raises
the question why it would be “ponded” at that depth
and not rise straight to the surface.

Results so far were all computed for the same
viscosity structure designed to fit geoid and dynamic
topography globally (Steinberger, 2016). However,
due to the presence of a plume, viscosity may
be locally reduced in parts of the upper mantle.
To accomodate that, we try cases with a 10- or
100-fold reduced viscosity either in the 100-220 km
“asthenosphere” depth range or in the entire depth
range of the cylindrical disk. Such a reduced viscosity
will lead to reduced dynamic topography and hence
increased geoid low, hence we expect an improved fit
even for a disk reaching the base of the lithosphere
assumed at depth 50 km. Results in Figure 11 show
that this is indeed the case: Especially for a disk in
the depth range 50-350 km we can get a rather good
fit to both geoid and dynamic topography, either for
a viscosity reduced by a factor 10 in the same depth
range of the disk and 50 km thick lithosphere (green
dashed line) or by a factor 100 in the 100-220 km
range. We will get back to this result in the discussion
and explain why we consider these our most realistic
results and what might be the cause. Results are
shown for 8 degrees of arc disk radius, but remain
similiar, with somewhat increased size and amplitude
for 10 degrees. For 3 or 5 degrees disk radius, the
lateral extent of prediced anomalies is somewhat too
small. Again, 8 degree disk radius also approximately
matches the dynamic forward models in the next
section.
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Figure 8 – Left: Geoid for reference case (disk of -1% density anomaly in depth range 150 km to 650 km; 10 degrees of arc
radius with cosbell smoothing from 5 to 15 degrees; center of disk at 75◦ S, 180◦ longitude. Center: Dynamic topography for
reference case. Right: Profiles of geoid (blue) and dynamic topography (red) across center of disk. In addition to reference
case (solid blue and red lines) we also consider cases with smoothing from 0 to 20 degrees (dashed), and without smoothing
(dotted). Dark red and black lines like red and blue, except that here the anomaly is also smoothed in radial direction with
cosine tapers from 0 to 300 and 400 to 700 km. Observation-based profiles as in Figure 3 are shown as green (geoid),
blue-green (geoid with slab and LLSVP contribution removed) and orange (residual topography) dotted lines.

3.3 ASPECT results

Results are shown in Fig. 12 and 13. Despite various
differences, the results are all similar in that there
tends to be a narrow conduit of the order 200
km width or less - much less than the disk-shaped
anomaly considered above, and the plume only
spreads to a larger lateral extent at above 200 km
in most cases, reaching about 300 km if it spreads
below thick lithosphere. This is shallow compared
to the depth range suitable to explain the geoid.
Without global flow (cases 1 and 2), the plume rises
vertical and spreads laterally in all directions. But
with global flow, the plume conduit gets tilted in
the “mantle wind” and below the lithosphere plume
material tends to flow in the same direction in which
the conduit is tilted. But this direction depends on
the position of the plume: If the plume is centrally
located in West Antarctica (case 3) it is eastward, if it
is located further west, beneath Mount Erebus (cases
4 and 5), it is westward, such that plume material is
actually being pushed benath the thicker lithosphere
of East Antarctica. If it is in an intermediate location
(cases 6-12) towards WSW (for flow model “C”, cases
6,9,10) to SSW (for flow model “TD”, cases 7,8,11,12).
These deflection directions correspond to the flow
at the boundaries of the model box: While the
upper 200 km are kept at rest (corresponding to zero
plate motion), flow is mostly outward immediately
below on the left (ca. west), right (ca. east) and
front side, and inward on the back side (Figure 6).
In the cases with flow model “TD”, plume tilt and
asymmetry is considerably stronger as with model
“C” (especially compare cases 11 and 10, which are
otherwise identical). Thickness of the plume conduit
depends on both radial viscosity structure and lateral
viscosity variations: Case 8 with the lowest overall
viscosity and strong lateral viscosity variations yields

a very thin conduit, compared to other cases. In
comparison, the conduit is thicker in case 11, where
the viscosity is higher in the lower part of the upper
mantle and even thicker in case 12 with low lateral
viscosity variations. The fattest conduit results for
the highest viscosity (cases 5 and 6), but it is still only
about 200 km wide.

On top of the temperature cross-sections, we
also plot dynamic topography profiles. Lithospheric
thickness variations are also associated with a
strong dynamic topography signal in this model,
but by visually matching with the temperature
cross-section, we can estimate that the dynamic
topography signal associated with the plume is about
1-2 km, very similar to the observation-based residual
topography. It is not possible to directly compute
the geoid with ASPECT in cartesian box geometry,
however, below we will at least use ASPECT results
to estimate the effect of lateral viscosity variations on
the geoid.

Results for whole-mantle models are shown in
Figure 14 again 30Myrs after the plume head reaches
the lithosphere. Because plumes tend to take a long
time to develop in these models, the lithosphere has
become thicker by then. But apart from that, results
are similar in that plumes tend to spread as a ~100 km
thick “pancake” below the lithosphere. We use here
different color scales for different CMB temperatures.
Only in the case of the lowest CMB temperature
3000 K (~465 K temperature contrast across bottom
TBL) the maximum plume temperature anomaly is
around 200-250 K, which is similar to the other cases.
For a higher, more realistic CMB temperature, the
plume maximum temperature also becomes much
higher. This discrepancy may indicate that plumes
do not rise directly from the CMB but perhaps from
the tops of thermochemical piles. However, this
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Figure 9 – Dependence of geoid (top left panels) and dynamic topography (bottom right panels) on the radius and depth
range of a low-density cylindrical disk in the upper mantle, along profiles across the center of the anomaly. Radius is given
by color (see legend), top and bottom of disk are indicated on the edges of the figure. Radial smoothing from 0.5 to 1.5
times disk radius.

will not be further discussed here. The case with
CMB temperature 4000 K (not shown) yields an
even higher plume temperature, as well as more
small-scale structure in the plume head, presumably
due to lower viscosity.

One simplification that we have done in our geoid
and topography computations was the neglect of
lateral viscosity variations. However, we estimate
their effect by comparing two ASPECT boxmodels for
the whole mantle with lateral extent of 9900 x 9900
km, and a cylindrical anomaly as in the reference case
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Figure 10 – Left and middle: Geoid and dynamic topography for a combination of two disks with -1% density anomaly:
Upper disk in the depth range 100-250 km with 7.5 degrees of arc radius (cosbell smoothing from 3.75 to 11.25 degrees)
and center at 77◦ S, 126◦ W, lower disk in the depth range 700-1000 kmwith 11 degree of arc radius (cosbell smoothing from
5.5 to 16.5 degrees) at 72◦ S, 165◦ W. Right: Profiles of geoid (green: upper disk; blue: lower disk; black: total) and dynamic
topography (light red: upper disk; orange: lower disk; dark red: total) across centers of disks.

Figure 11 – Predicted dynamic topography (left) and geoid (center) for different viscosity structures (right). Computations
are for disks of -1% density anomaly in the depth range 450 - 50 km (bottom), 350 - 50 km (middle) and 250 - 50 km (top); 8
degrees of arc radius with cosbell smoothing from 4 to 12 degrees. Viscosity is either the same as in Figures 8 and 9 (blue
line) or reduced by factor 10 (green) or 100 (red) in the depth range 100-220 km (continuous) or in the same depth range as
the disk (dashed). In the latter case, also the top (i.e., lithosphere) viscosity layer is reduced to 50 km thickness. Dotted lines
are observation-based residual topography and geoid (curve 3 from Figure 3, with lower mantle contribution removed).

with 10 degrees of arc (converted to 1042 km), and
300 K maximum anomaly. For the radial viscosity,
we chose the “red” profile, but with the increase
of viscosity in the lithosphere explicitly included
(purple dots in Figure 5) instead of a temperature
decrease in the lithosphere. The radial extent of
the anomaly is either 150-650 km (corresponding to

the reference case) or 50-350 km (corresponding to
the best-fit case in Figure 11). For each disk we
consider two cases with temperature dependence
of viscosity, corresponding to the blue and green
curve in Figure 5 (left graph). This leads to about
a factor 6 viscosity decrease within the anomaly,
according to equation 4, for the blue curve. For the
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Figure 12 – ASPECT results, cases 1-6. Map views show computed dynamic topography, plume source locations (red
dots), coastlines, profiles along which non-adiabatic temperature and dynamic topography (“dt”, lines of red dots) is plotted.
Profiles are chosen such that they approximately cross both the centers of the plume source and the plume head. Note that
cases 1-3 correspond to different geographic location of model box.

green curve, mostly the lower viscosity cutoff 1019 Pas
(about factor 30-60 decrease) is reached. In the third
case, only radial viscosity variations are considered.
For the 150-650 km disk, dynamic topography has an
amplitude ofmaximum vs. far field of 2819mwithout
lateral viscosity variations, 2564 m with the weak
temperature dependence and 2511mwith the strong
dependence. For the 50-350 km disk corresponding
numbers are 2561 m, 2443 m and 2255 m, i.e.,
the reduced viscosity leads to at most 12% reduced
dynamic topography amplitude. This amount is even
less than what Ghosh et al. (2010) found – that lateral
viscosity variations can affect dynamic topography by
up to ~20 %.

With the estimate given in the methods section for
a wavelength λ = 3126 km (width of the anomaly
including cosine taper) in both x and y direction, the
geoid due to dynamic topography should be about
5 % of dynamic topography itself. Thus, dynamic
topography reduced by 118-308 m corresponds to
about 6-15 m of additional geoid low. For example,

for our reference case we would obtain a geoid
low of about 98-100 m instead of 85 m, closer
to what is observed. To explain the 70 m geoid
low which we attribute to upper mantle low-density
materials, a somewhat smaller density anomaly, or
a smaller depth extent of the anomaly, would be
sufficient. So considering lateral viscosity variations
can somewhat improve the joint fit of geoid and
dynamic topography. Similarly, our synthetic results
with reduced upper mantle viscosity also give a
reduced dynamic topography and increased negative
geoid anomaly, but to an even larger extent.

4 Discussion

Our results show that the geoid can be separated
into a broad 60-m low from lower mantle slab
superimposed to a smaller-scale 70-m low from
upper-mantle low-density anomalies. This also
broadly matches with Spasojevic et al. (2010a) who
find that only 40% of the geoid low remains once
the upwellings are removed in the upper 1000 km.
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Figure 13 – ASPECT results, cases 7-12. Further explanations see Figure 12.

They suggest that this mode of upwelling in the
mid-to-upper mantle is caused by buoyant hydrated
mantle that was created by processes around and
above subducted slabs.

We have conducted here simple analytical
computations to address the question which
depth range and size of a temperature anomaly
beneath West Antarctica is required to explain the
upper-mantle portion of the geoid low, as well as
the residual topography high, and at the same time
compatible with seismic tomography. In terms of
our simple models, we find a reasonable fit for a 1%
anomaly in a cylindrical disk of 10 degrees of arc
radius, in the depth range 150 to 650 km if we use a
“global” viscosity structure. However, with reduced
viscosity in the uppermost mantle, a similar fit can
be achieved for a disk in the 50-350 km depth range.

The observed geoid low is somewhat larger in
extent than the residual topography high. This is
also the case for the modelled geoid vs. topography,
but even compared to that difference, the observed
geoid is disproportionally large. But if the geoid
contribution due to slabs and LLSVPs is taken into

account (Figure 7D) the remaining geoid anomaly has
approximately the right size.

The observed geoid low is centered on the
Ross Sea, whereas the residual topography high
is centered on West Antarctica, further to the
southeast. This could indicate a density anomaly
tilted towards southeast, centered below Ross Sea
at greater depth and below West Antarctica at more
shallowdepth. In order to assesswhether such a tilt is
supported by tomography, and since there are quite
some differences between individual tomography
models we first use Submachine (Hosseini et al., 2018)
to look at an average of six P-wave models (only
choosing those that show some structure in this
region and avoidinig similar models from the same
group: PRI-S05, DETOX-P1, GAP-P4, LLNL-G3Dv3,
MIT_USA_2016MAY, UU-P07). We find that this
average shows a very localized low of about -1% and
about 500 km across at 200 kmdepth, and somewhat
larger at 400 km, centered on the southwestern Ross
Sea near Mount Erebus and also near the center
of the geoid low. We then look at an average of
nine S-wave models chosen by the same criteria
(3D2016_09Sv, HMSL-S06, PRI-S05, TX2019slab-S,
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Figure 14 – ASPECT results computed for whole mantle box but only shown for the upper mantle, with CMB temperatures
3000 K, 3250 K, 3500 K. Note the different color scale for different cases. cross-sections are chosen such that they
approximately pass through the center of the plume conduit at all depths in the upper mantle. Times are 30 Myr after
the plume head reaches the base of the lithosphere, which is 249 Myr after model initiation for 3500 K, 390 Myr for 3250 K
and 323 Myr for 3000 K.

SAW642ANb, SEISGLOB2, SEMUCB-WM1, SEMum,
SL2013sv): At 200 kmdepth, there is an anomaly over
the entire Ross Sea, whereas at 100 km depth it also
extends across West Antarctica where the residual
topography high is centered. This is also similar to
the map in Figure 1A. Considering S-wave models
at shallower depth and P-wave models at greater
depth is warranted, since also surface waves can
be used to construct S-wave models. These results
hence indicate that the plume anomaly becomes
wider closer to the surface - similar to our dynamic
models - and is tilted towards East.

However, the structure seen in tomography model
ANT-20 (Lloyd et al., 2020), which is more reliable in
that region, only partly agrees: down to about 200
km, it clearly shows two separate negative anomalies,
approximately beneath Mount Erebus and beneath
coastal West Antarctica (Marie Byrd Land) (see also
Figure 1). These anomalies continue, but get weaker
with depth, and really become part of negative
larger anomalies that continue beneath the Southern
Ocean. Only beneath West Antarctica, a continuation
to the lower mantle is indicated.

In contrast, the dynamicmodels with a plume rising
beneath Mount Erebus rather predict a tilt towards
the West. If the plume location is shifted eastward,
near the eastern end of the Ross Shelf edge, then
the plume tilt is towards SSW for flow model TD,
and there is very little tilt for flow model C. Only for
a plume location even further East, beneath West
Antarctica, the dynamical models yield a tilt towards

the East. Hence the dynamic plume models match
both the vote maps and tomography model ANT-20
quite poorly.

Another possible cause (or contributor) for the
offset between dynamic topography maximum and
geoid minimum could be lithospheric thickness
variations: The lithosphere in West Antarctica
appears to be even thinner than the oceanic
lithosphere beneath Ross Sea (Figure 1), hence
the plume could reach closer to the surface, and
cause stronger dynamic topography, beneath West
Antarctica, whereas these shallower plume materials
have little effect on the geoid. Finally, the spatial shift
between the inferred upper mantle geoid and the
topography signals could also be partially due to an
imperfect correction for the deep slab signal: Given
uncertainties in the reference frame for theMesozoic,
subducted slabs could be easily shifted by about 10
degrees. In this case, the subducted slabs (see e.g.,
Bredow et al., 2023, Figure 1) and the corresponding
geoid low (Figure 7C) could be shifted towards Ross
Sea, such that the remaining geoid low (Figure 7D)
could be shifted towards West Antarctica. However,
without proper modelling, this remains a qualitative
assumption as the lowest part of the geoid low in Ross
Sea is quite narrow and pointed, which would rather
suggest an upper mantle origin.

A somewhat different approach is taken by
Spasojevic et al. (2010b): They model both geoid and
dynamic topography by a combination of negative,
upwelling density anomaly overlying a positive,
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downwelling anomaly. In this way, they are also able
to explain a localized geoid low, but by considering
time evolution, they can additionally match the
subsidence history of Campbell Plateau.

Dynamic forward models always yield a spreading
of the plume at shallower levels. Similarly,
tomography models also tend to show stronger
anomalies closer to the surface, but they still tend
to show anomalously slow material (although with
a lower amplitude) down to a depth of about
1000 km. In contrast, the dynamic models show
basically no anomaly at all below depth ~300 km.
Accordingly, density models based on tomography
can approximately explain the pattern of geoid
and dynamic topography, and the discrepancy in
amplitude (compare e.g., Figures 3 and 4) with
dynamic topography amplitude over-predicted and
geoid amplitude under-predicted could be at least
partly due to lateral viscosity variations (as discussed
above).

The results shown for the dynamic models
correspond to a time ~30 Myr after the plume
head reaches the surface. A deeper anomaly could
result if the plume is just rising to the surface, but
this is at odds with volcanism in West Antarctica
occurring since ~30 Ma. We don’t expect that large
amounts of plume material would stay in or below
the transition zone, unless somehow the thermal
buoyancy is balanced by a negative chemical (or
phase boundary) buoyancy, but overall neutrally
buoyant plume material would have no effect on
geoid and dynamic topography. One possible
explanation could be a pulsating plume, with a new
buoyant pulse just having reached transition zone
depths. Our dynamical modelling is purely thermal,
and compositional variations could cause plume
pulsations (Lin and van Keken, 2006a,b; Heyn et al.,
2020) and more complicated morphology (Farnetani
and Samuel, 2005; Kumagai et al., 2008).

The shallow disk predicted in our dynamic
forward models can approximately explain dynamic
topography, but with our dynamic forwardmodelling
approach we cannot directly compute the geoid.
Instead, we approximate the plume spreading at
shallow levels by a cylindrical disk, for which we
compute geoid and dynamic topography analytically
with the spherical harmonics approach. With
a viscosity structure that corresponds to global
average (approximately 1020 Pa s viscosity minimum
below the lithosphere) the cylindrical disk required
to match geoid and dynamic topography is deeper
than in the dynamic forward models. However, with
viscosity reduced in parts of the upper mantle, for
example 10 times between 350 and 50 km depth or
100 times between 220 and 100 km depth, we can
get a better fit for a shallower disk, e.g., 8 degrees
radius between 50 and 350 km depth.

This is still a somewhat larger depth extent than
what our dynamic forward models typically yield.
We can only speculate, why there seems to be

such a large “pool” of low-density material below
West Antarctica, causing such a large negative geoid,
whereas this does not appear to be the case for
other plumes or plume candidates. One possible
reason could be that Antarctica has been nearly
stationary for a long time in Earth history. Also, being
located inbetween the two upwellings associated
with the Pacific and African LLSVP there is perhaps
not a very strong upper mantle flow. Furthermore,
there could be an “insulating” effect of the continent.
These reasons could allow the plume material to
accumulate, whereas for other plumes it might
be dragged away by the plate (e.g., for Hawaii)
or pushed away by upper mantle flow (e.g., East
Africa or Iceland). Another difference is that the
predicted source location at the CMB is not above
an LLSVP. Hence it might be that this plume has a
strong thermal buoyancy, whereas for other plumes,
buoyancy is reduced as they entrain chemically
different materials from the LLSVPs.

With respect to the initially posed question of how
fast uplift may occur following melting of ice sheets,
the implications of our results regarding mantle
viscosity are important. A density anomaly of 1%
as we found appropriate for our cylinder models,
when combined with a thermal expansivity of about
2.5 ·10−5/K corresponds to about 400 K temperature
anomaly. However, as discussed above, the anomaly
may be somewhat less if it extends somewhat deeper
than modelled here, and/or if the effect of lateral
viscosity variations on geoid and topography are
considered. Hence 300 K would appear a more
realistic estimate, still on the upper bound of what
is inferred from petrology (Herzberg and Gazel, 2009).
With our lower estimate for rH/R from Figure 5 we
estimated a viscosity reduction by a factor 7. With
the upper limit r = 1 (corresponding to diffusion
creep), rH/R could be around 80,000 K, and we
get a reduction by a factor ~570. Given that 300
K is still on the high end of temperature anomaly
estimates, we can say that our best estimate is
“one or two orders of magnitude” viscosity decrease.
Given that the global average of viscosity just below
the lithosphere is about 1020 Pas or somewhat
higher (Steinberger, 2016), our results are consistent
with a viscosity minimum beneath West Antarctica
somewhere around 1018 − 1019 Pas, but viscosity
increasing with depth. We also find that, for such low
viscosities in the upper part of the upper mantle, we
can get a better fit of geoid and dynamic topography,
even if the density anomaly only extends to depth 350
km, approximately consistent with our geodynamic
forward model results. As this viscosity range is
still rather large and uncertain, we cannot provide
an independent viscosity estimate, but at least lend
support to other recent estimates (Ivins et al., 2022;
van derWal et al., 2022)which are similar or somewhat
higher.
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5 Conclusions

We have discussed here models of mantle structure
beneath West Antarctica constrained by geoid and
residual topography. We find that these can be
best explained if there is underlying low-density
material in the upper mantle, and possibly the
uppermost part of the lower mantle. In order to
explain the sizable geoid low, this anomaly needs
to be quite large, reaching about 2000 km in lateral
extent and several hundred km radially, with a
magnitude of about -1% or somewhat less. With
a radial viscosity structure that is appropriate for
global average, an anomaly that is concentrated
in the uppermost mantle beneath the lithosphere
is insufficient to explain the geoid low, and tends
to yield a comparatively large dynamic topography.
However, if viscosities are reduced by a factor 10-100
in the uppermost mantle, rather shallow density
anomalies that are similar to or extending only
slightly deeper than the spreading stationary plume
head in our time-dependent dynamic models could
be sufficient to explain both geoid and dynamic
topography. The most likely explanation for the low
densities are higher temperatures (perhaps by about
300 K), leading to lower viscosities. Our best estimate
for viscosity just below theWest Antarctic lithosphere
is about 1018 − 1019 Pas.
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