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Abstract

Understanding the relationships between density and spatio-thermal variations at convergent plate boundaries is im-
portant for deciphering the present-day dynamics and evolution of subduction zones. In particular, the interaction
between densification due to mineralogical phase transitions and slab pull forces is subject to ongoing investigations.
We have developed a two-dimensional subduction zone model that is based on thermodynamic equilibrium assem-
blage calculations and includes the effects of melting processes on the density distribution in the lithosphere. Our
model calculates the “metamorphic density” of rocks as a function of pressure, temperature, and chemical composi-
tion in a subduction zone down to 250 km. We have used this model to show how the hydration, dehydration, partial
melting and fractionation processes of rocks all influence the metamorphic density and greatly depend on the temper-
ature field within the subduction system. These processes are largely neglected by other approaches that reproduce the
density distribution within this complex tectonic setting. Our model demonstrates that the initiation of eclogitization
(i.e., when crustal rocks reach higher densities than the ambient mantle) of the slab is not the only significant process
that makes the descending slab denser and generates the slab pull force. Instead, the densification of the lithospheric
mantle of the sinking slab starts earlier than eclogitization and contributes significantly to slab pull in the early stages
of subduction. Accordingly, the complex metamorphic structure of the slab and the mantle wedge has an important
impact on the development of subduction zones.
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1. Introduction

Subduction zones, regions where two tectonic plates converge and the denser plate sinks beneath the other, are
distributed worldwide and, along with seafloor spreading, represent the core process of plate tectonics (e.g., Isacks
et al., 1968; Le Pichon, 1968; Morgan, 1968). These regions are characterized by strong earthquakes and volcanic
eruptions, which significantly affect human life and destroy habitats. Therefore, it is crucial to further understand
this geological process. However, the limited observations at depth and differing timescales complicate investigations.
Numerical simulations in combination with observed geological and measured geophysical data can make up for the
lack of observations (Gerya, 2011, and references therein). Many discussions concern the mechanisms that drive this
complex tectonic system and the influence of volatiles, phase transitions, melt generation and the chemical composition
of the descending and overriding slabs (Billen, 2008; Grove et al., 2012; Quinteros and Sobolev, 2012; Stern, 2002).
It is assumed that in the majority of cases the primary force driving plate movement is the excess density of the
descending slab’s lithosphere (Davies, 1999; Forsyth and Uyeda, 1975; Vlaar and Wortel, 1976) due to the cooling
of the plate surface as the oceanic plate moves away from the spreading ridge (Oxburgh and Parmentier, 1977).
Consequently, the density distribution in the lithospheric slab and the change of density due to the change of pressure
and temperature (P-T ) conditions in subduction zones play a significant role in understanding plate dynamics. The
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Table 1: A summary of model parameters.
parameter value
slab dip (◦) 35
slab age (Ma) 41
subduction velocity (cm/a) 7.7
basal temperature of lithosphere (◦C ) 1450
depth of the base of the model (km) 670
total model length (km) 1000
total time of evolution (Ma) 11

MORB layer thickness (km) 7.0
bulk rock composition after Hofmann, 1988

Serpentinite layer thickness (km) 2.0
bulk rock composition after Li et al., 2004

Harzburgite layer thickness (km) 21.0
bulk rock composition after Ganguly et al., 2009

Lherzolite layer thickness (km) 65.0
bulk rock composition after Brown and Mussett, 1993

density behavior of subducting and overriding plates have been studied using several approaches, such as the following:
a) gravimetrical measurements (e.g., Prezzi et al., 2009; Tašárová, 2007); b) seismics/tomography (e.g., Kárason and
Van der Hilst, 2002; Zhao, 2001); c) petrologic investigations (e.g., Connolly and Kerrick, 2002; Hacker et al., 2003;
Sobolev and Babeyko, 1994; Ringwood and Green, 1966); and d) numerical simulations (e.g., Doin and Henry, 2001;
Gerya et al., 2004; Sobolev et al., 2006; van Keken et al., 2008).

In this study, our focus is on the density evolution of subducting slabs. McKenzie (1969) first noticed the impor-
tance of mineralogical changes on the negative buoyancy force of a sinking slab during subduction, demonstrating
the effect of metamorphic densification at the transformation of oceanic crust (basalt and gabbro) to eclogite. This
so-called “metamorphic density” is a function of temperature, pressure and chemical composition and has a large
influence on lithospheric dynamics (e.g., Duesterhoeft et al., 2012; Goffé et al., 2003; Henry et al., 1997). Modeling
the density structure of the lithosphere solely by fixed physical parameters (thermal expansivity and bulk modulus)
based on the fixed chemical composition of each layer is not adequate because the mineral reactions within each layer
significantly influence the rock density (e.g., Afonso et al., 2005; Bousquet et al., 1997, 2005; Duesterhoeft et al.,
2012; Le Pichon et al., 1997). Most thermodynamic studies of subduction zones focus on the density structure of
the upper part of the mantle (≈ 200-660 km depth). Below 200 km, the basaltic layer of a descending slab is always
heavier than the lower harzburgitic layer (Ganguly et al., 2009). Bina et al. (2001) showed how phase changes in the
transition zone at depths of 410-660 km are perturbed by the thermal environment and result in density anomalies that
may affect the subduction rate. Similarly, the subduction rate influences the thermal structure and thus the density
structure of a subduction zone because it depends on the convergence rate of the descending and overriding plates.
Here, we study the upper 250 km of the lithosphere of a young (41 Ma), shallow (35 ◦), fast (77 km/Ma) and thus cold
subduction zone (yielding a slab thermal parameter Φ = slab age * vertical descent rate = 1800 km). By analyzing
the density and metamorphic structure of such a subduction zone, we may gain knowledge about the major, and thus
driving, metamorphic processes in the upper 250 km of the subduction zone. These processes are the breakdown of
hydrous minerals and the release of fluids or the generation of partial melts. Moreover, investigating the metamor-
phic density structure in a 2D thermodynamic approach may provide new insights into the initiation of subduction
and the exhumation process of low-temperature, high-pressure metamorphic rocks (e.g., blueschist and eclogite) that
characterizes paleosubduction zones (e.g., Giunchi and Ricard, 1999; Guillot et al., 2009; Pourteau et al., 2010).

2. Methods

The modeling of subduction is performed by means of two different and independent approaches. In the first, a
simple 2D model with a kinematically prescribed slab and a constant subduction rate (Table 1) is used. The advantage
of a simple model is the limited parameter space, which allows the investigation of the “metamorphic density” in a
systematic manner (Gerya, 2011). Therefore, we calculate the thermal structure down to a depth of 670 km (with a
vertical resolution of 1000 m) to generate a steady state subduction zone. In the second approach, we use a thermo-
mechanical model in which the subduction rate is prescribed, but the evolution of the slab is self-consistent. This
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means that only the subducting velocity is imposed, but the variations in the subduction angle, bending, unbending
and other related processes are coherent with the state of the system as a whole. In the calculation of the metamorphic
density structure of subduction zones, the study focuses only on the upper part (0-250 km depth) because it is the part
in which most mineralogical changes take place. Furthermore, it is the region of greatest seismic activity.

2.1. Temperature-pressure setting

We use the kinematic finite-difference heat transfer algorithm TEMSPOL (Negredo et al., 2004), an open MATLAB R©

code, to calculate temperature distributions in subduction zones. The thermo-kinematic model is calculated by solving
the 2D heat equation, including adiabatic heating, radioactive heat generation, latent heat and frictional heating (the last
two are not taken into account in our calculations). Here, the surface temperature is taken as 0 ◦C and the temperature
at the base of the lithosphere is 1450 ◦C (Jaupart and Mareschal, 2011; Stein and Stein, 1992). We modified the code
to model the thermal structure of more than two layers (the oceanic crust and the mantle). The modification subdivides
the 95-km-thick oceanic slab, from top to bottom, into a MORB layer (7 km thick), a serpentinite layer (2 km thick),
a dry harzburgite layer (21 km thick) and a dry lherzolite layer (65 km thick). These subdivisions are implemented to
evaluate the different effects of the chemical bulk composition of each layer on the slab’s mineralogical changes (Gan-
guly et al., 2009; Ringwood and Irifune, 1988). Calculating the metamorphic density also requires the corresponding
pressure of each temperature in our model, which is computed lithostatically from the thermo-kinematic model. We
know that this is a valid first-order approximation, and we keep in mind that there could be certain additional tectonic
over- and underpressure effects (Babeyko and Sobolev, 2008; Li et al., 2010; Petrini and Podladchikov, 2000). We
checked the influence of these effects on our results by using full dynamic pressure from a thermo-mechanical model
(see supplementary material).

A second set of pressure and temperature distributions was calculated by means of a thermo-mechanical model (see
supplementary material). We use an enhanced 2D version of SLIM-3D, a code (Popov and Sobolev, 2008; Quinteros
and Sobolev, 2013) suitable for simulating the evolution of a subducting slab in a self-consistent manner (gravity
driven) in a vertical cross-section through the upper mantle. The model has a true free surface, includes elastic
deformation and utilizes nonlinear temperature- and stress-dependent visco-elasto-plastic rheology. The domain is
1400 km wide and 670 km deep. On the left side, the overriding plate is moved eastwards throughout the whole
simulation with a velocity of 3 cm/a, while the subducting plate is pushed at 4.7 cm/a (resulting in a total subduction
velocity of 7.7 cm/a). On the left side of the model, a lithostatic pressure boundary condition is applied under the
overriding plate. This leaves the major part of the side open, allowing the material to enter and exit the model in a
realistic way. A subduction channel is considered to be a well-lubricated interface with weak ductile rheology and a
low friction coefficient, which favors the development of realistic one-sided subduction (Gerya et al., 2008; Sobolev
and Babeyko, 2005).

2.2. Thermodynamic modeling

The metamorphic density is determined by accounting for the mineralogical changes that occur with changes in
temperature and/or pressure. Therefore, we apply the Theriak/Domino software (version 01.08.2009; de Capitani
and Petrakakis, 2010) to calculate the metamorphic density using the principle of minimized (“apparent”) Gibbs free
energy, ∆aG (de Capitani and Brown, 1987). We use an updated thermodynamic database from Berman (1988), called
JUN92.bs (de Capitani and Petrakakis, 2010), for crustal rocks and the updated thermodynamic database from Holland
and Powell (1998), called tcdb55 (de Capitani and Petrakakis, 2010), for the harzburgite and lherzolite layers. Because
each database has its own strengths and weaknesses, the use of two different databases is necessary to obtain better
accuracy in the modeling. The tcdb55 database offers an approach to modeling the effects of melt production and
hydrated HP phases in ultramafic rocks but is based on an invalid Landau free energy term, ∆GLand, published by
Holland and Powell (1998). This term significantly affects the volume calculation (and thus the density calculation) of
certain mineral phases, e.g., alpha-quartz and feldspar (e.g., Duesterhoeft, 2013), leading to a false standard volume.
For example, the alpha-quartz volume under room conditions clearly appears to be too high (V0=22.8945 cm3/mol)
compared with experiments (V0 =22.69 cm3/mol; Raz et al., 2002; Robie and Hemingway, 1995). Generally, we
assume that the JUN92.bs represents the rock density better on a lithospheric scale. However, we use the tcdb55-
database to model the harzburgitic (composition after Ganguly et al., 2009) and lherzolitic layers (composition after
Brown and Mussett, 1993), because JUN92.bs lacks thermodynamic melt models.

Unfortunately, the melt model of the tcdb55 database is adjusted to an andesitic melt. The melt model fails for
our ultramafic bulk rock compositions, resulting in unrealistic melt generation below 600 ◦C. Therefore, we have to
modify the thermodynamic data for the water component “LIQtc h2O” in the tcdb55 database (“h2oL” in Holland
and Powell, 1998). We fit the volume of dissolved H2O in silicate liquids to the predictions of Ghiorso et al. (2002)
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Figure 1: Density isoline plot calculated for a fully hydrated lherzolitic composition from Brown and Mussett (1993) using Domino software
(de Capitani and Petrakakis, 2010) and an improved H2O-melt component (see 2.2). Note the density increase at the reactions (white lines), in
which antigorite and chlorite break down. Mineral abbreviations: Atg - antigorite, Br - brucite, Chl - chlorite, Cpx - clinopyroxene, Grt - garnet,
melt - partial melt, Ol - olivine, Opx - orthopyroxene, Parg - pargasite, phA - phase A, Phl - Na-phlogopite.

and calculate the enthalpy and entropy for the reaction “Forsterite + H2O = Liquid” of Ellis and Wyllie (1979). In
addition, we have to update the Margules parameter (see supplementary material). Subsequently, the values fit the
phase relations among the other melt components, and the new H2O component features the same position in a binary
diagram as before (using the tcdb55 database). The new “LIQtc h2o” melt species results in more realistic densities
and melt stability fields (Fig. 1). However, the fayalite melt species is problematic for pressures above 4 GPa, bending
the solidus line of a water-saturated ultramafic rock to lower temperatures than those observed in experiments (see Fig.
5 in Grove et al., 2012). This difference is because experiments on fayalite melting are absent. Nonetheless, using the
newly modified “LIQtc h2o” data more closely reproduces experimental data for a water-saturated lherzolite.

2.3. Water transfer and metamorphic density

In subduction zones, three major slab lithologies allow the transport of water to a greater mantle depth: a) hydrated
sediments, b) basaltic oceanic crust and c) serpentinized mantle. Rüpke et al. (2002) compared the three lithologies
and inferred that a serpentinized mantle is the best medium to carry chemically bound water because it can store sig-
nificant amounts of water in the form of hydrous mineral phases (i.e., minerals that contain hydrogen in their chemical
structure; mostly hydroxyl (OH-) groups or crystal water). Serpentinized mantle is stable to a much greater depth
than the hydrous minerals of oceanic crust or sediments (Ulmer and Trommsdorff, 1995). Additionally, Hacker (2008)
argued that the flux of H2O to great depth in cold slabs is dominated by the basaltic oceanic crust and serpentinized
mantle and is proportional to the bulk rock H2O content. Stern (2002) suggested that the oceanic crust is composed of
a small amount of serpentinite, which is important for the transport and release of water during subduction (Lee and
Chen, 2007). Therefore, we subdivide the oceanic crust into a water-saturated 7-km-thick MORB layer (composition
after Hofmann, 1988) and a water-saturated 2-km-thick serpentinite layer (composition after Li et al., 2004; Bucher
and Grapes, 2011) at its base. We neglect the effect of sediments for the following reasons: 1) sediments do not trans-
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port a large amount of water to a greater depth (> 50 km; Rüpke et al., 2002); 2) a model resolution of 1 km would
cover the thickness of a sediment layer; 3) applying thermodynamic databases to sedimentary bulk rock compositions
is insufficient (e.g., they ignore pore space and biotic material); and 4) the chemical bulk compositions of sediments
vary widely (e.g., supplemental material of Poli and Schmidt, 2002).

In our model, each cell has a value for temperature, pressure, chemical bulk composition and the applied thermo-
dynamic database. To model the chemical water transfer and metamorphic density, we use THERIAK D, an add-on
for the Theriak/Domino software (Duesterhoeft and de Capitani, 2013). THERIAK D transferred the input parameters
(temperature, pressure, chemical composition of the rock and thermodynamic database) from MATLAB R© to Theriak
to first calculate the number of moles of released free water and the solid bulk rock density (i.e., without the density
of the free fluid). Thus, the amount of free water and metamorphic solid bulk rock density are computed “in situ”
(i.e., not using pre-computed look-up tables) in our model. In MATLAB R©, the released amount of free hydrogen is
added to the chemical bulk rock composition of the cell above. In this way, we generate a vertical water transfer (e.g.,
Arcay et al., 2005; Hebert et al., 2009b; Wada et al., 2012). The absorption or release of fluids depends only on ther-
modynamically predicted stable mineral assemblages. If a hydrous mineral phase becomes stable in an equilibrium
mineral assemblage, it will absorb available free water (i.e., hydrogen is incorporated into the crystal structure) as long
as the assemblage is not saturated in water (i.e., each possible hydrous mineral phase is already stable). In contrast, if
a hydrous mineral phase participates in a dehydration reaction and no longer stable, the excess water will be released
(i.e., excess hydrogen is passed upward to the next cell). As a consequence, the excess unabsorbed and released water
migrates progressively upwards cell-by-cell until being absorbed by a newly formed hydrous mineral phase (Peacock,
1987) or until it reaches the earth surface (upper model boundary). We assume that metamorphic hydration and de-
hydration reactions are geologically short-lived processes, so we neglect their kinetics. In this context, John et al.
(2012) suggest that fluid migration rates are extremely high and that slab dehydration results in short-lived, pulsed,
channelized fluid-flow events along fracture systems (with a duration of only ∼200 years). The assumption of rapid
metamorphic hydration/dehydration processes is consistent with the one of John et al. (2012). Of course, this approach
may not be realistic, but estimating the real reaction rates as a function of largely unknown dimensions, timescales and
reaction kinetics is highly challenging (Arcay et al., 2005; Peacock, 1996).

3. Results

Our model calculates the metamorphic density, based on thermodynamic modeling, in relation to the corresponding
pressure and temperature conditions in a subduction zone. In a second step, the migration of free water is computed
based on fixed steady state P-T field and equilibrium calculations. When melting occurs, we consider only the solid
rock density. To model the chemical composition of the solid rocks, and hence the density, we used two different
approaches: a) without and b) with melt segregation, i.e., the produced partial melt is separated and removed from the
residual lithospheric bulk rock composition. As a result, the solid rock density predictions differ and are discussed
below. In the second approach, partial melt is always removed completely from the system after formation and, thus,
does not interact with the surrounding lithospheric mantle.

3.1. Steady-state density calculations

Our first calculation is based on the pressure and temperature results from TEMPSOL and represents the thermal
steady state after 11 Ma (Fig. 2). The calculated metamorphic densities denote the densities of equilibrated mineral
assemblages. The water release should be viewed as the first release of water at the current time because the mantle
wedge is assumed to be dry initially. This assumption aims to simplify the representation of the initiation of mantle
wedge hydration. At an approximate depth of 60 km, a significant density change in the dry lithospheric mantle is
caused by the well-known transition of spinel to garnet. Gradual density changes in the lithospheric mantle are caused
by the changes of thermal expansion and the compressibility of the minerals, and these changes are influenced by
temperature, pressure and the molar ratios among olivine, pyroxene and garnet. The MORB layer of the descending
slab exhibits more and greater density changes due to phase transitions. Up to 4 GPa, only minor density changes
occur in the oceanic crust. In the modeled cold slab, the titanium silicate sphene breaks down at approximately
100 km (or 3 GPa) and is replaced by the high-pressure phase rutile via a divariant reaction, accompanied by modal
increase in clinopyroxene at the expense of less-dense glaucophane and chlorite. This results in a density change of
20 kg/m3 (from 3240 kg/m3 to 3260 kg/m3). The next minor density increase (20 kg/m3) is caused by the breakdown
of the sodium amphibole glaucophane at approximately 3.4 GPa in our model. The first significant density change
(100 kg/m3) occurs with the breakdown of chlorite between 4 and 5 GPa (Schmidt and Poli, 1998), followed by
another important change (>100 kg/m3) due to the occurrence of garnet (3600 kg/m3) during eclogitization. All these
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Figure 2: A 2D steady-state metamorphic density model of a subduction zone. Eclogitization starts where garnet (3600 kg/m3) becomes stable
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Dashed black line - base of the lithosphere. Dashed white lines - stability limits of certain phases (white boxes). Abbreviations: chl - chlorite, glc -
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breakdown reactions are mainly temperature sensitive and variations in the P-T field result in different phase transition
depths.

In cold subduction zones, the temperature is low at the slab-mantle wedge interface of the downgoing slab. There-
fore, super-hydrous mineral phases (serpentines) are stable in the mantle wedge. These minerals act like a sponge
during their formation, absorbing all the water in a hitherto dry mantle wedge (e.g., Guillot et al., 2009) and might
form a low-viscosity channel (e.g., Gerya et al., 2002; Hebert et al., 2009a). Above 6 GPa and 500 ◦C, the dry mantle
wedge is no longer able to store a large amount of water. As a result, free fluids (calculated as water) can migrate
upward (Fig. 2). Due to the migration, water acts as a catalyst for phase transitions and melt production (e.g., Wayte
et al., 1989). Hence, the lherzolitic mantle partially melts at approximately 1000 ◦C. This first wet melt has an ultra-
mafic composition and comprises the chemical elements magnesium, iron, silicon and hydrogen with a (Mg+Fe)/Si
molar ratio of 2.0. Kawamoto and Holloway (1997) showed that an ultramafic melt is not uncommon in the case of a
fully hydrated mantle at high pressure. Their experimental partial melts uniformly became more mafic with increasing
pressure from an andesitic composition at 1 GPa to more mafic than the starting peridotite at 10 GPa. They showed
that partial melting of H2O-saturated peridotites at pressures greater than 5 GPa produced ultramafic melts with a
(Mg+Fe)/Si molar ratio of 1 (pyroxene) at 5 GPa and 2 (olivine) at 10 GPa. Consequently, the residual lherzolitic
mantle loses these elements (Mg and Fe) and becomes lighter because the residual is depleted in the heavy element
iron. In our model, the mantle stops melting when all free water, which was released by the slab, is absorbed by the
partial melt (Fig. 2). Note that the density of the residual mantle strongly depends on the thermodynamic database.
As mentioned above (see 2.2), the thermodynamic fayalite component of the melt, which is responsible for the iron
content of the melt, may overestimate the absorption of iron into the melt above 4 GPa. Therefore, the residual mantle
could be too light, based on insufficient experimental data to extract good thermodynamic data for high-pressure rocks.
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3.2. The effect of melt segregation

To model the effect of melt segregation (Fig. 3), the composition of the partial melt is subtracted from the previous
mantle bulk composition in a column and is normalized again during density calculation. Thus, the effect of mantle
depletion is carried along each column from bottom to top, whereby the residual composition of a cell becomes the
starting composition for the next cell. The upward transfer of the last fractionated residual composition, even if melt
is no longer produced, displays mantle fractionation through time (see Fig. 4). In Fig. 3, the density distribution in the
descending slab remains the same as in the scenario without melt segregation, whereas the density in the mantle wedge
is different from the previous scenario. Due to melt segregation, the composition of the residual mantle changes from
lherzolitic to harzburgitic. Consequently, the molar ratios of minerals and therefore the position of phase transitions
in P-T space changes. As a result, less hydrogen can be stored in the melt (which is removed from the system in
our calculation) and a free water fluid can migrate farther upward, similar to the previous calculation (see Fig. 2).
Free water is absorbed only after the stabilization of hydrous mineral phases in the residual harzburgitic mantle below
800 ◦C (Fig. 3). A hydrated lithospheric mantle is significantly less dense than a dry mantle (up to 500 kg/m3). Figure
3 shows that the residual mantle is also less dense (> 100 kg/m3) than the original dry lherzolitic mantle. Simon and
Podladchikov (2008) showed that such a density reduction is caused by the decrease of Al2O3. However, the fayalite
melt component in the thermodynamic database (as discussed before) may underestimate the density of 3200 kg/m3

of the fractionated mantle wedge (Fig. 3).
Within the mantle wedge, the composition of the extracted partial melt, an ultramafic wet melt, changes with

increasing temperature. The partial melt becomes enriched in aluminum (Fig. 3) with the breakdown of garnet to
orthopyroxene (Fig. 1). Consequently, the partial melt can absorb other incompatible elements, such as calcium and
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Figure 4: Density variation in a subduction zone. a) Metamorphic density in the early stage of subduction after 1.13 Ma. Note that eclogitization
starts just at the tip of the slab (red color = high density, 3600 kg/m3), whereas the lithosphere of the descending slab (shaded area “>3350 kg/m3”)
is already denser than the surrounding mantle. b) After 2.26 Ma, the eclogitization of the mafic layer becomes significant (red part; 3600 kg/m3),
but the dense lithospheric portion also increases in size (shaded area). Dashed black line - base of the lithosphere.

sodium. Such a partial melt may contain a large amount of aluminum (ca. 20 mol %, see Fig. 3). Over time, the melt
should become enriched in mantle-incompatible elements due to ongoing water release and fractionation. Thus, the
partial melt will ultimately correspond to an approximately basaltic composition.

3.3. Impact of density changes on pressure

Assuming a constant molar mass of the rock, the metamorphic density change is reciprocal to the volume change
(e.g., Hetényi et al., 2011). These changes in the subducted slab will result in the generation of over- or underpressure
conditions, depending on volume expansion or compression, because metamorphic reactions are either endothermic
or exothermic. The Clapeyron law describes the temperature dependence of phase transitions:

dP/dT = ∆H/(T∆V) (1)

where ∆H and ∆V are enthalpy and the volume difference of the phase transformation, respectively, and T is the
equilibrium temperature. As a result, endothermic reactions (∆H < 0) have a negative dP/dT slope with depth. The
resulting positive ∆V generates overpressure conditions in the surrounding area due to the expansion of the rocks.
In contrast, exothermic reactions with negative ∆V (compression) result in a zone of underpressure relative to the
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ambient pressure. Zones of over- and underpressure may both trigger earthquakes if the contrast to the ambient
pressure is significant (e.g., Audet et al., 2009; Green and Houston, 1995; Kato et al., 2010). Therefore, we calculate
the resulting pressure difference, ∆P, by applying the ratio P2/P1=V2/V1:

∆P =
P1

V1
(V1 + ∆V) − P1 (2)

where P1 is the ambient pressure and V1 is the initial volume of the rock (volume from enthalpy). In the upper 250
km of the lithosphere beneath a subduction zone, there are two significant reactions with regard to density increases
(i.e., volume reductions) in the crustal layer of the descending slab and in the mantle wedge beneath the overriding
plate (Fig. 3).

In the crustal layer of the descending slab, a large amount of free fluid (calculated as water) is released at 3.5 GPa
because most of the hydrous mineral phases (mainly chlorite and glaucophane) lose their thermodynamic stability
(Fig. 3a). The release of free water results in an increase in the density of the slab lithology and thus may cause a peak
underpressure in the surrounding mantle of approximately 80 MPa (Fig. 3b). The deeper reaction in the crustal layer
is well known as eclogitization, where the oceanic crust of the descending slab becomes denser than the surrounding
mantle due to the formation of a dense garnet-omphacite assemblage at temperatures above 400 ◦C (Fig. 3a). This
reaction can cause a peak underpressure of approximately 90 MPa (corresponding to a rock column of ca. 3 km) and
may simultaneously lead to an increase in slab pull and stretching of the slab due to the density increase of the slab
(Fig. 3b). Thus, eclogitization plays a major role in the slab pull force only at a later subduction stage, assuming that
our calculated P-T field approximately represents a realistic steady state (see 3.4).

Well-known dehydration reactions (chlorite-out; amphibole-out; garnet-in) affect the lithospheric mantle above
the slab-wedge interface. Due to fluid migration (calculated as water), water will be supplied to the mantle wedge
at a depth lower than 70 km (Fig. 3a), as was observed by Bostock et al. (2002). Below 800 ◦C, the density of the
mantle wedge is significantly influenced by the newfound stability of hydrated phases, such as pargasitic amphibole
and chlorite, which require free water to form (Grove et al., 2012). This reaction results in a volume expansion,
causing an overpressure of up to 10 MPa (Fig. 3b). Formation of serpentine minerals (e.g., antigorite) at temperatures
lower than 650 ◦C strongly decreases the density of the hydrated mantle wedge (Fig. 3a) because serpentine stores
more H2O (up to 13%) than denser amphibole or chlorite. Consequently, the volume increase (associated with the
serpentine formation) leads to expansion, resulting in an overpressure of up to 50 MPa in the surrounding mantle (Fig.
3b). In summary, reactions accompanied by hydration or dehydration lead to large changes of volume and hence over-
or underpressure induced by mineral reactions (up to 100 MPa). Conversely, local over- or underpressure could locally
change the position of phase transitions in P-T space, although over- or underpressures lower than approximately 100
MPa will not have a significant impact on the position of phase transitions (because these would fall within the range
of uncertainty of the thermodynamic data, see e.g., Bucher and Grapes, 2011).

3.4. Eclogitization at the early stages of subduction

The formation of high-density eclogite in a MORB-type slab is possible only if the rock reaches the garnet phase
stability field. This process is primarily temperature driven. As a rule of thumb, a temperature of 400 (slab depth
> 100 km) to 500 ◦C (a depth between 50 and 100 km) must be achieved to ensure the stability of garnet. The time
needed to achieve HT conditions depends on the specific subduction conditions, subduction velocity and dip angle. In
our model (subduction velocity: 7.7 cm/a), this time is achieved after 1.13 Ma. At this stage, eclogitization occurs at
an approximate depth of 60 km (1.8 GPa) and affects only a small part of the tip of the slab (Fig. 4a). Initially, this
part is too small to have a significant influence on slab pull. At this time step, the buoyancy force of the crustal part is
positive (Fig. 5a). Thus, the slab has to descend to a greater depth. In the proceeding subduction, the eclogitization
depth becomes deeper and is now localized at 90-120 km (Fig. 4b). At approximately 120 km (after 2.26 Ma),
the area of eclogitization is large enough to generate a contribution to the slab pull forces (Fig. 5b). After 11 Ma,
our subduction model reaches a thermal steady state, which implies that the eclogitization depth (ca. 180-200 km)
no longer changes (Figs. 2 and 3). In comparison, a lithospheric density increase (> 3350 kg/m3, i.e., higher than
the average density of ambient mantle) is always present, even before 1.13 Ma, due to the pressure increase and
temperature decrease caused by the burial of the descending slab (Fig. 4). Note that in TEMSPOL slabs remain colder
than the thermo-mechanical model (see supplementary material) due to differences in the treatment of induced-flow
effects and rheology (see also Bina and Kawakatsu, 2010). Consequently, the thermal steady-state eclogitization depth
is located at a shallower depth in the thermo-mechanical model (ca. 150-170 km). The early stages of subduction (the
first 3 Ma) are not affected, with the result that both models, the thermo-kinematic model and the thermo-mechanical
model, predict similar eclogitization depths and buoyancy forces (see supplementary material).
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Figure 5: Buoyancies per volume unit (g∆ρ) relative to ambient mantle. The buoyancy forces correspond to Fig. 4. Positive buoyancies float;
negative buoyancies sink. a) Buoyancy during the early stage of subduction after 1.13 Ma. Note that the total buoyancy of the entire slab is negative
(red area), while the crust by itself is buoyant (black area). b) After 2.26 Ma, the eclogitization of the oceanic crust becomes significant, but the
dense lithospheric part (blue shaded area = “ρ > 3350 kg/m3”) has a higher contribution to the total negative buoyancy of the entire slab.

4. Discussion

Our model is a first-order attempt to assess the metamorphic density changes during the early stages of subduction.
We first model the metamorphic density under steady state and equilibrium conditions, ignoring visco-elasto-plastic
behavior and assuming simple kinematic movement of the slab. The thermo-mechanical model results in similar
outcomes (supplementary material), demonstrating that the results are not affected by the numerical modeling method.
Additionally, the early stages of subduction are not affected by the approach of unplugged metamorphic density and
flow because the flow is minor at this stage. Our results are based on thermodynamic ”in situ” calculations of the
metamorphic density, amount of water and partial melt (see 2). This approach differs from other density models
predicted by gravity (e.g., Köther et al., 2012; Tassara and Echaurren, 2012) or pre-computed look-up tables (e.g.,
Afonso and Zlotnik, 2011; Bousquet et al., 1997; Doin and Henry, 2001; Duretz et al., 2012). It allows more realistic
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calculation of phase transitions in P-T -t space and inclusion of fractionation processes. Partial melting, fractionation
and mantle hydration strongly influence the density pattern of the mantle wedge. The resulting density decrease
(accompanied by volume increase) may cause expansion stress of up to 50 MPa (Fig. 3b). Compared with a typical
ridge push stress on the order of 20-30 MPa (assuming a lithosphere thickness of 100 km) (e.g., Forsyth and Uyeda,
1975; Schellart, 2004), this metamorphic stress is even greater. Consequently, mantle hydration results in significant
forces due to expansion in the volume of the hydrated rocks in the mantle wedge and thus may affect the tectonic
setting. We suggest a possible influence on subduction-related divergent stress regimes, such as cracking of/in the
overriding plate allowing volcanism, a roll-back mechanism or the formation of a back-arc basin. However, assuming
pure vertical fluid migration is an oversimplification and needs to be addressed (see, e.g., Wada et al., 2012). Other
studies suggest that the fluid migration is driven by Darcy’s law (e.g., Faccenda et al., 2012; Hebert et al., 2009b), by
the fluid pressure gradient through a medium with dynamic permeability (Angiboust et al., 2012) or the effect of a
slab-inward fluid migration due to the unbending of the slab (Faccenda et al., 2012). The thickness of the serpentinite
layer mainly controls the amount of free fluids. The presence of a thicker serpentinite layer (e.g., 10 km) would imply
a more positively buoyant slab, as well as an increase in the amount of released water. Under this assumption, we
expect to observe a longer-lasting water migration process, with a greater quantity of water-saturated mantle material
in the mantle wedge. This is mainly due to the greater amount of free water in the system that is absorbed by the dry
mantle material. Hence, the presence of more water would reduce the density in the newly hydrated mantle wedge.

The contribution of the eclogitization of the subducted crust to the slab pull force is not crucial during the early
stage of subduction (Fig. 5). We show that the increase of density of the subducted, lithospheric mantle provides a
higher contribution to slab pull than the eclogitization of crustal rocks. In addition, the densification of the lithospheric
mantle is a process that begins earlier than the eclogitization of the MORB layer, which becomes significant at a depth
of 60-120 km (Fig. 4). Thus, the corresponding lithospheric mantle acts as additional ballast below the slab shortly
after the initiation of subduction. Comparing the initiations of these two processes is a novel result, and it improves
our understanding of the interaction of forces during the early stage of subduction. Such a comparison is only possible
if the mineralogical phase transitions in terms of changing P-T conditions are taken into account, as presented in this
study. As a matter of fact, the chemical composition of the slab is complex and variations could affect the locations
(and thus timing) of phase transitions. We investigated the effect of different bulk compositions of the oceanic crust
on the location (in P-T space) of the Garnet-in reaction (Fig. 6). Below 3 GPa, the Garnet-in reaction is almost
independent of the bulk composition. Above 3 GPa, the Garnet-in reaction can vary up to 50 ◦C at the same pressure
between an altered oceanic crust (AOC) super-composite of Kelley et al. (2003) and the average basalt composition
of Hofmann (1988). In contrast, the difference between the AOC super-composite of Bach et al. (2003) and the
Hofmann (1988) composition is minor (< 10 ◦C). In addition, Ca-rich or Fe-rich fluid flows could also influence the
bulk composition of the oceanic crust but are too local to be the subject of our work. Consequently, differences in the
bulk chemical composition of the oceanic crust do not have a significant influence on the outcome of this study.

Changing the model settings in terms of subduction velocity, dip angle and slab age renders our model applicable
to different subduction zones. In this context, these parameters will affect the P-T field; thus, the eclogitization stage
may occur at shallower or greater depths than in our scenario of a young, shallow, fast subduction zone. For example,
in a “Lesser Antilles Scenario” (old, steep, slow, Φ = 1377 km), eclogitization takes place at a depth of 50 km (instead
of 60 km) and becomes significant at approximately 100 km (instead of 120 km). However, mantle densification of the
sinking slab also increases significantly at approximately 50 km and contributes more to the slab pull in this different
setting. The principle effects remain the same. If the major part of the oceanic crust is eclogitized, the oceanic crust
remains denser than the mantle, even near the core mantle boundary (Ricard et al., 2005).

Although the reliability of the thermodynamic databases may be problematic in regard to the implementation of
melts or solid solutions, their application demonstrates the importance of interactions between the rock composition
and the molar ratios of minerals, phase transitions and density. The improvement of a reliable melt model is a challenge
to future studies and requires more experiments. We improved the water component of a melt solid solution of Holland
and Powell (1998) but still encountered problems with the fayalite component. Without experiments at elevated
temperatures and pressures, the adjustment of thermodynamic data is speculative. The use of different databases may
result in different mineral assemblages and densities due to different methods (e.g., volume equation of state) and
different modes of phases and solid solutions. When calculating metamorphic densities, it is crucial to cross-check
predicted densities, volumes and mineral assemblages with experimental data and field petrology.

Our model could be more realistic in future studies, if refined. For example, it is obvious that the residual unhy-
drated part of the mantle wedge in our model should also be hydrated because the dehydration of the slab has also been
present during the previous time steps (see Fig. 4). It will be a future task to compute fluid transfer and corresponding
compositional changes in time.
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Figure 6: Phase diagram (solid black lines) and density isolines (solid white lines) for averaged oceanic crust (Hofmann, 1988) at high pressure.
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5. Conclusions

We have presented herein a study of the influence that mineralogy has on density in subduction zones. To do
this, a novel approach was developed, in which we coupled state-of-the-art thermodynamic models with thermo-
kinematic/mechanical models. We were able to calculate the compositions of melts and residues and the effects of
phase transitions, slab dehydration and partial melting on the solid-rock densities of the slab and mantle wedge. The
resulting density changes may cause maximum overpressure that is twice as large as a typical ridge push stress in the
mantle wedge, which may initiate subduction-related divergent tectonics. Compared to the use of physical densities
(which ignore phase transitions), our approach using metamorphic densities is a step forward in understanding subduc-
tion and related processes and makes a contribution to the improvement of other subduction models, both gravitational
and numerical in nature.

Our results reveal that the mantle densification of the sinking slab provides a higher contribution to slab pull during
the early stages of subduction than the eclogitization of the oceanic crust, which becomes more important during later
time steps (here, after 2 Ma). We show that in the proposed setup, after 1 Ma, the entire slab is not buoyant, whereas the
crust by itself is buoyant at all depths and provides no contribution to the slab pull. After 2 Ma, the crust is still buoyant
and only a small portion of the tip contributes to the slab pull. Consequently, the lithospheric mantle densification
occurs earlier than the eclogitization of the oceanic crust and thus dominates the early stages of subduction. Although
the presented approach has some limitations, its application shows that the evolution of subduction zones can only be
assessed reliably if metamorphic processes are taken into account. Indeed, “in situ” density calculations as performed
here enhance our understanding of the timing and extent of the influence of metamorphic processes on the dynamics
of subduction zones.
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Appendix A. Supplementary material

Appendix A.1. Thermodynamic melt model

As explained in the main article, the melt model of the tcdb55-database was modified. We updated the thermo-
dynamic data for the water component “LIQtc h2O” of the tcdb55 database (“h2oL” in Holland and Powell, 1998)
and the corresponding Margules parameter. The updated data are presented in Table A.1. The new “LIQtc h2o” melt
species results in more realistic densities and melt stability fields. Copy and replace the values in the original tcdb55
database to apply the modified melt model.

Table A.1: Modified thermodynamic data of H2O.liq phase in the tcdb55 database of the Theriak/Domino software (de Capitani and Petrakakis,
2010)

.

***** GAS DATA *****
H2O.liq O(1)H(2) h2oL 1nh
ST 0.0 -107000.00 237.4385 1.3620
C3 -20.0 0.0 0.0 10.0 0.0
VHP 0.001189 60.0 0.0 0.0 0.0
VH2 10.0 4.0 -0.00043

***** MARGULES PARAMETER *****
Silica8.liq - H2O.liq
12 -29000.0 0.0 0.0
!
albite.liq - H2O.liq
12 -108000.0 0.0 -0.20
!
K-feldspar.liq - H2O.liq
12 -81000.0 0.0 -0.45
!
anorthite.liq - H2O.liq
12 -68000.0 0.0 -0.85
!
sillimanite8.liq - H2O.liq
12 -25000.0 0.0 0.0
!
forsterite8.liq - H2O.liq
12 -41000.0 0.0 0.0
!
fayalite8.liq - H2O.liq
12 -64000.0 0.0 0.0

Appendix A.2. Thermo-mechanical model

An improved version of the code SLIM-3D (Quinteros and Sobolev, 2013; Quinteros et al., 2010; Popov and
Sobolev, 2008) was used to run all experiments.

The finite element method (FEM) was used to solve the governing equations. Namely, the conservation of mo-
mentum

∂σi j

∂x j
+ ρ~g = 0 (A.1)

and conservation of energy
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ρCp
DTP

Dt
= κ∇2TP + r . (A.2)

where σi j is the Cauchy stress tensor, ρ is density, ~g is gravity acceleration, Cp is heat capacity, κ is thermal conduc-
tivity, D

Dt is the material time derivative, TP is the potential temperature and r is the volumetric heat sources.
The effects of compressibility are coupled with the constitutive equation by means of

Dp
Dt

= −K
(
∂vi

∂xi
− α

DT
Dt

)
. (A.3)

Here, K is the bulk modulus and α is the thermal expansion.
Total deviatoric strain rate (ε̇i j) is additively decomposed into an elastic, a viscous and a plastic term as follows:

ε̇i j = ε̇el
i j + ε̇vis

i j + ε̇
pl
i j =

τ̂i j

2G
+

τi j

2µe f f
+ γ̇

∂Q
∂τi j

(A.4)

where G is the elastic shear modulus, µe f f is the effective viscosity, τ̂i j is the objective stress rate tensor, γ̇ is the plastic
multiplier and Q is the plastic potential function. The numerical integration of stresses was calculated by means of
the Hughes-Winget scheme (Hughes and Winget, 1980) for the trial stresses, whereas a predictor-corrector procedure
(Simo and Taylor, 1985) was applied to update the deviatoric stresses considering plasticity.

Viscosity is stress and temperature dependent. Three different types of creep were included, following the approach
of Kameyama et al. (1999).

The effective viscous strain rate was additively decomposed into three different types of creep mechanisms (diffu-
sion, dislocation and Peierls), namely

ε̇(v)
e f f = ε̇d + ε̇n + ε̇p . (A.5)

Strain rate due to diffusion creep was defined as

ε̇d = BdτIIe−
Hd
RT , (A.6)

dislocation, power-law creep as
ε̇n = Bnτ

n
IIe
−

Hn
RT , (A.7)

and Peierls creep as

ε̇p = Bpe
[
−

Hp
RT

(
1− τII

τp

)q]
, (A.8)

where τII is the square root of the second invariant of the deviatoric stress; R is the gas constant; Bd, Bn, Bp are creep
parameters and τp is Peierls stress. Hd,Hn,Hp are the activation enthalpies for each creep, which are defined as

H j = E j + P.V j (A.9)

for j ∈ {d, n, p} and E represents the activation energy, P the pressure and V the activation volume. A yield stress (350
MPa or 500 MPa) was also applied in the transition zone and the lower mantle.

Finally, effective viscosity was calculated as

µe f f =
τII

2ε̇(v)
e f f

. (A.10)

We used wet olivine parameters for the rheology of the upper mantle (Hirth and Kohlstedt, 2003). All the experi-
ments were run with a coarser and a finer grid (1000 x 335 and 1400 x 660 elements, respectively). The average size
of the finer element is ∼ 1.0 × 1.0 km2.

The resulting density (Fig. A.1) and buoyancy calculations (Fig. A.2) are shown for comparison with the thermo-
kinematic model of the main article. It is shown that the outputs of the two modeling approaches are similar. Conse-
quently, the figures make clear that the densification of the lithospheric mantle of the sinking slab starts earlier than
the eclogitization of the crust and provides a higher contribution to slab pull.
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Figure A.1: Density variations in a subduction zone. a) Metamorphic density during the early stage of subduction after 1.1 Ma. Note that
eclogitization has not begun, whereas the lithosphere of the descending slab (area “>3350 kg/m3”) is already denser than the surrounding mantle.
b) After 2.3 Ma, the eclogitization of the mafic layer becomes significant (red part; 3600 kg/m3), but the dense lithospheric part also increases in
size (area labeled “>3350 kg/m3”).
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a higher contribution to the total negative buoyancy of the entire slab.
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Köther, N., Götze, H.J., Gutknecht, B., Jahr, T., Jentzsch, G., Lücke, O., Mahatsente, R., Sharma, R., Zeumann, S., 2012. The seismically
active Andean and Central American margins: Can satellite gravity map lithospheric structures? Journal of Geodynamics 59-60, 207–218.
doi:10.1016/j.jog.2011.11.004.

Le Pichon, X., 1968. Sea-floor spreading and continental drift. Journal of Geophysical Research 73, 3661–3697.
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